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"Our instinct may be to see the impossibility of tracking everything down as frustrating,
dispiriting, perhaps even appalling, but it can just as well be viewed as almost unbearably exciting.

We live on a planet that has a more or less infinite capacity to surprise.
What reasoning person could possibly want it any other way?"

Bill Bryson, A Short History of Nearly Everything
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Abstract

Measuring the composition of the stratosphere, and understanding the processes regulating it, have become,
in the last few decades, top priorities in the scientific community, particularly since the discovery of
the ozone hole in the 1980s. While a lot has indeed been done in monitoring ozone, other constituents
also influence the stratosphere’s composition, and interfere namely with ozone, affecting its chemical and
dynamical balance. Among these is nitric acid (HNO3) which is a reservoir for ozone depleting NOx, but
also a key player in the formation of polar stratospheric clouds which, by turning inert species into active
radicals, enhance the ozone depletion further. The nadir-viewing IASI instrument is a very good means
of obtaining simultaneous data of nitric acid and ozone. Indeed, it measures the radiation of the Earth’s
atmosphere in the thermal infrared spectral range, which allows it to measure even at night. This is crucial
to the study of polar processes, since they occur mostly during the polar winter, when no light reaches
these latitudes. Thanks to its design and its technical characteristics, the IASI instrument provides data
all-year round, for every location on the Earth.
The purpose of this work is to use this unique set of IASI data to understand what drives the variability
of HNO3 in the stratosphere. No study so far has focused on the factors affecting the time and spatial
distributions of nitric acid to the extent and scale we propose here. We aim to identify and quantify these
factors, and to compare them with the drivers of ozone variability. Nitric acid data are thus obtained for
the 10 years of IASI observation (2008− 2017), and vertical profiles are retrieved in near-real time thanks
to the FORLI algorithm developed at ULB.
The first part of the present work provides a detailed characterization of the IASI FORLI-HNO3 data set in
terms of vertical sensitivity and errors. We show that the HNO3 maximum is found around 20 km altitude,
where we also find the maximum sensitivity of the measurements to the vertical profile. The analysis of
the averaging kernels shows us that only one level of information can be extracted from the vertical profile,
which constrains the rest of our analyses to the use of a total (or almost total) column. We also find that
the IASI measurements tend to overestimate slightly the HNO3 column in the upper troposphere/lower
stratosphere region of the profile. The data set is validated against ground-based FTIR measurements at
different latitudes: we find good agreement between IASI and the FTIR data, which confirms that IASI
manages to reproduce the HNO3 columns and their seasonality accurately. Comparisons with a state of
the art atmospheric model data are also shown, and suggest that improvement is still largely needed in
models to represent the HNO3 distributions accurately. The use of a data-assimilated model (BASCOE)
shows a much better agreement with the IASI observations.
The next part of the work describes the geophysical analyses carried out, and details the first time series
and global distributions of HNO3 from IASI. After describing the various (mostly polar) processes at play
observed in the time series, the question of the formation of the polar stratospheric clouds is raised, and
further results are shown about the temperature at which these form. While a fixed threshold (195 K)
is usually used for geophysical analyses, we find from the observational IASI data set that this fixed
temperature can vary substantially depending on local conditions and on altitude.
The last sections use multivariate linear regressions to fit the HNO3 and O3 time series, featuring various
chemical and dynamical variables in order to identify what factors are responsible for their respective
variability. We include the variables most commonly used in such kind of study, i.e. a linear trend,
harmonical terms to account for the annual seasonality, and proxies for the quasi-biennial oscillation, the
multivariate ENSO index, and the Arctic and Antarctic oscillations. The novelty of our work resides in the
addition of a proxy for the volume of polar stratospheric clouds to account for the strong denitrification
observed in the HNO3 time series in polar regions. We find that the annual cycle, encompassing the solar
seasonality and the Brewer-Dobson circulation, is the factor explaining most of the variability of both
HNO3 and O3, at almost all latitudes. In the polar regions, however, the volume of polar stratospheric
clouds is a key factor contributing the most to their variability. Globally, the same factors explain the
same portion of both HNO3 and O3 variability.
In the last part of the thesis, we conclude and provide a preliminary co-analysis of HNO3 and O3 from the
10-year IASI data. The results are encouraging and highlight the potential of the IASI measurements to
monitor the polar processes on various scales.
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General introduction and objectives

The ozone layer was discovered in 1913 by two French scientists, Charles Fabry and Henri Buis-
son, and has ever since been the subject of continuous research. After the first theory for its
existence was detailed by Chapman in 1930, several scientists completed it to account for the
initial overestimation of ozone concentrations. They discovered the influence of various species
on ozone, particularly the effect of active radicals, and of the related catalytic cycles. In 1985
came the alarming discovery that the ozone layer was depleted every spring above the South Pole,
and that this had been happening for over 10 years. Many more studies were then carried out to
explain the mechanisms for this recurrent destruction, which led to a growing understanding of the
processes at play, which are, for the most, unique to the polar environment. Indeed, the climatic
and dynamic conditions in the polar stratosphere are very particular, and the development of a
strong vortex during the winter leads to the complete isolation of polar air masses and initiates
various processes leading to the ozone depletion. Among those, one driving factor responsible
for the ozone destruction turned out to be polar stratospheric clouds, i.e. clouds that form at
extremely low temperatures, reached only in the polar stratosphere, and even more so mostly in
the Southern Hemisphere. One of the main constituents of these clouds is nitric acid, which makes
this species very important in atmospheric chemistry at the poles. Indeed, it acts as a reservoir
for ozone depleting substances, and is the source of polar stratospheric clouds. It is thus a key
species in the stratospheric ozone issue, and its impact on ozone extends even in the troposphere.
While much is already known about O3 and how HNO3 influences its chemistry, a lot is still to be
understood about what exactly drives the HNO3 variability in the stratosphere. Furthermore, O3,
while sometimes believed to recover, has a rather uncertain few decades ahead. Several studies
in the past few years have asserted that ozone was on its way to recovery, but more recent work
has shown that the recovery of O3 is less clear than initially believed, and that it would most
likely be delayed. One of the reasons is that O3 trends tend to be different from one layer of the
atmosphere to the other. The current global warming also influences the reactions at play, and
the feedbacks of temperature changes on the stratosphere are not yet fully apprehended.
In this situation of relative uncertainty as to how or when the ozone layer will recover in the
future, it is of great importance to understand as best as possible the mechanisms regulating its
behaviour, and to extend the monitoring system started in the 1980s. In this perspective, the
goal of this thesis is to understand what regulates HNO3 in the stratosphere, and to identify the
factors responsible for its temporal and spatial variability.
Because ozone and nitric acid are present, with variable concentrations, over the entire globe, it
is crucial to acquire information about their distribution on a global scale. While many types of
measurement can be used, satellite measurements are the most adequate as they allow a global
coverage. The IASI instrument, in particular, covers the globe from pole to pole, and measures
each point of the Earth twice daily. This is a particularly interesting feature for the observation
of polar latitudes and of the polar processes, since chemical species are subject to dynamics that
can strongly vary from one day to another. Moreover, the IASI instrument observes the Earth
in the thermal infrared spectral range, which allows it to measure the radiance emitted from the
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surface of the Earth and from the atmosphere with no sunlight, at day as well as at nighttime.
This is crucial for the analysis of polar processes which are in a critical phase during the winter.
The unique 10-year data record from IASI is thus exploited here for both HNO3 and O3. It con-
sists of vertical profiles retrieved by the FORLI software developed at ULB. They are used first
to examine the global distributions and the time series of each species. We find that polar deni-
trification and ozone depletion are well captured by IASI, and their relation to the temperatures
in the stratosphere led us to investigate the threshold temperatures at which polar stratospheric
clouds form. Indeed, most of what is found in the literature agrees on a specific value of 195K
to be taken as the threshold for their formation. However, this threshold can only be considered
as an average value for easier handling of large-scale analyses. What the IASI distributions show
(thanks to the exceptional sampling) is that the actual temperature at which these clouds form
can vary according to the local conditions. We thus investigate the polar temperatures generally,
and more precisely, we try to figure out at what temperature the strongest depletion in HNO3

occurs.
The time series over the 10-year of IASI A operations (2008 to now) are then used to understand
the factors influencing the variability of HNO3 by the use of a multivariate regression model.
Multivariate regression models are often used to identify the variables responsible for a species’
variability. They have until now mostly been used for ozone. They allow, via a mathematical
linear model, to quantify the contribution of dynamical and chemical factors on the distribution
of the species. Prior to this thesis, multivariable regression models had never been used to study
HNO3, about which we know little in terms of explanatory variables. Our aim is thus to build
and use a multivariate regression model to fit the HNO3 time series over the 10 years of IASI
observations. The same model is also used on O3, to assess how accurate it is to represent O3

time series, and how it compares with previous similar studies. The following paragraph details
the outline of the thesis.
The first chapter gives an overview of the Earth’s atmosphere, its structure, composition and
circulation, and what issues are currently occupying the scientific community. A quick overview
about the various atmospheric observation techniques is also given. Chapter 2 then details the
chemistry and dynamics of the stratosphere, more particularly. HNO3 and O3 sources and sinks
are detailed, and the issue of ozone depletion is described thoroughly. The third chapter describes
the theory of the radiative transfer in the thermal infrared. A few reminders about energy and ra-
diation are given before the description of the radiative transfer equation, which is then applied to
the specific case of the atmosphere. The fourth chapter reviews the various types of stratospheric
measurements that have been obtained through time, and then details the IASI instrument and
its technical characteristics. Chapter 5 shows the first results obtained from our work, with the
first characterization and validation of the FORLI-HNO3 data set, and the comparison with a
model (NIWA-UKCA) and a data-assimilated model (BASCOE). The sixth chapter then shows
the 10-year time series and global distributions of the FORLI-HNO3 data set, and Chapter 7
addresses the question of the denitrification temperatures. Chapters 8, 9 and 10 concern the mul-
tivariate regressions. First, a general introduction about the model and its parameters is given
(Chapter 8), before the results for the regression on HNO3 time series are detailed (Chapter 9);
the results include a discussion on the factors that could be responsible for the portion of HNO3

variability not explained by our model. In Chapter 10, the same model is applied to O3 time
series to establish the common (specific) factors driving the variability of the two species. A final
section concludes this thesis, and highlights the perspective of a co-analysis of HNO3 and O3 time
series and global distributions, also with respect to temperatures. Perspectives for further work
are drawn based on how well the IASI observations allow to represent what happens in the polar
regions.
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1.1 The Earth’s atmosphere

The atmosphere as we know it is the result of a long evolution of the gaseous envelope surrounding
our planet. Many changes have occurred since some 4.6 billion years ago, when the solar system
condensed out of an interstellar cloud of gas and dust, and planets and their atmospheres formed.
It took about 2 billion years for the Earth’s atmosphere to form, and the changes it experienced
during that time led to its current composition: dinitrogen N2 (78%), dioxygen O2 (21%) and
argon Ar (<1%), for the most part. The remaining is accounted for by trace gases, such as ozone
(O3), for example. The conversion of some of the O2 into ozone in the lower stratosphere created
the ozone layer, which protects life from harmful UV radiation coming from the Sun, and allowed
the development of life on land.
The atmosphere is a complex system in constant interaction with the oceans, the land and the
living forms on Earth. In the following sections, we describe its vertical structure, its mean
chemical composition and its global circulation patterns. We also expose some of the concerns
with regard to its current and future evolution, in particular with regard to the questions of air
pollution, global warming and the ozone hole. Note that the elements of this section were mostly
extracted from Jacob (1999) and Mohanakumar (2008).

1.1.1 Vertical structure

1.1.1.1 Temperature

The atmosphere is divided into horizontal layers according to the temperature changes with height
(see Figure 1.1.1, left). Four concentric layers are distinguishable within the lower to upper
atmosphere (i.e. excluding the higher levels of the atmosphere - ionosphere, plasmasphere and
magnetosphere - where the layers are based on the behaviour and number of electrons and other
charged particles):
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Figure 1.1.1: (left) Average vertical structure of the Earth’s atmosphere up to 120 km . (right) Latitudinal
variation of the vertical extension of the troposphere and the lower stratosphere (Mohanakumar, 2008).

• The troposphere

The troposphere is the lowest part of the atmosphere, and extends from the ground up to
8− 18 km altitude. The temperature in the troposphere usually decreases with altitude at
a rate of 6 − 7 K.km-1, called the temperature lapse rate. The troposphere is the densest
layer of the atmosphere and contains most of the water vapor, which plays a major role in
regulating the temperature through the absorption of solar energy and thermal radiation
from the Earth’s surface. The decreasing quantity of water vapor with increasing altitude
explains in part the decreasing temperatures. The troposphere is also characterized by a
rapid vertical mixing and vigorous convective air currents.
The upper limit of the troposphere is the tropopause. It can be defined as the lowest level
at which the lapse rate decreases to 2 K.km−1 or less (and would thus be called the thermal
tropopause). Other definitions of the tropopause exist, such as the dynamical tropopause, for
example (see Section 2.1.2.1). The altitude of the tropopause varies with latitude between
8 km at the poles and 18 km at the equator (see Figure 1.1.1, right), as well as with season.
Indeed, with warmer air (during the summer), the tropopause is pushed upwards, which
deepens the troposphere and cools the tropopause.

• The stratosphere

Just above the tropopause is the stratosphere which extends up to 50 km. In the strato-
sphere, the temperature increases with altitude and this positive temperature gradient has a
stabilizing effect on the air masses, with strongly limited vertical mixing. The sign inversion
in the temperature lapse rate around the tropopause also creates a strong separation between
the troposphere and the stratosphere, limiting the mixing between the two layers. It is also
noteworthy that the very low water vapor content in the stratosphere confines the weather
events to the troposphere and makes ozone the main regulator of the thermal regimes in
the stratosphere. Through its absorption of solar energy and conversion into kinetic energy,
ozone, mainly produced in the upper stratosphere, contributes to the heating of the layer
from the top. Some of the heat is redistributed towards the lower stratosphere, but it is
generally colder at the bottom and warmer at the top, yielding that very stable state. The
stratosphere is bounded at its top by the stratopause located at around 50− 55 km.
It should be noted that there is a region called the lowermost stratosphere which contains
a mixture of tropospheric and stratospheric air. It is delimited on the bottom by the
tropopause, and at the top by the 380 K potential temperature surface (see further).
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1.1 The Earth’s atmosphere

• The mesosphere

The mesosphere is the third layer of the atmosphere, and is characterized by another inver-
sion in the temperature profile, with decreasing temperatures with altitude. The top of the
layer is at around 85 km and is where the lowest temperatures in the atmosphere are found
(∼ 170K). The transition layer between the mesosphere and the layer above is called the
mesopause.

• The thermosphere

The thermosphere is the layer where temperatures rise again, and reach levels as high as
500−2000 K. The densities are very low and the high temperatures are due to the absorption
of intense solar radiation by the few molecular oxygen particles present. The thermopause
is defined as the level where the temperatures stop rising with altitude; its location depends
on the solar activity, but is generally between 250 and 500 km.
The exosphere is the outermost region of our atmosphere, where a few light species with
sufficient energy can escape the Earth’s gravitational attraction. It acts as a transitional
zone between our atmosphere and the interplanetary space.

A concept widely used, when considering atmospheric processes, is that of potential temperature,
which is often used instead of geometric height as a vertical coordinate. Potential temperature
(θ) is defined as the temperature a parcel of air would have if it were compressed (or expanded)
adiabatically from its original pressure P to a reference pressure P0 (usually 1000 hPa). It is
calculated by the Poisson equation as:

θ = T

(
P0

P

)R/Cp

, (1.1.1)

with T the initial temperature of the parcel of air, R the ideal gas constant (8.314 J.K-1.mol-1)
and Cp the specific heat constant.
This concept is closely related to that of entropy, for no heat is exchanged between the system
and its surroundings, making it a constant-entropy process. The air parcel thus moves along
isentropic surfaces, so that potential temperature is conserved along the air parcel trajectory.
The use of potential temperature has several advantages, among which is the reducing of the
three-dimensional problem (latitude, longitude, altitude) of tracking air-parcel motion to a two-
dimensional problem (latitude, longitude) on a isentropic surface.

1.1.1.2 Vertical structure of pressure and density

The air density, ρair, is a measure of the number of air molecules per unit volume. It can also be
expressed in grams per cubic meters, in which case it represents the mass of the air molecules per
unit volume, ρmair. The air density can be calculated using the ideal gas law:

P = ρairkBT = ρmair
R

Mair
T, (1.1.2)

where P is the atmospheric pressure, kB the Boltzmann constant (1.381 × 1023 J.K-1), R is the
ideal gas constant, Mair is the molar mass of air, and T is the atmospheric temperature.
The atmospheric pressure P represents the force exerted by the atmosphere on a unit area of
surface. Consider P (z) the pressure at altitude z and an air volume of vertical thickness dz and
horizontal area A, at altitude z (Figure 1.1.2, left). The atmosphere exerts an upwards pressure
force P (z)A on the bottom of the air parcel, and a downwards pressure force P (z + dz)A on the
top of the parcel. The net force, ((P (z)− P (z + dz))A), is called the pressure-gradient force. For
the air parcel to be in equilibrium, its weight must balance the pressure-gradient force:

(P (z)− P (z + dz))A = ρmairAdzg, (1.1.3)
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with g the acceleration of gravity that can be calculated at altitude z as

g =

(
Rt

Rt + z

)2

g0, (1.1.4)

where Rt=6400 km is the radius of the Earth and g0=9.81 m.s-2 the acceleration of gravity at the
ground. Rearranging equation (1.1.3) gives the hydrostatic equation

dP
dz

= −ρmairg. (1.1.5)

Integrating equation (1.1.5) from the ground level to altitude z, we obtain

P (z) = P (0)exp
(
−
∫ z

0

Mair(z
′)g(z′)

RT (z′)
dz′
)
, (1.1.6)

with P (0) the sea level pressure. Now, if we consider the temperature, the molar mass of the
air and the gravitational acceleration to be constant with height, we can re-write the pressure at
altitude z as follows:

P (z) = P (0)exp
(
− z

H

)
with H =

RT

Mairg
. (1.1.7)

This equation is called the barometric law and indicates that the atmospheric pressure decreases
quasi-exponentially with increasing altitude (Figure 1.1.2, right). As elevation increases, the num-
ber of particles also decreases, hence yielding a reduction of the air density. In equation (1.1.7), H
is called the scale height and represents the elevation by which the atmospheric pressure decreases
by a factor e. For a mean tropospheric temperature T=250K, H ' 7.4 km.

Figure 1.1.2: (left) Balance between the forces due to pressure and gravitation on an air volume of thickness
dz and area A. Figure adapted from Sportisse (2010). (right) Vertical profile of altitude (in km) as a
function of pressure (in hPa). Figure taken from Mohanakumar (2008).
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1.1 The Earth’s atmosphere

1.1.2 Chemical composition

1.1.2.1 Variables and units for measuring the atmosphere’s composition

There are various ways to describe the chemical composition of the atmosphere, and several units
can be used, each with their own applications. The following describes three variables that were
of particular use to this work.

1. Number density

The number density ρX of a gas X is the number of molecules of X per unit volume of air.
It is commonly expressed as the number of molecules of X per cm3 of air (units of molecules
cm-3). Number densities are commonly used for calculating gas-phase reaction rates, as well
as to measure the absorption or scattering of a light beam by an optically active gas. This
then allows to calculate partial or total atmospheric columns.

2. Partial or total columns

The column of a gas X, CX , is the number of molecules of X included in an air column with
a basis of a unit area. The column can be partial or total if it is calculated between two
defined altitudes, or integrated over the whole atmospheric height, respectively. Atmospheric
columns are expressed in units of molecules.cm-2 and can be calculated as

CX =

∫ z

0
ρXdz′. (1.1.8)

The concept of atmospheric columns is widely used in remote sensing of the atmosphere.
It determines the total efficiency with which an optically active gas absorbs or scatters
light passing through the atmosphere. This efficiency is indeed depending on the number
of molecules of X present along the path of the light beam. This concept will be detailed
further in Chapter 3.

3. Volume mixing ratio

The mixing ratio rX of a gas X is defined as the number of moles of X per mole of air. It
is given in units of mol/mol (abbreviation for moles per moles) and can also be calculated
as the ratio between the number of molecules of X and the number of molecules of air:

rX =
molX
molair

=
nX
nair

. (1.1.9)

The volume mixing ratio (VMR) has the advantage of staying constant with varying air
density and is thus a robust measure of atmospheric composition, particularly when spa-
tiotemporal variation is involved. Note, however, that mixing ratios, as described in equa-
tion 1.1.9, is altitude dependent, meaning that it can also be calculated using the partial
columns described in equation 1.1.8, in which case it represents a layer-averaged value of
VMR:

rX =
CX
Cair

. (1.1.10)

Volume mixing ratios are most commonly expressed using three quantities: parts per million
volume (ppmv, or often ppm, 1 ppm = 10-6 mol/mol), parts per billion volume (1 ppb =
10-9 mol/mol) and parts per trillion volume (1 ppt = 10-12 mol/mol).

1.1.2.2 Average chemical composition

The main components of the Earth’s atmosphere are nitrogen (N2, 78%), oxygen (O2, 21%), and
argon (Ar,<1%). These three main gases account for 99.96% of the dry atmosphere’s composition.
The remaining 0.04% is accounted for by trace gases, among which the most abundant ones are
carbon dioxide (CO2), water vapor (H2O) and methane (CH4). Note the small VMRs of O3
(10-100 ppb) and HNO3 (50-1000 ppt), of particular interest to this work (Table 1.1).
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Table 1.1: VMRs of different atmospheric gases, calculated in dry air (references for 1992, Bliefert and
Perraud (2009)).

Gas VMR (mol/mol)
Nitrogen (N2) 0.78

Oxygen (O2) 0.21

Argon (Ar) 0.0093

Carbon dioxide (CO2) *406× 10-6

Methane (CH4) 1.8× 10-6

Nitrous oxide (N2O) 0.3× 10-6

Ozone (O3) 10− 100× 10-9

Nitric acid (HNO3) 50− 1000× 10-12

* value for October 2018 (https://www.co2.earth/)

Depending on their atmospheric lifetime, the distribution of trace species can vary largely in time
and space. The case of water vapor, in particular, shows mixing ratios ranging from 10-6 to 10-2

mol/mol. Various factors influence the distribution of the gases forming the Earth’s atmosphere:
the altitude, the latitude, the period during the day, or the season and region (land or sea, city or
countryside). Even though they are present is small quantities in the atmosphere, trace species and
their distribution can influence significantly the environment, the climate or the human health.
Gases can also be classified as primary species, if they are emitted from the surface, or as secondary
species if they are formed in the atmosphere through chemical reactions.

1.1.3 General circulation

Air motions play a key role in distributing chemical species in the atmosphere. These motions are
determined by three principal forces: gravity, pressure-gradient and Coriolis. These forces, as well
as convection and buoyancy, regulate horizontal and vertical transport in the atmosphere. They
are detailed hereafter.

1.1.3.1 Horizontal motions

We saw that, in the vertical direction, the distribution of mass is determined by a balance between
gravity and the pressure-gradient force (see Figure 1.1.2, left). In the horizontal direction, however,
where gravity does not operate, the equilibrium of forces involves the pressure-gradient force and
the Coriolis force. The resulting steady flow is called the geostrophic flow.

GEOSTROPHIC FLOW

• Pressure-gradient force

Large-scale horizontal movements of air in the atmosphere originate from pressure gradients,
which themselves are created by differential heating of the Earth’s surface. The air masses
are thus transported from high to low pressure areas on the surface of the Earth, and their
trajectories are deflected by the Coriolis force.
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1.1 The Earth’s atmosphere

• Coriolis force

The Coriolis force is a pseudo-force that is needed for the description of observations in a ro-
tating frame of reference (such as the Earth). It applies to both latitudinal and longitudinal
motions, even though we are oblivious to it, since everything in our frame of reference moves
at the same speed. For latitudinal motions, the deflection of air masses is caused by the
necessity of the mass in movement to conserve the angular momentum. In the longitudinal
direction, the deviation is caused by the variation of the centrifugal force perpendicular to
the axis of rotation of the Earth. To generalize, we can conclude that an object moving
horizontally in any direction on the surface of the Earth experiences a Coriolis force perpen-
dicular to the direction of motion (to the right in the Northern Hemisphere and to the left
in the Southern Hemisphere).

The geostrophic flow results from the equilibrium between the pressure-gradient force and the
Coriolis force. Consider an air parcel initially at rest in a pressure-gradient field in the Northern
Hemisphere (Figure 1.1.3, left). Under the effect of the pressure-gradient force (γp) , the air
parcel will start to flow from high to low pressure, and as it gains speed along the gradient, it
will be subject to the Coriolis force (γC) that will deflect its trajectory to the right. Eventually,
an equilibrium is reached when the Coriolis force balances the pressure-gradient force, resulting
in a steady flow: the geostrophic flow. In the Northern Hemisphere, the geostrophic flow is such
that the air flows clockwise around a center of high pressure (an anticyclone, or a High), and
counterclockwise around a center of low pressure (a cyclone, or a Low).

• Effect of friction

The friction force is an additional force exerted on the atmosphere, when air travels near the
surface and loses momentum to obstacles (trees, buildings, ocean waves, ...). It acts in the
opposite direction to the motion (see γf in Figure 1.1.3, right) and induces a slowdown of
the flow, which in turn causes the Coriolis force to decrease. The resulting equilibrium flow
is thus deflected towards the region of low pressure. As a rule, and for both hemispheres,
the flow around a region of high pressure is deflected away from the High, while around a
low pressure system, the flow is deflected towards the Low. Sinking air motions are then
required in a high-pressure region to compensate for the diverging flow at the surface, which
causes sunny and dry conditions. In a low-pressure system, the convergence of air causes the
air to rise and thus, to cool, leading to an increased relative humidity and to the formation
of clouds.

Figure 1.1.3: (left) Development of a geostrophic flow (Northern Hemisphere), with the combined effect
of the pressure-gradient acceleration (γp) and the Coriolis force (γC). The solid lines are isobars. (right)
Effect of friction (γf ) and modified equilibrium flow. Figures taken from Jacob (1999).

G. Ronsmans 11



CHAPTER 1. A FEW REMINDERS

LARGE SCALE CIRCULATION

The fundamental process driving the large-scale circulation
of the Earth’s atmosphere is the uneven distribution of heat
that reaches the Earth’s surface. The atmospheric circu-
lation is thus one way of redistributing heat (the ocean
circulation is the other mechanism, accounting for 40%)
between the areas with an energy excess (e.g. the tropics)
and those with an energy deficit (e.g. the poles). George
Hadley, in the 18th century, was the first to propose a model
that would describe such a transport mechanism between
the equator and the poles. According to his model, the
temperature contrast induces an upwelling of air at the
equator which then flows towards the poles and sinks to-
wards the surface. However, this model did not take the
Coriolis force into account. Indeed, because of the rota-
tion of the Earth, air moving polewards is accelerated by
the Coriolis force and thus deflected towards the right in
the Northern Hemisphere (see Section 1.1.3.1), making it
impossible for air to flow from the equator straight to the
poles. Instead, the atmosphere of each hemisphere can be
divided into three zones, called cells: the Hadley cell (the
"tropical cell"), the Ferrel cell (the "mid-latitude cell") and
the polar cell. Each of these cells (each present in both
hemisphere) works to redistribute air masses and heat be-
tween the various regions of the globe (Figure 1.1.4).

Figure 1.1.4: Mean meridional
mass circulation in the atmosphere
(Adapted from Mohanakumar
(2008)).

• The Hadley cell

Keeping the name of its first discoverer, the Hadley cell characterizes the motion of the
ascending air at the equator that is transported polewards until roughly 30◦ of latitude (due
to the geostrophic flow forming, see Section 1.1.3.1) where it converges and produces a large,
heavy mass of air above the Earth’s surface. This mass of air then sinks and produces a
widespread high-pressure system known as the subtropical high, where most of the deserts
of the world form. It then flows back towards the equator along the surface, creating a wide
field of winds blowing from east to west (easterlies) under the effect of the Coriolis force:
the trade winds (see dashed arrows and lines in Figure 1.1.4). Near the equator, trade winds
from the north and from the south converge towards the region known as the intertropical
convergence zone (ITCZ), where air rises, resulting in a widespread area of low pressure and,
hence, to a region of extensive convective clouds and high rainfall (where most rainforests
of the world are found).

• The Ferrel cell

At 30◦ of latitude, the air that does not move towards the equator moves towards the
mid-latitudes of each hemisphere. These winds are also subject to the Coriolis force and
are thus deflected to the right of their direction, creating west to east blowing winds: the
westerlies. However, the pattern of winds is usually not as stable as in the tropics, due to
what is called the baroclinic instability. It is an unstable state of the atmosphere where the
temperature gradient and the upper level winds are sufficiently large for the westerlies to
break down into large-scale eddies. These eddies are characterized by trains of alternating
low- and high-pressure systems moving eastwards, responsible for the frontal systems that
produce the clouds and storminess of the mid-latitudes. Above ∼ 500 mbar, these westerly
winds flow in wavelike patterns, with troughs (where the flow dips equatorwards) and ridges
(when it moves polewards). The Northern Hemisphere, in particular, is encircled by several
of these long-wavelength waves at any given time. They are called Rossby waves and cause
cold air to flow equatorwards and warm air to flow polewards (Figure 1.1.5).
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1.1 The Earth’s atmosphere

• The polar cell

When it reaches the top of the Ferrel cell, part of the air flows towards the mid-latitudes
along the tropopause, and the rest flows towards the pole where it converges and sinks,
creating a high pressure area at the pole. The polar cell is the weakest of the three cells.
In the Northern Hemisphere, for example, the polar air masses flow south and west, and
encounter the mid-latitude air moving north and east. The combination of these air masses
of different temperature and density results in the formation of the polar front, a zone of
strong convergence and rapidly rising air that results in a low-pressure system.

Figure 1.1.5: Baroclinic stability and instability: (a) undulating upper flow; (b) waves form in
the polar vortex and lead to (c) more pronounced Rossby waves; (d) return to a regular flow
(https://www.britannica.com/science/Rossby-wave).

Between each of these cells, the strong temperature gradients between adjacent air masses lead
to the development of jet streams. These streams are narrow bands of air that move around the
globe at more than 30 m.s−1 near the tropopause. The polar jet (or polar-front jet) is located at
the boundary between polar and mid-latitude air. Its position varies strongly with season, with
winter fronts showing greater temperature contrasts (leading to wind speeds exceeding 75 m.s−1)
at lower latitudes than summer fronts. The second jet current, the subtropical jet stream, is located
above the transition zone between tropical and mid-latitude air.
This large-scale horizontal circulation leads to various timescales for the transport of air masses
across the globe (Figure 1.1.6, left). Transport is faster in the longitudinal direction, due to the
geostrophic flow driven by the latitudinal temperature contrasts. It takes only a few weeks for air
to circumnavigate the entire globe at a certain latitude. Transport across the latitudes, however,
is much slower, with about 1-2 months necessary for air to be transported from the mid-latitudes
to the equator or to the poles, and up to one year to exchange between the Northern and the
Southern Hemisphere.
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1.1.3.2 Vertical motions

We have seen that horizontal convergence and divergence (in low or high pressure systems, for
example) generate vertical motions of air, but the vertical wind speeds associated to these motions
are very slow (∼ 0.001− 0.01 m.s−1, to compare to horizontal wind speeds of 1-10 m.s−1). Faster
vertical transport takes place by locally driven buoyancy.
Buoyancy is the force exerted on a object immersed in a fluid (i.e. a parcel of air in the atmosphere,
in our case) and represents the difference between the pressure-gradient force and gravity. If the
object has the exact same density as the fluid, the pressure-gradient force exactly balances the
gravity force. On the other hand, if the object is less dense (denser) than the fluid it is immersed
in, it is accelerated upwards (downwards). Buoyancy is determined by the vertical gradient of
temperature in the atmosphere. Indeed, whether the air parcel is more or less dense than its
surroundings depends on its temperature and on the temperature of its surroundings. When an
air parcel rises, it expands and thus performs work. Assuming an adiabatic rise (i.e. without
exchanges with the parcel’s surroundings), it is the internal energy of the parcel that sustains the
work and this leads to a cooling of the air parcel. But while the air parcels moves upwards and
thus cools down, the temperature of the surroundings also decreases. Whether the air parcels
keeps rising or starts sinking depends on how rapid the adiabatic cooling rate is compared to the
change of temperature with altitude in the surrounding atmosphere.
The only exception to this concerns cloud formation. Condensation of water vapor is an exother-
mic process meaning that, if a cloud forms within a rising air parcel, the released heat from
condensation compensates partly for the cooling due to the expansion of the air parcels. The
buoyancy of the air parcel is then increased and, in such conditions, is called wet convection.
It should also be noted that considerable irregularity is observed in the vertical flow field, a
characteristic known as turbulence. Considering all that is explained above as well as turbulent
diffusion coefficients, it is possible to estimate timescales for vertical transport in the atmosphere
(see Figure 1.1.6, right).

Figure 1.1.6: Characteristic timescales for horizontal (left) and vertical (right) transport. Figures taken
from Jacob (1999).

1.1.4 Current concerns for the atmosphere

Pollution

Air pollution has been a matter of concern for a long time now, with the first pollution episodes
being recorded already during the medieval times. The bulk of the pollution problems, however,
started with the industrial revolution, in the 19th century. The growth of population, the devel-
opment of industries and, with them, the release in the atmosphere of many chemical constituents
caused several serious pollution episodes during the 20th century (fogs, acid rains, ...). Pollutants
have major impacts on the Earth’s natural systems and on the human health. The world wide
concern about atmospheric pollutants started during the 60’s, when acid rains and the effects of
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chlorofluorocarbons (CFCs) and carbon dioxide (CO2) were shown to be a global issue, indepen-
dently of where the species had been first emitted. Nowadays, and since the middle of the 20th

century, fossil fuel combustion and agriculture are two main sources of atmospheric pollution.
They both contribute to large amounts of species such as carbon monoxide (CO), CO2, O3, sulfur
dioxide (SO2) or nitrogen oxides (NOx), which can, in unusually high concentrations, become
harmful for the environment or the human health.
Several actions have however been undertaken in order to reduce the anthropogenic emissions of
pollutants in the atmosphere. The Environmental Protection Agency (EPA) in the United States
or the European Environment Agency (EEA) in Europe, for example, are two agencies that pro-
vide independent information on the environment and help the policy makers to make informed
decisions about improving the environment. The EEA, in particular, was established in 1990 and
their work started in 1994. It supports sustainable development initiatives and coordinates the
European environment information and observation network. The EEA also define air quality
standards and, through various directives, impose emission ceilings for emissions of five key air
pollutants (nitrogen oxides, sulfur dioxide, non-methane volatile organic compounds, ammonia
and fine particulate matter, https://www.eea.europa.eu/).

Climate change

Climate refers to the mean behaviour of the weather over a typical time period of 30 years. One of
the most fundamental climate variable is the global annual mean surface temperature, although
other variables can be considered as well. The average surface temperature is controlled, among
other parameters, by the solar energy input and the surface albedo of the planet. The surface
temperature thus adjusts so that the planetary emission of energy to space balances the solar
energy input. Any factor that alters the Earth’s radiation balance, the radiation received from
the Sun or lost to space, or the redistribution of energy in the atmosphere-land-ocean system can
affect climate. One of the natural processes regulating this balance is the greenhouse effect, in
which part of the radiation emitted from the Earth’s surface is absorbed by molecules and clouds
in the atmosphere, which leads to heating and hence to thermal emission of radiation. The gases
responsible for such an absorption are called greenhouse gases (GHGs) and are essential to the
equilibrium of our planet. Without them, the Earth’s temperature would be some 30 K colder,
leading to very different conditions. We know, however, that the concentration of the greenhouse
gases has been increasing in the last few decades, which inevitably led to changes in the Earth’s
radiation balance.
The first to suggest that human activities would lead to larger amounts of CO2 being released in
the atmosphere and increase global temperature was Arrhenius in 1896. It took over 50 years for
his theory to be taken seriously, and it is probably only in 1960, with the work of Charles Keeling
on atmospheric CO2 (see the famous Keeling curve, Figure 1.1.7), that general concern was raised
regarding the matter of increased CO2 and its impact on climate.

Figure 1.1.7: Carbon dioxide concentration at Mauna Loa Observatory. Latest CO2 reading on May 12,
2018 (https://scripps.ucsd.edu/programs/keelingcurve/).

G. Ronsmans 15



CHAPTER 1. A FEW REMINDERS

Apart from CO2, other greenhouse gases, such as methane (CH4), nitrous oxide (N2O) and tropo-
spheric O3 have shown increasing concentrations in the past decades, which enhance further the
greenhouse effect.
As a result, global average surface temperatures have reached record levels, with, for example, the
year 2016 being the hottest year ever recorded in NOOA’s 137-year series. The average tempera-
ture was 0.94°C above the 20th century average of 13.9°C. March 2017 was 1.03°C above the 20th

century average, which marked the first time the monthly temperature departure from average
surpassed 1.0°C in the absence of an El Niño episode.1

While predicting the impact of increasing GHGs on the global climate is in itself a very com-
plicated task, the still misunderstood feedbacks of global warming on the general behaviour of
the atmosphere make it even harder to anticipate how climate may change in the near or dis-
tant future. Modeling the future state of the atmosphere is therefore constantly tested against
observations and improved with the help of new findings. In addition, a set of four scenarios was
developed by the research community, as requested by the Intergovernmental Panel on Climate
Change (IPCC), in order to facilitate future assessment of climate change. These representative
concentration pathways (RCPs, Figure 1.1.8) are scenarios containing emission, concentration and
land-use trajectories, with the purpose of providing information on possible development trajecto-
ries for the main forcing agents of climate change, allowing subsequent analysis by Climate Models
(CMs) and Integrated Assessment Models (IAMs). The four pathways each lead to a different
level of radiative forcing: 8.5 (for the worst scenario), 6, 4.5 and 2.6 W/m2 by the end of the 21st

century (van Vuuren et al., 2011).

Figure 1.1.8: (a, b, c) Trends in concentrations of greenhouses gases: CO2, CH4 and N2O. (d) Trends in
radiative forcing. Light and dark grey areas indicates the 98th and 90th percentiles, respectively. Figure
taken from van Vuuren et al. (2011).

Ozone hole

Stratospheric ozone protects us from harmful UV radiation from the Sun. Before the rise of
anthropogenic activity, O3 formation and destruction were at an equilibrium that allows it to
accumulate in the stratosphere, at about 20 km altitude, forming the ozone layer. In 1985, a group
of scientists reported that the total column ozone at Halley Bay in the Antarctic had decreased
substantially since the 1970s. This depletion was observed only during the spring months, and it
was soon going to be confirmed that it affected the entire Antarctic vortex. It rapidly appeared
that CFCs and other chlorine and bromine species play a major role in the destruction of ozone.
Their emissions have more than tripled from 1960 to 1990, and have led to severe ozone depletion
with ozone values as low as 180 DU2, to compare with normal Antarctic values near 330 DU. An
ozone hole is defined as the geographical area inside the 220 DU contour on total O3 maps.
In the 80’s and 90’s, measures have been taken by the international community to reduce the
extent of the Antarctic ozone hole. The state of the ozone layer is continuously monitored (from
the ground or space), and many studies are currently being carried out in order assess whether it
is recovering or not. This will be detailed further in Section 2.4.

1NOAA National Centers for Environmental Information, State of the Climate: Global Cli-
mate Report for Annual 2017, published online January 2018, retrieved on May 14, 2018 from
https://www.ncdc.noaa.gov/sotc/global/201713.

2DU = Dobson Unit: unit of measure of the area density of atmospheric O3. 1DU = 2.69 × 1020 molecules O3

m−2
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1.2 Sounding the atmosphere

Remote sensing consists in obtaining information about an object from a distance. In the context
of this work, its refers to obtaining information on atmospheric trace constituents using spectro-
scopic instruments mounted on satellite platforms. The techniques rely on the measurement of
changes in electromagnetic radiation reaching the observer after it has propagated through the
atmosphere, and the subsequent determination of the abundance of these trace constituents in the
atmosphere. Indeed, the interaction between the electromagnetic radiation and the atmosphere
leads to emission, absorption and scattering, which modify the initial radiation and, via that
modification, give information about the properties of the atmosphere and its constituents.
This section will discuss the various types of sounding instruments and of observation geometries;
more information about radiation and how information about the atmosphere is retrieved will be
given in Chapter 3.

1.2.1 Active and passive sounding

Sounding instruments measuring the Earth’s atmosphere can differ by the source of radiation they
use. There are two types of system for sounding the atmosphere (Figure 1.2.1):

• active sounding: the instrument illuminates the object of interest with a radiation source
to detect the reflected or backscattered radiation from the target object;

• passive sounding: the instrument detects natural radiation emitted or reflected by the
object under investigation (e.g. the Sun, the Moon, the stars or, in our case, the Earth and
its atmosphere).

Figure 1.2.1: Passive and active remote sensing systems. For passive systems, radiation can be reflected
from the Earth’s surface (1) or reflected/scattered in the atmosphere (2). Long-wave radiation can be
emitted from the Earth’s surface (3) or from the atmosphere (4). For active systems, the radiation received
is the one emitted by the instrument and reflected/backscattered by the atmosphere. Figure from Burrows
et al. (2011).

Instruments also differ by the spectral range in which they sound the atmosphere. No single
instrument measures the entire spectral range and so, the spectral range chosen depends on
the atmospheric parameters to be measured. That way, there are instruments measuring in the
microwave wavelength range, instruments sounding in the infrared (IR), and finally, instruments
measuring in the UV/Visible/Short-Wave IR.
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1.2.2 Observation geometries

Sounders can also vary by their viewing geometries. The various techniques will lead to differ-
ent vertical and horizontal resolutions. We can distinguish between three types of observation
geometries (Figure 1.2.2):

• nadir: in a nadir geometry, the sounder looks down from space towards the surface of
the Earth. The observed radiation then originates from either the Sun, reflected or back-
scattered from the Earth’s surface and the atmosphere (UV, visible and near-IR spectral
ranges), or from the thermal emission in the Earth’s surface and atmosphere (IR spectral
range). In this geometry, the vertical resolution is quite low, since the instrument has an
integrated vision of the atmospheric column, but the horizontal resolution and sampling is
high, with a global coverage of the surface of the globe.

• limb emission: in limb mode, light scattered by the Earth’s atmosphere, or its thermal
emission, is measured, and while the instrument moves, it observes the limb at different
tangent altitudes, which allows a good vertical resolution. The horizontal resolution, on the
other hand, is much weaker.

• occultation: in this geometry, the instrument observes the light of the rising or setting
Sun, Moon or stars through the atmosphere at different tangent altitudes. Again, the
vertical resolution is high while the horizontal resolution is low. Also, the frequency at
which observations can be made, are very limited, due to the need of a rising or setting
object (Sun, Moon, star, ...) to make the measurement.

Figure 1.2.2: Nadir (left), limb (center) and occultation (right) geometries for remotely observing the
Earth’s atmosphere. Figure from Burrows et al. (2011).

Finally, the satellites on which instruments are embarked can also orbit in various manners around
the Earth, which will determine their sampling capabilities. Two main types of orbit can be
identified:

• Low Earth Orbits (LEO): in low earth orbits, the satellite circles the Earth at a relatively
low altitude (∼ 800 km). Most satellites of that type are polar (meaning they orbit from
pole to pole and cross the equator several times per day) and sun-synchronous (meaning the
satellite orbit remains fixed with respect to the Sun). This kind of orbit, including a small
angle correction to account for the non-sphericity of the Earth, allows the satellite to always
cross the equator at the same local time.

• Geostationary Orbit (GEO): in this orbit, instruments are placed much further from the
surface of the Earth (∼ 36000 km), and they rotate at the same speed as the planet. With
this characteristic, the satellite always observes the same area of the Earth, which allows
optimal temporal sampling. This kind of orbit has up to now mainly been exploited by
meteorological satellites that need a high temporal sampling.
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Chemistry and dynamics of the stratosphere
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2.1 The stratosphere

2.1.1 Structure and chemical composition

As detailed in Section 1.1.1.1, the stratosphere is the second layer of the atmosphere, bounded by
the tropopause at its base (between ∼ 8− 18 km, depending on the latitude) and the stratopause
at its top (50 km). In this layer, the air temperature increases gradually to around 273 K at the
stratopause, making the stratosphere a strongly layered structure where little convection occurs.
The stratosphere is much drier than the troposphere, with only 3−5 ppm water vapor. In fact, it is
mostly composed of O3, of which 90% are found in the stratosphere, forming what we know as the
ozone layer (see Section 2.3). Two processes related to ozone lead to the increase in temperature
with altitude characterizing the stratosphere: the absorption of ultraviolet light by O3, and the
release of energy from the recombination of O with O2 to form O3. Ozone thus forms naturally
in the stratosphere, and its concentration varies with altitude and latitude, sunlight intensity,
temperature and stratospheric air movement. The greatest O3 production, for example, occurs
in the tropical stratosphere, because it is the region with the most intense sunlight. The highest
amounts of O3, however, are found at middle and high latitudes, because of stratospheric winds
which redistribute tropical O3-rich air towards the poles in fall and winter. More details about
stratospheric circulation are given in the next section, largely inspired from Seinfeld and Pandis
(2006) and Mohanakumar (2008).
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2.1.2 Circulation and dynamics

2.1.2.1 Vorticity

Vorticity is a microscopic measure of the rotation of a fluid. In atmospheric science, we are
primarily interested in the rotational motion of an air parcel about an axis perpendicular to the
Earth’s surface. The concept most used in the present work is the potential vorticity (PV) that
is computed as (Mohanakumar, 2008):

PV = (ζ + f)

[
−g∂θ

∂p

]
, (2.1.1)

where g is the gravitational force (m.s−2), θ is the potential temperature (K) and p is the pressure
(kg.s−2.m−1). The ζ and f terms are as follows:

ζ is the relative vorticity (=k̂(~5× ~v) in s−1, where ~v is the speed of the air parcel relative to the
Earth) . It is a measure of the rotation of air in the atmosphere, and can be produced by both
shear and curvature effects. Only its vertical component matters for large-scale atmospheric
flows.

f is the planetary vorticity (s−1, see Equation 2.1.2), which represents the spin that an object
gains due to the spinning Earth about a local vertical. The spin effect is minimum at the Equator
and maximum at the poles. The planetary vorticity is equivalent to the Coriolis parameter,
defined further in Equation 2.1.2.

Potential vorticity thus results in the combination of absolute vorticity (the sum of relative and
planetary vorticities) and the gradient of potential temperature (static stability). Because it con-
tains both dynamic (vorticity) and thermodynamic (potential temperature) properties, it is a very
powerful tool for discriminating regions of the atmosphere that have the same (thermo)dynamic
characteristics. It is measured in potential vorticity units (pvu): 1 pvu = 10−6 m2.K.s−1.kg−1.
While PV values are generally very low in the troposphere (< 1 pvu), they strongly increase at
the tropopause because of the high values of static stability in the stratosphere. The iso-potential
vorticity surface of 1.5 or 2 pvu defines the dynamical tropopause that separates tropospheric from
stratospheric air. Above that iso-potential surface, values of PV are positive in the Northern
Hemisphere and negative in the Southern Hemisphere.
It should be noted that the potential vorticity is used to derive what is called the equivalent
latitude, which replaces the "normal" latitude and allows to define horizontal coordinates taking
into account the atmosphere dynamics. This is particularly useful in the polar regions of the
atmosphere that are subject to very peculiar temperature and dynamic conditions. This concept
will be detailed further in Section 6.2.1.

2.1.2.2 Waves

As already mentioned in Section 1.1.3.1, the atmosphere exhibits several wavelike motions showing
a large variety of space- and timescales. These motions play important roles in the stratosphere,
with both tropospheric waves influencing the stratosphere and stratospheric waves influencing
the troposphere. Waves can transmit heat and momentum across large distances. They can also
displace trace gas constituents, either temporarily or permanently, and perturbations in the wave
field can cause circulation anomalies.

• What is a wave?

A wave can be defined as a form of disturbance advancing with a finite velocity through a
medium. Each wave takes along with it a finite quantity of energy, part of which remains
with it, and part of which is being transferred along from one part of a medium to the next
by the interaction of adjoining parts. The wave may be considered as perturbation on the
slow changing background.
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All wave motions require two fundamental elements: a medium for propagation and a restor-
ing force. The medium is the fluid system in which a wave propagates, in our case, the
atmosphere. The restoring force is the force that causes a displaced air parcel to return to
its initial position. When that happens, the fluid particle will tend to overshoot and pass
its initial equilibrium position, moving in the opposite direction from that in which it was
initially displaced, thereby creating an oscillation around the equilibrium position. This is
how a wave is produced (Figure 2.1.1).

Figure 2.1.1: Representation of a simple wave motion. Figure taken from Mohanakumar (2008).

Two types of waves are critical for the mixing processes and the stratospheric circulation: the
gravity waves and the Rossby waves.

• Gravity waves

Gravity waves play an important role in stratospheric circulation. To understand their func-
tioning, one can define the atmosphere as a fluid on which a force acts due to the Earth’s
gravity. Under the influence of gravity, the background gas density, and along with it,
the background gas pressure, decreases exponentially with altitude (see Section 1.1.1.2 for
further details). In a way that can be understood as an offsetting of the decrease of back-
ground gas density, the amplitude of the gravity wave increases exponentially with height.
The restoring force is the buoyancy or vertical static stability (i.e. gradient of potential tem-
perature), that will move an air parcel downward or upward depending on its temperature
compared to that of its environment. This will create an oscillation about an equilibrium
point at a certain frequency. Gravity waves can be generated by many sources like jet
streams, tidal waves, tropical cyclones, hurricanes, earthquakes, volcanic eruptions, nuclear
explosions and thunderstorms. They propagate in both the vertical and the horizontal (east-
ward) directions, and they profoundly influence the circulation of the middle atmosphere by
acting as a vehicle for energy and momentum transport in the stratosphere and mesosphere.
Gravity waves with a sufficiently long period (time required for the vertical displacements
due to temperature gradients) will begin to feel the rotation of the Earth. The restoring force
then becomes a combination of rotation and buoyancy, and they are called inertio-gravity
waves.

• Rossby waves

Rossby waves are planetary-scale waves which develop where there are large-scale variations
in potential vorticity, i.e. the change of the Coriolis parameter f with latitude. The Coriolis
parameter measures the magnitude of the rotating acceleration, and can be expressed as

f = 2ω sinΦ, (2.1.2)

where ω is the angular velocity of the rotating Earth and Φ, the latitude.
Rossby waves can be either traveling free waves, or forced by orography, in which case they
are called stationary planetary waves. Under certain conditions of the mean flow, these
waves can propagate vertically from the troposphere to the stratosphere, and even extend to
the mesosphere. While vertically propagating towards the stratosphere, they gain amplitude
due to the decreasing air density. This period of rapid growth of extratropical planetary
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waves is know as wave transience. When moving upwards, waves carry easterly momentum
that they deposit in the fast-moving westerly polar night jet. This causes the polar jet to
decelerate, and even sometimes to switch to an easterly direction, and leads to a pronounced
increase in stratospheric temperature, a so-called sudden stratospheric warming (SSW).

• Wave breaking

As explained above, wave growth can lead to major changes in the temperature and circula-
tion of the stratosphere. They interact with and modify the mean flow at different levels in
the middle atmosphere and can, at some point, become saturated, i.e. become convectively
unstable and dissipate at a rate sufficient to prevent further amplitude growth with height
(Lindzen, 1981; Garcia, 1991). This wave breaking process causes turbulence in the mean
stratospheric flow, and air parcels thus undergo strong and irreversible meridional mixing.
Stronger waves lead to a more intense mixing; this occurs on the equatorwards side of the
polar night jet, the well-mixed region of the surf zone. Rossby waves and the meridional
mass transport that they induce are responsible for the Brewer-Dobson circulation.

2.1.2.3 Brewer-Dobson circulation

The Brewer-Dobson Circulation (BDC) is induced by the growth and dissipation of large-scale
atmospheric waves. It is a slow circulation pattern that takes place in the winter hemisphere (the
summer hemisphere undergoes only a weak poleward and downward transport) and that consists
of three basic parts.

1. It is initiated by the rising air in the tropics which leads to the concept of "tropical pipe",
where warm air ascends with, as opposed to what was initially believed, some exchange with
mid-latitude stratospheric air. It has been observed, indeed, that there is lateral mixing
between the air in the tropical upwelling region and extratropical air, especially below ∼ 22
km (Volk et al., 1996), as depicted by the wavy arrows in Figure 2.1.2.

Figure 2.1.2: Stratospheric transport and mixing. Temperature isotherms are labeled as potential temper-
ature (K) and the wavy arrows depict lateral mixing between tropical and extratropical air. Tropospheric
cells are depicted in blue in the summer hemisphere for reference. Figure adapted from Seinfeld and Pandis
(2006).
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2. The air masses are then transported polewards in the surf zone by the planetary waves that
transport stratospheric air towards the poles. As the planetary Rossby waves grow and
break, and cause sudden stratospheric warmings, they cause a situation that is thermody-
namically imbalanced in the polar stratosphere, where the temperature of the warmer air
from mid-latitudes decreases via radiative cooling. This cooling leads to subsidence and,
by mass continuity requirements, this sinking air must be balanced by a poleward flow of
air coming from the tropics. This is what drives the meridional overturning of air from the
equator to the poles in the winter hemisphere.

3. Air thus sinks in the mid-latitude and the polar regions where it can re-enter the tropo-
sphere, particularly at mid-latitude. At polar latitude, air is transported to the polar lower
stratosphere and into the polar vortex, where it accumulates.

A very important feature of the BDC resides in the Rossby wave formation process itself. These
waves are generated by orography, i.e. large mountains or land-sea contrasts. These are found
mostly in the Northern Hemisphere (i.e. the Rockies or the Himalayan-Tibet complex) while
the Southern Hemisphere has significantly less land and is almost entirely ocean from 55°S to
the Antarctic continent. This means that wave activity is much more frequent and intense in
the Northern Hemisphere, leading to strong horizontal mixing and hence, a weak polar vortex
and warmer stratospheric temperatures. On the other hand, the weak winter wave activity in the
Southern Hemisphere leads to little mixing, and the Antarctic polar vortex is therefore much more
isolated and experiences very cold temperatures. This hemispheric asymmetry has major conse-
quences on the distribution of trace gases in the stratosphere, with generally higher concentrations
in the Northern Hemisphere, where horizontal mixing processes extend to the highest latitudes,
compared to lower concentrations in the Southern Hemisphere where these mixing processes are
confined to the subtropics and mid-latitudes.
It should also be noted that there is an important
distinction to be made between the shallow and
the deep branch of the Brewer-Dobson circula-
tion. The shallow branch, on one hand, appears
in the lowermost stratosphere with rising air in
the tropics and descending air limited to the sub-
tropics and the middle latitudes. This branch
is responsible for what happens in the summer
hemisphere (the weak poleward and downward
transport mentioned above). The deep branch,
on the other hand, reaches the upper stratosphere
and the descending paths extend to the mid- and
polar latitudes of the winter hemisphere. It is
also characterized by longer transit time (the av-
erage time for an air parcel to be transported
from the tropical tropopause to a given location).
This Brewer-Dobson circulation is driven by wave
activity, but the type of waves initiating each
of these branches differs: the shallow branch is
driven by synoptic-scale waves (a few hundred
to a few thousand kilometers), while the deep
branch is driven by planetary-scale waves.

Figure 2.1.3: The deep and shallow branches of
the BDC in the stratosphere. The color shading
shows the meridional cross section of winter hemi-
sphere ozone density (darker color for larger O3

concentration), and the black dashed line is the
approximate location of the tropopause. Figure
taken from WMO (2014).

2.1.2.4 Quasi-Biennial Oscillation

The circulation in the stratosphere, and particularly the zonal mean winds in the tropics, is also
modulated by the Quasi-Biennial Oscillation. This lower stratospheric phenomenon is an east-
west oscillation in the stratospheric winds, with peak amplitudes near 20 hPa and a period varying
from 22 to 36 months (average of ∼ 28 months). The easterly phase is typically more intense, with
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winds reaching speeds of 30 m.s−1 and a larger amplitude (see negative values in Figure 2.1.4),
while the westerlies are usually near 20 m.s−1 (positive values). Both these wind regimes propagate
downward over the time of their phase (typically starting in June through August for westerlies),
with easterly shear propagating more slowly and more regularly. The amplitude of the QBO
is largest at the equator and extends to 10 - 15°north and south of the equator; its effects are
however observed also during the winter in the extratropical stratosphere and all the way to the
polar regions, particularly in the Northern Hemisphere where planetary wave activity is stronger.

Figure 2.1.4: Quasi-biennial oscillation for 1993-2012. Negative values represent easterly winds
and positive values represent westerly winds (https://climatedataguide.ucar.edu/climate-data/
qbo-quasi-biennial-oscillation).

The mechanism of the QBO resides in the generation of equatorial waves propagating vertically
from the troposphere to the stratosphere. A combination of waves is responsible for the alternating
easterly and westerly winds: westward mixed Rossby-gravity (MRG) waves1 and eastward Kelvin
waves2. In a simplified view, the QBO can thus be understood as driven by vertically propagating
Kelvin waves, which contribute a westerly force, and MRG waves, which contribute an easterly
force. Additional momentum flux must however be supplied to the system to explain the observed
rapid tropical upwelling (about 1 km per month), which requires the downward propagation of
air masses to be faster, relative to the background air motion, and this is achieved by a broad
spectrum of gravity waves.
The QBO affects the stratospheric circulation in various ways. One of the effects, for example,
is that of the zonal wind structure in the easterly phase of the QBO, which results in more
wave activity towards the pole. This decelerates the polar night jet and in turn perturbs the
polar vortex. The QBO thus directly influences the occurrence of SSWs and the date of the final
warming (Baldwin et al., 2001; WMO, 2014). The general circulation induced by the alternating
easterly and westerly phases evidently also influences the distribution of chemical species in the
atmosphere, particularly in the tropics where the amplitude of the QBO is largest, but also at
higher latitudes. The distribution of trace species can also be influenced by the QBO through
its effect on the stratospheric temperature structure which can in turn affect the photochemical
balance of the stratosphere. Finally, the QBO directly modifies the Brewer-Dobson circulation by
maintaining colder temperatures between the overlying easterlies and the underlying westerlies
during the descending easterly phase. The infrared cooling to space will thus be reduced, which
means that the total heating in the tropics will be larger. This in turn will lead to a speeding up
of the BDC upwelling in the tropics. Contrary to that, the QBO in its descending westerly phase
maintains warmer temperatures between the overlying westerlies and the underlying easterlies.
Infrared cooling to space is then greater, leading to a reduced total heating in the tropics and
hence to a slowing down of the BDC.

1Mixed Rossby-gravity waves have the properties of both the inertio-gravity waves and the Rossby waves;
they propagate eastward at high frequencies and westward at low frequencies. The change in sign of the Coriolis
parameter f plays a key role in these waves.

2Kelvin waves are only equatorial waves that propagate eastward like pure gravity waves
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2.1.2.5 Tropospheric processes influencing the stratosphere

Circulation in the stratosphere is also directly influenced by tropospheric processes that extend
upwards in the stratosphere.
As mentioned in Section 1.1.3.1, the global circulation in the tropics is dominated by the Hadley
cell. The convection of warm air at the equator implies material being transported towards the
upper troposphere. From there, it can be slowly carried into the stratosphere, thus influencing its
circulation and the distribution of the chemical species.

Another large-scale circulation is found in the hemispheric patterns called the annular modes.
They are characterized by north-south shifts in mass between polar and lower latitudes and of-
ten explain a large fraction of climate variability in the respective hemispheres. The Northern
Hemisphere annular mode (NAM) is often called the Arctic Oscillation (AO) while the South-
ern Hemisphere annular mode (SAM) is referred to as the Antarctic Oscillation (AAO). Their
corresponding activity indices are calculated from the geopotential height anomalies in the 20-
90° latitude range, at 1000 mb (for the Northern Hemisphere) and at 700 mb (for the Southern
Hemisphere). These oscillations seem to be one of the leading modes of seasonal variability in
the stratosphere, leading to wind and temperature anomalies depending on their phase (nega-
tive or positive polarity), and strongly influencing the development of the polar vortices in both
hemispheres. The Arctic oscillation, for instance, in its negative phase, brings higher-than-normal
pressure at polar latitudes and lower-than-normal pressure at about 45° north latitude. The pos-
itive phase brings the opposite conditions, leading to different wind and humidity regimes over
the areas of the Northern Hemisphere. The Antarctic oscillation works broadly in the same way
in the Southern Hemisphere.

Another tropospheric phenomenon influencing the stratosphere is the El Niño-Southern Oscil-
lation (ENSO). It is one of the most important climate patterns on Earth and is able to modify
the global atmospheric circulation and hence, temperature and precipitation across the globe. It
works in three phases: two opposite phases, El Niño and La Niña (with shifts between the two
every two to seven years), and the neutral phase. The cause for the phenomenon is the variability
in the Pacific Ocean temperatures that affect the patterns of tropical rainfall from Indonesia to
the west coast of South America. During a warm phase (El Niño), lower-than-normal pressure
prevails over the eastern tropical Pacific, while higher-than-normal pressure is found over In-
donesia and northern Australia. These pressure anomalies lead to weaker near-surface equatorial
easterly winds (and sometimes even to reverse winds) and hence to warm waters accumulating in
the eastern Pacific. These warm waters result in enhanced cloudiness and rainfall in the central
and eastern Pacific, and, at the same time, reduced precipitations over Indonesia, Malaysia and
northern Australia. The increased heating of the tropical atmosphere over the central and eastern
Pacific affects atmospheric circulation features such as the subtropical jet stream. La Niña shows
essentially the reverse pattern, with enhanced easterlies, colder ocean temperatures in the eastern
Pacific and larger-than-usual rainfall in the western Pacific3.

Also influencing the stratosphere, mostly in terms of radiative budget and ozone concentrations,
are aerosols. They have a direct radiative impact in which 1) the surface temperature decreases
since more incoming solar radiation is reflected at the stratospheric level, and 2) more infrared
radiation is absorbed (depending on the particle size) which leads to a warming of the strato-
sphere. While the background stratospheric aerosols have experienced little change in the past
few decades, large volcanic eruptions can cause drastic changes by injecting large amounts of
aerosols into the stratosphere. Apart from the impacts on the lower stratospheric thermal struc-
ture, a large volcanic aerosol loading can also influence the O3 concentrations through changes in
photolysis rates and enhanced destruction of ozone via heterogeneous chemistry on sulfate aerosols
(the mechanisms are described later in Section 2.4.1).

3Most of the description regarding the ENSO were obtained from https://www.climate.gov/enso and http:
//www.cpc.ncep.noaa.gov/products/precip/CWlink/MJO/enso.shtml
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2.1.3 The polar stratosphere

The dynamics of the polar regions are governed by the polar night jet in each hemisphere during
the winter. The polar night jet is a high-altitude jet stream where strong winds can reach speeds
of over 50 m.s−1 at altitudes of around 20 km. The polar vortex is the region inside this jet stream
and, in the Southern Hemisphere, it completely circumnavigates the continent of Antarctica. A
similar structure exists in the Northern Hemisphere, above the Arctic, but the jet stream is there
much weaker due to a stronger wave activity (see Section 2.1.2.3), and the dynamics are thus not
as pronounced as in the Southern Hemisphere. In the following, we will focus on the Antarctic
polar vortex.
The jet stream can be understood as a narrow band of fast-moving winds blowing from west to
east (westerly flow) that develops along the line between sunlight and the 6-month long wintertime
polar night, and is usually centered at 60° latitude . With the decrease in the amount of sunlight,
temperatures drop and winds increase, leading to the slow development of the vortex starting in
March-April to reach its full extent by May. The polar night jet is characterized by maximum wind
speed in August-September and then eventually breaks up in November-December (Figure 2.1.5,
left). This narrow band of strong winds acts as a barrier for stratospheric transport between the
polar regions and the mid-latitudes, and hence prevents mixing between air inside and outside
the vortex. As said above, the temperatures in the vortex drop dramatically with the decrease
of sunlight and can reach below 192K from the south pole to 70° S (Figure 2.1.5, right). The
temperature regime is also influenced by the "barrier effect" of the vortex that prevents any
intrusion of warm air. The higher altitudes of the stratosphere (∼ 40− 48 km) cool first, in early
winter, while the lowest temperatures are reached later at lower stratospheric altitudes (∼ 24 km).
The same way, the breakup of the vortex occurs earliest at the highest altitudes when temperatures
warm, while the vortex breaks up later at lower altitudes.

Figure 2.1.5: (left) Latitudinal variation of mean zonal wind during a year, at 50 hPa (m.s−1). (right)
Latitudinal variation of temperature (K) during a year, at 50 hPa. The thick curves indicate regions that
are not sunlit during the winter. Figures taken from Mohanakumar (2008)

These very particular conditions make the Antarctic atmosphere an extraordinary environment
where remarkable changes in the chemical composition occur, with the polar vortex acting as the
boundary. As we will discuss next, the concentration of several species in the stratospheric vortex
decreases substantially, such as water vapor (H2O), nitrogen oxides (NOx), and O3, while others
increase (chlorine or bromine monoxides, for example).
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2.2 Nitric acid in the stratosphere

Nitric acid (HNO3) is a trace species found both in the troposphere and in the stratosphere,
where it has various sources and sinks, depending on its location. It is of the utmost importance
to stratospheric chemistry, where it is tightly related to the chemistry and distribution of O3, as
will be seen in Section 2.4. The present section details HNO3 sources and sinks (in the troposphere
and stratosphere), as well as their potential to form polar stratospheric clouds, which play a major
role in O3 depletion.

2.2.1 Sources and sinks

Nitric acid is the main form of oxidized nitrogen, in both the stratosphere and the troposphere,
and constitutes the principal chemical sink for NOx (=NO+NO2). In the troposphere, the main
sources of NOx are fossil fuel combustion and biomass burning (∼ 70%). Natural sources exist,
such as lightning and microbial activity in soils, but their contribution to the total tropospheric
NOx is smaller than the anthropogenic one, especially in industrialized areas. The distribution
of NOx sources directly influences that of HNO3, which has a residence time in the troposphere
of a few days to several weeks, depending on latitude. In the stratosphere, while NO was known
since the 1960s to be emitted by aircrafts flying at high altitudes, it was only later discovered
(in the 1970s) that the main source of NO (∼ 90%) is actually tropospheric nitrous oxide (N2O)
that is emitted mainly by oceans, forest soils, biomass burning, combustion, and fertilizers. Its
long residence time (∼ 100 years) allows N2O to be transported from the troposphere to the
stratosphere, where it is then transported by the lifting of the Brewer-Dobson circulation (see
Section 2.1.2.3). There, N2O is degraded either by photolysis:

N2O + hν N2 + O(1D), (R1)

or by oxidation:

N2O + O(1D) 2NO. (R2)

NO can then combine with O3 to form NO2, which in turn is oxidized by OH to form HNO3:

NO + O3 NO2 + O2 (R3)
NO2 + OH + M HNO3 + M, (R4)

where M is a third body helping the reaction. HNO3 has a relatively long lifetime in the strato-
sphere (weeks), but will - unless lost by sedimentation - eventually be converted back to NOx; it
is therefore called a reservoir species for NOx. Another key reservoir species for NOx is N2O5,
which is formed by the combination of NO2 and NO3:

NO2 + O3 NO3 + O2 (R5)
NO3 + NO2 + M N2O5 + M. (R6)

This reaction can only happen at night because, during daytime, NO3 is photodissociated back
to NO2 in a few seconds. HNO3 can also be produced by the hydrolysis of N2O5 on the surface of
H2SO4 aerosols that are ubiquitously present in the stratosphere (in the Junge layer) and provide
a medium for the rapid reaction:

N2O5 + H2O
aerosol 2HNO3. (R7)

This reaction converts one form of reservoir species for NOx (N2O5) into another (HNO3, longer-
lived).
HNO3 has two main degradation pathways: oxidation with the hydroxyl radical OH, and pho-
todissociation:

HNO3 + OH NO3 + H2O (R8)
HNO3 + hν NO2 + OH (R9)
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Note that stratospheric HNO3 can also be lost through sedimentation of solid particles when polar
stratospheric clouds become too dense and too heavy; this will be detailed in the next section.
The NOx family, associated with its reservoir species, is referred to as the NOy.

2.2.2 Polar Stratospheric Clouds

The stratosphere is extremely dry, with the water vapor VMR reaching maximum values of
3 − 5 ppm, corresponding to a water vapor pressure of 3 − 5 × 10−4 hPa. At that pressure,
the frost point of water4 is 185− 190 K. Temperatures below 190K allow the formation of ice-like
clouds called polar stratospheric clouds (PSCs) in the lower part of the atmosphere. In addition,
it was discovered that the stratosphere contains sufficiently high concentrations of HNO3 so that
solid HNO3-H2O phases may form at temperatures higher than the ice frost point, leading to the
formation of another type of PSC. Such temperature values are found mostly in the Antarctic
during the winter. The Northern Hemisphere polar regions do not experience such low tempera-
tures often and PSCs are thus less frequent in the Arctic. A few years stand out, however, such
as the winters of 2010-2011 and 2015-2016, where Arctic stratospheric temperatures were excep-
tionally low, and PSCs were observed. The following paragraphs detail three types of PSCs and
Figure 2.2.1 summarizes their formation mechanisms:

• Stratospheric Sulfate Aerosols: SSA
Stratospheric sulfate aerosols (SSA) are known to form in the stratosphere from a number of
sources. The major source of SSA is carbonyl sulfide (COS), which is emitted in the tropo-
sphere by both natural and anthropogenic sources, and then transported in the stratosphere
and oxidized to sulfuric acid (H2SO4). They form what is known as the Junge layer, a layer
of aerosols present at ∼ 30 km altitude in the entire stratosphere. Large volcanic eruptions
also inject amounts of ash aerosols in the stratosphere, but the amount of sulfur dioxide
(SO2) released in the atmosphere by a volcano can increase the number density of SSA by
1 − 2 orders of magnitude. These aerosols (whichever their source) have a major impact
on stratospheric chemistry: they provide surface for heterogeneous chemistry (discussed
further) and they serve as nuclei for the formation of PSCs.

• Type Ia PSC: NAT
The SSA can freeze at low stratospheric temperature and take up an increasing amount
of HNO3 and H2O from the gas phase, so that the relative amount of H2SO4 decreases
until the particle is primarily an HNO3-H2O mixture (left path in Figure 2.2.1). These
binary solutions are called Type Ia PSCs and consist mostly of nitric acid trihydrates (NAT,
HNO3.(H2O)3). Other forms of nitric acid hydrates exist (nitric acid di- (NAD) or pen-
tahydrates (NAP)), and there are different theories as to whether NAT are the first particle
to freeze out of solution, or if it is other forms (such as NAD or NAP) (e.g. Tolbert and
Middlebrook, 1990; Worsnop et al., 1993; Tisdale et al., 1997). In any case, the general
agreement is that NAT are the most stable form of Type Ia PSCs under cold stratospheric
conditions, which makes them ubiquitous in the winter polar stratosphere. They freeze at
2 − 7 K above the ice frost point; the temperature generally considered as the threshold
for their formation is thus TNAT=195K (e.g. Hanson and Mauersberger, 1988; Voigt et al.,
2000; Lambert et al., 2016). As we will show and discuss in Chapter 7 by exploiting the
IASI measurements during denitrification periods, there is significant variability around this
threshold.

4The frost point of water is defined as the temperature at which the air is saturated with respect to the formation
of a plane surface of ice
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Figure 2.2.1: Formation of PSCs following temperatures. Hexagonal shapes are for heterogeneously formed
solid particles, circles are for droplets. (left path) Three-stage formation: NAX (e.g. NAD or NAT)
nucleates on pre-existing solid inclusion at TNAT , then ice nucleates on NAX at (or below) Tice. (right
path) STS droplets are formed by the uptake of H2O, then HNO3, then ice nucleates homogeneously in
STS below T ≈ Tice − 3K. Eventually, NAT may nucleate heterogeneously on ice. Figure taken from
Muller (2011).

• Type Ib PSC: STS
Despite the decreasing temperature during the winter, some particles do not freeze above the
water frost point. These are called supercooled ternary H2SO4-H2O-HNO3 solutions that
remain liquid in the stratosphere until the temperature falls below T<188K (right path in
Figure 2.2.1) and ice formed in the atmosphere serves as nuclei for the crystallization. It
is believed that the amount of HNO3 drives the extent of supercooling for these ternary
mixtures; studies found, for example, that below 196K, the presence of HNO3 promotes
freezing, whereas above that temperature, HNO3 does not affect the mixture (Molina et al.,
1993; Song, 1994).

• Type II PSC: ice
In the Antarctic, temperature keeps decreasing as winter progresses, to reach the frost
point, i.e. Tice=188K. At that temperature, or possibly 2 − 3 K below (Toon et al., 1989;
Tabazadeh et al., 1997; Finlayson-Pitts and Pitts, 2000), large ice particles form. They
are known as Type II PSCs, and can sometimes also contain traces of HNO3. One can
distinguish mesoscale or synoptic scale ice clouds. (Tabazadeh et al., 1997)

PSCs play a major role in the heterogeneous processes (mixed gas-phase/solid-phase reactions)
governing the O3 chemistry during the polar winter and spring. Indeed, they provide surfaces for
the conversion of inactive chlorine species into active radicals that lead to the severe depletion of
O3, eventually resulting in the ozone hole.
For all PSC types, there is a point where the weight of the particles becomes too high and they
start settling gravitationally towards the lower stratosphere/upper troposphere. Under warmer
temperatures, the sublimation of PSCs regenerates some of the HNO3 and water. However, the
sedimentation of the particles below the tropopause causes a rather severe denitrification and
dehydration of the stratosphere, which persist for several months. This will be exemplified and
analyzed further in Chapter 6 from the IASI time series. Section 2.4.1 provides more details on
the heterogeneous chemistry processes and the repercussions of PSCs sedimentation on O3.

G. Ronsmans 29



CHAPTER 2. CHEMISTRY AND DYNAMICS OF THE STRATOSPHERE

2.3 Ozone in the stratosphere

Ozone is found everywhere in the low atmosphere, with most of it (90%) found in the stratosphere,
and only 10% in the troposphere. Tropospheric O3 is a pollutant in the lowermost levels of the
atmosphere, where it contributes to air quality issues and climate change. In the stratosphere, O3

absorbs UV radiation from the Sun and thereby protects life on Earth; it also contributes to the
global radiative budget of the Earth. It is found mostly around 20 km altitude where it constitutes
the ozone layer.

2.3.1 The Chapman mechanism

Sydney Chapman was the first, in 1930, to propose a theory for the existence of the stratospheric
ozone layer. He hypothesized that UV radiation is responsible for the formation of O3 through
the photolysis of atmospheric O2. Photons with a wavelength < 240 nm (corresponding to the
bond energy of the O2 molecule; 498 kJ mol−1) can photolyze the O2 molecule and give two O
atoms:

O2 + hν λ<240 nm O + O, (R10)

where O atoms are in their fundamental electronic state (3P). Because of their two unpaired
electrons, they combine rapidly with O2 to form ozone with the help of a third body, M:

O + O2 + M O3 + M. (R11)

The photolysis of oxygen molecules (R10) is relatively slow in the middle and lower stratosphere,
because most of the photons with sufficient energy have already been absorbed by molecular
oxygen in the upper stratosphere. Contrary to that, the formation of ozone (R11) happens fast
due to the highly reactive O atoms.
O3 molecules strongly absorb UV radiation as well, which causes dissociation into O2 and O at
wavelength below 320 nm:

O3 + hν λ<320 nm O2 + O(1D). (R12)

This reaction, however, is not a terminal sink for O3 since the O atom can recombine with O2 by
(R11) to reform O3. The actual sink for O3, which balances O3 production, is the reaction where
it combines with free oxygen to form two dioxygen molecules:

O3 + O O2 + O2. (R13)

Reactions (R10)-(R13) make up the so-called Chapman cycle.
The Chapman mechanism allows reproducing the basic shape of the O3 layer under steady state
approximation, but it overestimates the O3 concentrations by a factor 2 or more. The reason
was found to be related to catalytic cycles of ozone destruction, that we briefly describe below.
Further, as circulation (especially the BDC) is not taken into account, the cycle predicts too much
O3 in the tropics and too little in the polar regions.

2.3.2 Catalytic ozone loss

Several catalytic cycles exist and largely contribute to the vertical and horizontal distributions of
stratospheric O3. Most catalytic cycles for the O3 destruction can be written in the generic way:

X + O3 XO + O2

XO + O X + O2

O3 + O 2O2

Most of the description provided below on the ozone catalytic loss cycles were obtained from
Jacob (1999) and Mohanakumar (2008).
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2.3.2.1 HOx catalytic cycles

Hydrogen oxide radicals (HOx) were found, in the late 1950s, to represent a significant sink for
O3. HOx are formed by the oxidation of water vapor (H2O), itself found in the stratosphere by
transport from the troposphere or by production within the stratosphere by oxidation of methane
(CH4). Water vapor is then oxidized by O(1D) produced from (R12):

H2O + O(1D) 2OH. (R14)

The hydroxyl radical OH then produced can react with O3:

OH + O3 HO2 + O2

HO2 + O OH + O2

O3 + O 2O2, (R15)

or

OH + O3 HO2 + O2

HO2 + O3 OH + O2 + O2

2O3 3O2. (R16)

Being a catalyst, OH is regenerated in the cycles, and can thus react further with other O3

molecules. The HOx catalytic cycles continue until HOx is lost through other reactions to form
reservoir species such as H2O, HNO3 or HNO4.

2.3.2.2 NOx catalytic cycles

Other catalytic cycles involve reactive nitrogen species (NOx) which include nitric oxide (NO) and
nitrogen dioxide (NO2) (Crutzen, 1970). As introduced in Section 2.2.1, NOx are produced from
N2O emitted in the troposphere and then transported into the stratosphere where it is subject
to photolysis (R1), or oxidation (R2). The NO formed by (R2) then rapidly reacts with O3 to
produce NO2 which regenerates NO by oxidation, resulting in the catalytic ozone loss:

NO + O3 NO2 + O2 (R17)
NO2 + O NO + O2

O3 + O 2O2. (R18)

It should be noted that part of the NO2 produced by (R17) is photolyzed and produces NO
+ O, but this has no effect on O3 as O will recombine with O2 to reform O3, causing a null
cycle. The termination of the NOx catalytic cycle requires the loss of NOx radicals, which occurs
via their conversion into their reservoir species HNO3 and N2O5, respectively by (R4) and (R6)
during day and nighttime. The ultimate removal of NOy from the stratosphere is by transport
to the troposphere where HNO3 is mainly removed by deposition. Figure 2.3.1 summarizes the
interactions between sources, reactive, and reservoir nitrogen species.

Figure 2.3.1: Sources and sinks of stratospheric reactive (NOx) and reservoir species (NOx + reservoir
species = NOy). Figure taken from Jacob (1999).
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Following the above, there is significant concern about increasing N2O concentrations in the
atmosphere. Emissions of N2O are estimated to have increased by 122% since the industrial
revolution (before 1750), and its atmospheric concentrations increase at a rate of 0.2 − 0.3%
per year, due mainly to expansion of agricultural land and increases in animal production and
fertilizer (WMO, 2017). It has recently been proven that N2O is the dominant ozone-depleting
substance (ODS), and it is projected to remain the largest ODS for the rest of the 21st century.
Despite this, no strict regulation has yet been implemented regarding N2O anthropogenic emissions
(Chipperfield, 2009; Ravishankara et al., 2009; Revell et al., 2012).

2.3.2.3 Clx catalytic cycles

The chlorine catalytic cycles were discovered in 1974 by two scientists, Mario Molina and Sherwood
Rowland, who pointed out the role of the rising concentrations of chlorofluorocarbons (CFCs) on
the depletion of O3 (Molina and Rowland, 1974). CFCs are mostly emitted by human activities
(16% of chlorine is of natural sources); their production started in the 1930s and their concentra-
tions increased since then and until the late 1990s, at a rate of 2 − 4%.yr-1. They were mostly
used in refrigeration and air-conditioning systems.
Because of their stability in the troposphere (hence very long lifetime), CFCs are transported
to the stratosphere where they are photodissociated and release reactive Cl atoms. Taking the
example of CFC-12 (CF2Cl2):

CF2Cl2 + hν CF2Cl + Cl. (R19)

Then, similar to the other catalytic cycles, Cl atoms combine with O3 in the catalytic loss
mechanism that follows:

Cl + O3 ClO + O2

ClO + O Cl + O2

O3 + O 2O2. (R20)

This cycle is terminated by conversion of reactive ClO to reservoir species HCl and ClONO2

Cl + CH4 HCl + CH3 (R21)
ClO + NO2 + M ClONO2 + M. (R22)

It should be noted that (R22) is slowed down where there is small amounts of NO2 in the
stratosphere. This happens for instance in the presence of stratospheric aerosols, as (R7) converts
N2O5 into the longer-lived reservoir HNO3 (see Section 2.2.1), with the result of decreasing the
NOx/NOy ratio.
The reservoir species HCl and ClONO2 eventually return to ClOx following:

HCl + OH Cl + H2O (R23)
ClONO2 + hν Cl + NO3. (R24)

Their ultimate sink from the stratosphere is achieved by downward transport in the troposphere
and deposition.
Another cycle, involving the photolysis of NO3 and ClONO2, also influences largely the ozone
balance. The set of reactions involves reactive as well as non reactive chlorine and nitrogen
species, and the net effect is to convert two molecules of ozone into three molecules of diatomic
oxygen.
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ClONO2 + hν Cl + NO3

NO3 + hν NO + O2

NO + O3 NO2 + O2

Cl + O3 ClO + O2

ClO + NO2 + M ClONO2 + M (R22)

2O3 3O2. (R25)

Emissions of chlorine compounds, despite their ban since the Montreal Protocol and its amend-
ments in 1996 (see Section 2.4.2.2), have been observed to continue and are thus still an issue at
hand with regard to the ozone depletion (Reimann et al., 2018). For their work on O3 and CFCs,
Molina and Rowland shared, with Paul Crutzen (for his work on NOx catalytic cycle), the 1995
Nobel Prize in Chemistry. Note finally that bromine compounds lead to similar cycles as those of
chlorine.

2.4 Antarctic ozone hole

As briefly explained in Section 1.1.4, the ozone depletion observed in the southern polar regions
every spring has been a matter of huge concern since it was first discovered in 1985. The Antarc-
tic ozone hole is a region of extreme O3 loss that appears every year since the 1970s, between
September and December. It is defined as the region within the 220 DU contour and represents
the area where up to 60% of the total column ozone is lost within a few weeks time.
While O3 concentrations are naturally lower in springtime over Antarctica than over the Arctic,
due to a greater isolation of the air masses, they never reached such low values as those occur-
ring since the 1970s. The human-produced chlorine and bromine are entirely responsible for the
marked trend in O3 over Antarctica over the last few decades.

2.4.1 Mechanisms for polar O3 depletion

By 1985, the mechanisms detailed in Sections 2.3.1 and 2.3.2 were believed to account for all the
O3 variability observed in the stratosphere. With the discovery of the ozone hole, however, force
was to admit that some other processes were at play in the Antarctic. Further studies showed
that the depletion of O3 was associated with exceptionally high ClO, which can react with itself
(or BrO) to create ClOOCl (ClOBrO). The key discovery here is that the photolysis of ClOOCl
breaks the O-Cl bond, rather than the weaker O-O bond, hence releasing Cl atoms. This leads to
a new catalytic cycle for O3 depletion (detailed in (R27)), which accounts for ∼ 70% of the O3

destruction in the Antarctic.

ClO + ClO + M ClOOCl + M
ClOOCl + hν ClOO + Cl

ClOO + M Cl + O2

2 (Cl + O3 ClO + O2) (R26)

2O3 3O2. (R27)

Another important species involved in O3 depletion is bromine oxide (BrO) which, in combination
with ClO, also leads to the catalytic destruction of O3. Bromine enters the atmosphere by both
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natural and anthropogenic processes. Methyl bromide (CH3Br), the dominant form, is for instance
produced by biological processes on land and in the ocean, used as a fumigant for agricultural
purposes, released by biomass burning and from cars using leaded fuel. Various catalytic cycles
exist between O3 and the reactive forms of bromine (Br and BrO) that we have not described
in Section 2.3.2 as their contribution to the global O3 budget is small. However, there is one
particularly efficient cycle involving BrO and ClO, that accounts for 30% of the total O3 loss in
the Antarctic:

BrO + ClO Br + ClOO
ClOO + M Cl + O2 + M

Cl + O3 ClO + O2

Br + O3 BrO + O2

2O3 3O2. (R28)

A key element for the development of the O3 hole is the fact that (R27) and (R28) are initiated
at nighttime with the release of active radicals following heterogeneous chemistry involving the
Cl and Br reservoirs on PSCs. The absence of free O at the altitudes of PSCs, combined with
denitrification, result in an accumulation of ClO and BrO in winter and early spring. (R27) and
(R28) start in spring when there is sufficient sunlight and - because of the accumulation of ClO
and BrO - massively destroy O3.

The chronology for the ozone hole formation can be summarized in four main phases (Figure 2.4.1):

1. The setup phase precedes the polar winter (before
June). The vortex starts forming with the decrease
of temperatures, and chlorine is mainly present in
the form of reservoirs species HCl and ClONO2.
HNO3 and O3 still show normal concentrations.

2. The activation phase during the polar night
(June-September). Temperatures are very low and
the vortex has formed. Chlorine reservoir species
are converted into active radicals through hetero-
geneous reactions on PSCs. HNO3 concentrations
start decreasing with the sedimentation of PSCs
towards lower altitudes.

3. The maintenance phase lasts until October.
Temperatures slowly rise and PSCs evaporate, but
O3 depletion continues due to the sunlight that al-
lows photodissociation of ClOOCl, and to the still
high concentrations of ClOx which cannot be neu-
tralized back to ClONO2.

4. The termination phase is the last phase (Novem-
ber). The vortex breaks up and allows mixing of
air masses. Active radicals are converted back into
reservoir species and O3 is replenished by O3-rich
mid-latitude air.

Figure 2.4.1: Chronology of the Antarctic
ozone hole and the related species. Figure
taken from Jacob (1999).
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2.4.2 Current state of the ozone layer

2.4.2.1 Past evolution of polar ozone

The first observation of the strong decline in O3 concentrations was made in 1985 by a team of
scientists of the British Antarctic Survey, working at their base at Halley Bay (Farman et al.,
1985). Their observations indicated that O3 concentrations had started decreasing around 1977,
always during the spring months (September-November). Since then, as shown in Figure 2.4.2,
total ozone columns (a) and minimum values of total ozone (b) have continuously decreased
during the 1980s to reach values as low as ∼ 100 DU (normal values of O3 are around 350-400
DU in the Southern Hemisphere). Since the beginning of the 1990s and throughout the 2000s,
the measurements indicate that the O3 minima have stabilized around 100 DU. Moreover, the
area where total O3 columns values are below 220 DU (i.e. the extent of the ozone hole, (c))
has also shown a strong increase until the 1990s and, following the pattern of minimum values, a
stabilization during the 1990s-2000s. The ozone hole is in the last years around 25 million square
kilometers large, covering entirely the Antarctic continent.
One particular year was that of 2002 when unusually strong planetary wave activity led to a
limited ozone depletion (visible in Figure 2.4.2). The planetary waves weakened the polar vortex,
which was split in two parts, and led to warmer temperatures than usual in September. The result
was thus a smaller area affected (just over 15 million km2) and a very early disappearance of the
ozone hole (late October). A similar but less pronounced episode occurred in 1988.

Figure 2.4.2: Long-term evolution of the Antarctic ozone hole: (a) October monthly mean total O3 (DU)
at Halley Bay. (b) Minimum total O3 (DU) over Antarctica. (c) Area in km2 with total O3 < 220 DU
south of 45°. Figure taken from Muller (2011).
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The ozone depletion that characterizes the ozone
hole occurs mostly between 14 and 21 km al-
titude, at the center of the ozone layer which
extends from 10 to about 30 km altitude. The
dark blue curve in Figure 2.4.3 shows nor-
mal vertical distribution of ozone (averaged over
the months of October 1962-1971), before the
Antarctic ozone hole started forming. The cyan
curve shows a similar 20-year average profile from
1990 to 2009, in the phase of stabilization of the
minimum values and of the area. Ozone is very
clearly depleted, with ozone pressure (mPa) as
low as 1.5 mPa, and values up to 90% lower than
pre-1980 values. Some years even show a com-
plete destruction of ozone in that altitude range
in spring (purple curve for 2006). The dark green
curve shows for comparison Arctic O3 for the
month of March (spring in the Northern Hemi-
sphere). As previously mentioned, the Northern
Hemisphere does not undergo the same massive
O3 depletion as in the south, because the differ-
ent dynamics prevent the formation of a strong
vortex. A few years have however been observed
with lower than usual Arctic O3 due to exception-
ally cold conditions, which allowed the formation
of PSCs. An example is provided by the light
green curve (for the year 2011). Nevertheless,
while a strong variability of ozone is observed in
Arctic as a consequence of the strong variability
of the vortex itself, significant departure from the
O3 baseline (∼ 450 DU) is rare, and if a depletion
of O3 is observed, it rarely reaches levels below
350 DU.

Figure 2.4.3: Vertical distribution of Arctic and
Antarctic O3 (mPa). Total O3 values are also
shown in the legend (in DU). Figure adapted
from WMO (2014).

2.4.2.2 The world avoided by the Montreal Protocol

Following the discovery of the ozone hole in 1985, a treaty called the Vienna Convention for
the Protection of the Ozone Layer was signed by 20 nations. It was a framework agreement
that supported research and exchange of information, and in which the signing countries agreed
to take appropriate measures to protect the ozone layer from human activities. In response to
growing concern, the Montreal Protocol on Substances that Deplete the Ozone Layer (the Montreal
Protocol, for short) was signed in 1987 and entered into force in 1989. It establishes legally binding
controls for developed and developing countries on the production and consumption of halogen
source gases containing bromine and chlorine (ODSs).
As the processes governing the ozone hole became more precise and scientific knowledge grew, the
Montreal Protocol was reinforced by Amendments and Adjustments. The initial protocol called
for a 50% reduction in CFC production and a freeze on halon production. The 1990 London
Amendment strengthened that prescription and called for a complete phase-out of the production
and consumption of the most damaging ODSs by 2000 in developed nations and by 2010 in
developing nations. The 1992 Copenhagen Amendment accelerated the phase-out date to 1996 in
developed countries. Further controls on ODSs were then agreed upon in later meetings in Vienna
(1995), Montreal (1997, 2007), and Beijing (1999).
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Figure 2.4.4: World avoided by the Montreal Protocol: (left) Effect of the Montreal Protocol and its
Amendments on long-term changes in EESC (Figure taken from WMO (2014)). (right) Simulated total
ozone columns (in DU) for the year 2055, with (left) and without (right) the effects of the Montreal
Protocol (Figure taken from Muller (2011)).

One way to measure the success of the Montreal Protocol is the past and projected changes in
the values of equivalent effective stratospheric chlorine (EESC). EESC is designed as one measure
of the potential for ozone depletion in the stratosphere (ODP). It is calculated from atmospheric
surface abundances of ODSs, including natural chlorine and bromine gases. The term equivalent
indicates that bromine gases, scaled by their greater per-atom effectiveness in depleting ozone,
are included in EESC, and the term effective indicates that only the estimated fraction of ODSs
that are currently in the form of reactive halogen gases in the stratosphere is included in an EESC
value. Figure 2.4.4 shows the effects of the Montreal Protocol and each of its amendments on
long-term changes in EESC. It is clear that the Protocol helped strongly reduce EESC. With a
projected 10-fold increase by the mid-2050s without Protocol, EESC values would have at least
doubled the global total O3 depletion between 1990 and 2010 and increased it even further by
midcentury.
While the effects of the Montreal Protocol are undeniable, some uncertainties regarding the present
state of the ODSs in the atmosphere persist. Indeed more recent studies have shown that new
ozone depleting substances (CFCs and HCFCs), not regulated by the Montreal Protocol, have
been accumulating in the atmosphere, and are thus found in large quantities. Found in even
larger quantities, halogenated very short-lived substances (VSLS), another source of chlorine and
bromine, are also found increasing in the lower stratosphere. Further than their impact on O3,
they have a larger impact on climate than the long-lived anthropogenic ODSs (such as the CFCs).
Indeed, because of their short lifetime, they induce a cooling of the stratosphere through O3 loss,
without causing a corresponding warming effect, as do the long-lived ODSs (Laube et al., 2014;
Hossaini et al., 2015a,b). Finally, Mahieu et al. (2014) have shown that the variability of the age-
of-air, due to speeding up or slowing down global circulation, could affect the HCl concentrations
in the stratosphere. In that way, HCl concentrations were shown to increase in the northern
high latitudes after 2007, further indicating that the current state of chlorine and bromine in the
stratosphere is not yet fully controlled.
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2.4.2.3 Present and future state of the ozone layer

Figure 2.4.5 shows the global distribution of O3 total columns (in DU) in the Southern Hemisphere
for the years 2015, 2016 and 2017 from IASI. The maximum ozone hole area reached 28.2 million
km2 in 2015 and 23.0 million km2 in 2016. 2017 was a particular year, with the smallest ozone
hole recorded since 2002 Its maximum area was of 19.6 million km2, reached on September 11.
This decrease in the size of the ozone hole is however not yet the sign of a significant recovery
of the ozone layer. The reduced extent of the hole was indeed expected, given the warmer than
usual temperatures that year.

Figure 2.4.5: Average total ozone columns (in DU) for October 2015, 2016 and 2017. The pink contour
indicates the 220 DU limit.

Following the Montreal Protocol and its Amendments, it is expected that the ozone layer will
fully recover and return to pre-1980s levels. However, as briefly explained in the previous section,
the progressive ozone recovery will be masked by a variety of factors that can have antagonistic
effects or have mutual feedbacks. The main factors influencing the future ozone amounts at polar
latitudes are:

• changes in meridional transport: Models predict a strengthening of the Brewer-Dobson
circulation under increased GHG concentrations. The increased downward transport and
more efficient air exchange between troposphere and stratosphere would induce a faster
removal of CFCs as well as a gain in polar O3 (e.g. Butchart, 2014);

• changes in temperature: while the increase in GHGs causes the troposphere to warm, it
has the opposite effect in the stratosphere, since GHGs emit more infrared radiation out to
space than they absorb. This cooling of the stratosphere will thus lead to more PSCs and
hence, to more effective polar ozone depletion;

• chemical effects: Closely coupled to transport and temperature changes, they are related
to the availability of halogen-containing species and the occurrence of PSCs. Moreover,
changes in ODSs source gas (such as N2O and CH4) will affect ozone chemistry too.

It should also be pointed out that the dynamics of O3 recovery will also depend on latitude,
seeing as how climate change affects various regions of the globe differently. It was for instance
recently found that, despite O3 showing signs of recovery at high latitudes, the mid- and tropical
latitudes show a continuous decline in O3 concentrations since 1998 (Ball et al., 2018). In the same
way, different altitudes in the stratosphere respond differently to the current changes, leading to
increasing levels of O3 for some, and to decreasing levels for other layers. Climate models manage
to reproduce the observed variability well, and allow for a good prediction of the future state of
the ozone layer. However, some uncertainty still persists, particularly with regard to the exact
date of the recovery of the ozone layer, even though the range is getting more precise with the
years. For now, it is expected that O3 in Antarctica will return to its pre-1980s level by 2040-2080
(WMO, 2014).
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CHAPTER 3

Radiative transfer in the thermal infrared
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The first two chapters gave an overview of the atmosphere, its structure, and small- and large-
scale circulation patterns. A brief mention of various sounding techniques was also made, before
giving further details on the region of the atmosphere we are interested in: the stratosphere. Quite
a few chemical species have already been mentioned, and this chapter now concentrates on the
properties of the atmosphere and of these species that allow us to monitor them using optical
sensors.
We will start with a few reminders of the basic properties of radiation to then move on to its
interactions with matter and how absorption or scattering can be exploited to inform on global
concentration distributions. The radiative transfer equation in the thermal infrared (TIR) will
especially be described. Most of what is detailed here is taken from Petty (2006).

3.1 Reminders and definitions

Radiation is the process through which energy moves through space from a source, without any
material medium. Atmospheric radiation is the only energy exchange process that operates both
continuously throughout the atmosphere and over long distances. Solar radiation and thermal
infrared radiation are the two main forms of electromagnetic radiation. They play major roles in
the incoming and redistribution of heat energy at the surface of the Earth and within the atmo-
sphere. Also, radiation carries a lot of information about the environment in which it originated
and through which it has propagated. The information about this electromagnetic radiation,
combined with its environment, allows a lot of atmospheric variables to be observed from space.
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3.1.1 Electromagnetic energy

Electromagnetic (EM) waves are formed by the combination of an electric field and a magnetic
field, oscillating perpendicularly to each other and to the direction of the EM wave. Radiation is
the emission and propagation of EM energy in the form of waves. These waves can have a range of
wavelength and hence energy (energy is increasing with decreasing wavelength, see Figure 3.1.1).
Solar radiation is mostly in the form of UV, visible, and near-infrared wavelengths (0.1 − 4µm).
These bands together are referred to as solar or shortwave radiation. On the other hand, 99%
of the radiative energy emitted by the Earth and atmosphere is found in the TIR covering a
wavelength region from 4 − 100µm. Radiation in this band is often referred to as terrestrial or
longwave radiation.
EM radiation can also be viewed as particles: photons, described by Einstein as carrying discrete
packets of energy:

E = hν = hcν̃, (3.1.1)

where ν is the frequency (s−1), ν̃ the wavenumber (m−1, or commonly cm−1), h = 6.626070040×
10−34 J.s is Planck’s constant, and c is the speed of light in vacuum. This quantum description of
EM radiation is just as true as the wave description, though completely different. It will be useful
when analyzing the interaction between radiation and matter at the microscopic level, especially
regarding absorption and emission of radiation (Section 3.1.4).

Figure 3.1.1: Spectrum of electromagnetic radiation (https://sites.google.com/site/chempendix/_/
rsrc/1472843490283/em-spectrum/SL_EMspectrum.jpg)

3.1.2 Flux, intensity and solid angle

Flux and intensity are two measures of the strength of an EM radiation field that are central to
most problems in atmospheric science.
Radiation continuously transports energy from its source to a point where it is distributed over
an area. Therefore, radiation is usually described in terms of flux density F (or flux for short), in
W.m−2 (power per unit area), which thus refers to the rate at which radiation is incident, or passes
through, a flat surface. A flux of natural radiation must be a broadband quantity (i.e. radiation
that consists of a mixture of a wide range of wavelengths). It can however be first described as a
monochromatic flux (i.e. radiation composed entirely of a single wavelength):

Fλ = lim
∆λ→0

F (λ, λ+ ∆λ)

∆λ
, (3.1.2)

where F (λ, λ + ∆λ) is the flux in W.m−2 contributed by radiation with wavelengths between λ
and λ+ ∆λ.
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Expressed as a monochromatic flux (Eq. 3.1.2), radiation is then expressed in the dimensions of a
power per unit area per unit wavelength (W.m−2.µm−1). By integrating over an extended range
of wavelengths [λ1, λ2], we get the broadband flux:

F (λ1, λ2) =

∫ λ2

λ1

Fλ dλ. (3.1.3)

The concept of flux does not allow for any distinction regarding where the radiance is coming
from. In order to fully characterize the radiation field at a given location, we must know the
origin of the radiation, and in which direction(s) it propagates. This information is embodied in
the radiant intensity. Intensity (short for radiant intensity), also called radiance, is related to the
flux, in that the flux incident on a surface is obtained by integrating the contributions of intensity
from all possible directions visible from that surface. Linking those two quantities is the concept
of solid angle, which is a measure of how much the field of view of an observer is occupied by an
object, and is measured in steradian (sr). The radiant intensity I(Ω̂) is thus the flux measured
on a surface normal to the beam per unit solid angle traveling in a particular direction Ω̂:

I(Ω̂) =
δF

δω
, (3.1.4)

with δω the solid angle at which an element of a scene is observed, and δF the flux of radiation
arriving just from that region and excluding all other contributions. The radiance has the property
of being conserved along any optical path in vacuum.

3.1.3 Blackbody radiation and emissivity

As previously mentioned, the radiation that is of most interest to this work, as it allows us to
probe HNO3, is the longwave radiation, i.e. the thermal radiation emitted by the Earth and the
atmosphere. The formulas that we describe next rely on the assumption that the Earth and the
atmosphere are close to blackbodies. A blackbody is an object or a system that absorbs (and thus
radiates) all incident radiation perfectly. Blackbody radiation has the following properties:

• Intensity of a monochromatic flux: the intensity of a monochromatic radiation emitted
by a blackbody is given by Planck’s function B(T ) and depends only on its temperature.
The total intensity of emitted radiation contributed by the wavelength interval [λ, λ+ dλ]1

is thus calculated as:

Bλ(T ) =
2hc2

λ5(ehc/kBλT − 1)′
, (3.1.5)

where c is the speed of light (2.99792458× 108 m.s−1), h is Planck’s constant (6.62607004×
10−34 J.s), and kB is Boltzmann’s constant (1.38064852 × 10−23 J.K−1). The units of Bλ
are those of radiant intensity, i.e. power per unit area per unit of wavelength per unit solid
angle; W.m−2.µm−1.sr−1.

• Wavelength at maximum emission: Planck’s function has its peak at a wavelength
that is inversely proportional to its absolute temperature (in K). The wavelength λmax of
maximum emission by a blackbody of temperature T is given by Wien’s Displacement Law
as follows:

λmax =
kW
T
, (3.1.6)

with kW a constant (2897 µm.K). As an example, the Sun, having a temperature of 6000K,
has its peak emission at λmax = 0.48µm, whereas the atmosphere, with typical temperatures
of 200-300K, has its maximum emission at λmax = 9.6− 14.4µm.

1Planck’s function can also be written as a function of frequency ν or wavenumber ν̃.
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• Intensity of a broadband flux: While Planck’s function gives the monochromatic in-
tensity emitted by a blackbody, integrating the function over all wavelengths gives the
broadband flux emitted by a blackbody which, just as Planck’s function, depends only on
the temperature of the body. This is the Stefan-Boltzmann law :

FBB(T ) = σT 4, (3.1.7)

where σ is the Stefan-Boltzmann constant equal to 5.67036713× 10−8 W.m−2.K−4.

The concept of a blackbody, however, is a theoretical concept that is unrealistic, since no object or
system completely absorbs radiation. The deviation in the radiation of real objects from the ideal
of a blackbody is described by the spectral emissivity, which is the ratio of the radiant intensity
of an object at a temperature T to that of a blackbody at the same temperature:

ελ ≡
Iλ

Bλ(T )
, (3.1.8)

with Iλ the actual intensity of the emitting object. Emissivity is thus comprised between 0 and
1, and an emissivity of ελ = 1 means that the surface is effectively radiating as a blackbody at
that wavelength λ.

A quantity that is often used in TIR remote sensing is that of brightness temperature. With
Planck’s function describing an unequivocal function between the intensity of radiation emitted by
a blackbody at a given wavelength and the body’s temperature, one can relate any monochromatic
intensity to an equivalent blackbody temperature, which is the brightness temperature BT :

BT =
hc

kλ

1

ln

(
1

I(λ)

2hc2

λ5
+ 1

) . (3.1.9)

3.1.4 Interaction between atmospheric gases and radiation

As previously stated, remote sensing of the atmosphere exploits the interactions between radiation
and the constituents of the atmosphere. Having described the behaviour and characteristics of
radiation, we will now focus on the way matter reacts to incident radiation and how this allows
to characterize (qualitatively and quantitatively) the said matter.
Let us remember that radiation can be viewed as packets of quantized particles (photons) that
carry energy (Section 3.1.1). This energy leads to changes in the system it interacts with. Specif-
ically, when a photon is absorbed (emitted) by a system, the energy originally carried by that
photon will contribute to a corresponding increase (decrease) in the internal energy of the system.
At molecular level however, the various modes of energy storage are quantized, meaning that a
given molecule exists only in a discrete set of energy levels E0, E1, ... permitted by the laws
of quantum mechanics. As a consequence, a photon can be absorbed or emitted by a molecule
only if it has the exact energy that is needed for a transition between the two energy levels of
the molecule. These transitions can be represented on a line spectrum where each transition is
depicted, for example, as its absorption cross-section as a function of wavelength (discussed fur-
ther).
Because the energy levels vary with the nature of the molecules (and hence so do the allowed
transitions), the knowledge of the wavelength at which a molecule absorbs radiation allows estab-
lishing what molecule it is, and the strength of this absorption allows estimating in which quantity
it is present. The following sections will focus on the energy levels and the possible transitions,
as well as on the description of the spectral lines.
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3.1.4.1 Energy levels and transitions

The energy levels of a molecule are of three types: electronic levels, associated with the distribution
of the electrons in the molecule, vibrational levels, associated with the vibration of the molecule,
and rotational levels, associated with the rotation of the molecule. The energy difference between
levels (Figure 3.1.2) explains why a significant energy is needed to cause electronic transitions.
Typically, UV-visible radiation allows these changes in the electronic distribution of a molecule.
On the other hand, the rotation levels are closely spaced and transitions between them require
low-energy photons, such as those in the far IR and microwave wavelengths. Near and thermal
IR radiations allow vibrational transitions. Because the work presented here focuses on TIR
radiation, the following paragraphs will describe only the rotation and vibration transitions.

Figure 3.1.2: Schematic illustration of the 3 types of energy levels: electronic (blue), vibrational (green)
and rotational (red) found in a molecular system.

1. Rotation

The energy of a rotational level ER of a linear molecule can be expressed as that of a
non-rigid rotor:

ER = BJ(J + 1)−DJ2(J + 1)2, (3.1.10)

where B is the rotational constant (= h/8π2I, in cm−1) in which I =
∑

imir
2
i is the moment

of inertia of a molecule about any axis through the center of mass. D is the centrifugal
distortion constant that accounts for the distortion of the molecule while it rotates, and J
is the quantum number associated to the total angular momentum of the molecule. Each
rotational level is identified by one quantum number J , and a rotational transition is thus
associated with a variation of J , expressed ∆J . In the case of nonlinear molecules, the
expression of energy is different, but rotational energy states remain identified, among other
things, by the quantum number J (Demtröder, 2010).
The energy of the rotational transition corresponds to the difference between the energies
of the two rotational levels involved in the transition:

∆ER = ER(J ′)− ER(J ′′) (3.1.11)

with J ′ and J ′′ representing the rotational quantum number of the upper and lower levels
involved in the transition. The rotational selection rules imply ∆J = 0,±1 for a non-linear
molecule (∆J = ±1 for a linear molecule), which will give rise in a branch structure in the
spectrum: the P branch, corresponding to ∆J = −1, is at lowest energy, the R branch at
highest energy (see Figure 3.1.3 for HNO3).
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2. Vibration

Vibration occurs due to attraction and repulsion of electrostatic forces between the atoms
of a molecule. The bonds between atoms behave like springs and cause the molecule to
vibrate. A molecule has a finite set of vibrational motions, independent of each other, that
are called normal modes. The vibration of a molecule is then described in terms of one or a
combination of normal modes. The number of normal modes of a molecule depends on the
number of atoms (N) composing that molecule: for a linear molecule, the number of normal
modes is 3N − 5, and in all other cases, it is 3N − 6. For example, HNO3 has 5 atoms, so
9 normal modes of vibration, each of them corresponding to a particular motion within the
molecule. For the present work, we will rely on two absorption vibrational bands of HNO3,
the v5 band (at around 879 cm−1) and 2v9 band (at around 916 cm−1), which correspond
to the NO2 in-plane bend and the OH torsion, respectively (see schema below).

Figure 3.1.3: (left) Vibrational spectrum for v5 and (2)v9 normal modes of vibration of HNO3. (right)
Schema of HNO3 chemical structure.
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The energy of a vibrational level can be written for a polyatomic molecule in the anhar-
monic approximation as the sum of the energy of each vibrational normal modes excited
(Demtröder, 2010):

EV =
∑
i

ωi

(
vi +

di
2

)
+
∑
i

∑
j≥i

xij

(
vi +

di
2

) (
vj +

dj
2

)
+ . . . , (3.1.12)

where i and j refer to the normal modes, and di is the degeneracy of normal mode i. ω is
the harmonic frequency of the vibrational mode, and x is its first anharmonicity correction.
The energy difference between two vibrational levels gives the so-called band origin in a
spectrum, which is noted ∆EV :

∆EV = EV (v′1 v
′
2 . . . v

′
3N−6)− EV (v′′1 v

′′
2 . . . v

′′
3N−6), (3.1.13)

where ′ and ′′ refer respectively to the upper and lower energy states. A vibrational transition
thus corresponds to a change in the vibrational quantum number (∆vi).

3. Vibration-rotation

In the TIR, rotational and vibrational transitions occur simultaneously because each vibra-
tional level includes several rotational levels. A vibrational transition, which makes a band
in the spectrum, corresponds in fact to a transition between rotational states of two different
levels of vibration. The energy of a given vibrational-rotational level is given by the sum of
the vibrational and rotational levels (EV R):

EV R = EV (v1 v2 . . . v3N−6) + ER(J), (3.1.14)

and the energy of a transition is given by the difference between the energy of the two
vibration-rotation levels involved:

∆EV R = EV (v′1 v
′
2 . . . v

′
3N−6) + ER(J ′)− EV (v′′1 v

′′
2 . . . v

′′
3N−6)− ER(J ′′). (3.1.15)

Via equation (3.1.1), EV R is related to the wavenumber, so that each transition described
by a change of energy (3.1.15) is as well associated with a wavenumber that defines the
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position of the line in the spectrum (see Section 3.1.4.2).
Figure 3.1.4 shows transitions associated with various combinations of ∆v = ±1 and ∆J =
[−1, 0, 1]. The vibration-rotation transitions thus produce a particular structure in the
spectrum, with the vibrational band divided in different branches: the R-branch defined by
∆J = +1 transitions, and the P-branch defined by ∆J = −1 transitions. A transition of
the type ∆J = 0 defines the third branch of the spectrum, the Q-branch, which exists for
non-linear molecules.

Figure 3.1.4: Vibrational-rotational transitions for ∆v = ±1, ∆J = [−1, 0, 1]. Figure taken from Petty
(2006).

3.1.4.2 Spectral lines

As mentioned earlier, a transition between two molecular energy levels gives rise to a spectral line,
which can be characterized in terms of position, intensity and shape.

1. Line position

The position of a spectral line in a spectrum is determined by the energy that is required for
the transition (Figure 3.1.5 a and b). In the case of vibration-rotation transitions, the lines
generally fall in the IR spectral range, and their position is determined by equation (3.1.15).
The position of a spectral line can be expressed in wavelength, frequency or wavenumber.
In the following, we will use wavenumber units, and the position of a line resulting from the
transition between energy levels Ei and Ej will be written ν̃ij .

2. Line intensity

The intensity of a spectral line (Figure 3.1.5 b) is related to the quantity of absorption/emission
associated with a line. The intensity is represented by the absorption cross section of the
molecule σ(ν̃) at wavenumber ν̃. The integrated absorption cross section σij is a useful
parameter and is defined for each line as

σij =

∫ ∞
0

σ(ν̃) dν̃. (3.1.16)
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Considering a normalized line profile f(ν̃ − ν̃ij), we can also write

σ(ν̃) = σij f(ν̃ − ν̃ij). (3.1.17)

The line intensity σij is thus the area subtended by the line profile. It has units of
cm2.molecule−1.cm−1 and depends on temperature. The line profilef(ν̃ − ν̃ij) depends on
broadening mechanisms described hereafter.

3. Line shape

Spectral lines are broadened by various processes (Figure 3.1.5 c). This means that ab-
sorption not only occurs at the exact wavenumber associated with a transition, but also at
nearby wavenumbers. If absorption lines are closely spaced, line broadening will cause lines
to overlap. There are three processes responsible for line broadening.

The natural broadening which, by the Heisenberg uncertainty principle, implies that an
absorption line must have a finite (though very small) width, even in the absence of other
factors. It is characterized by a half width at half maximum γ (cm−1), which is related
to the lifetime of the molecule in the excited state. For a transition Ei → Ej with central
position ν̃ij , the shape of a line with natural broadening has a Lorentz profile fL(ν̃ − ν̃ij):

fL(ν̃ − ν̃ij) =
1

π

γL
(ν̃ − ν̃ij)2 + γ2L

. (3.1.18)

The Doppler broadening is due to the relative motion of particles in the atmosphere, and
dominates in the lower pressure environments (at high altitudes). The Doppler effect induces
a shift in the apparent wavenumber of the absorbed radiation relative to the natural line
position. Considering the speed distribution of the species, this causes a broadening of the
line. At thermodynamic equilibrium, the Doppler profile is a Gaussian function for which
the mean speed of the molecules increases with temperature and decreases with molecular
mass.

The pressure broadening is related to the collisions between molecules that reduce the
lifetime of the excited state. Similarly to the natural broadening, it is characterized by a
Lorentzian shape. This broadening process dominates in the troposphere and lower tropo-
sphere, where the pressure is largest.

Because pressure and temperature are both highly altitude-dependent, in the Earth’s atmo-
sphere, both broadening processes must be taken into account. The combination of pressure
(due to collisions) and temperature (due to the Doppler effect) effects results in a particular
line shape that can be represented by a Voigt profile obtained by the convolution of the
Lorentz and Gaussian functions.

Line parameters are measured in laboratory or calculated and collected in spectroscopic databases
such as HITRAN 2012 database (Rothman et al. (2013), used in this work) and later versions.
These parameters are needed for the computation of absorption coefficients, which enter the
radiative transfer equations (see following sections).
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Figure 3.1.5: Schematic depiction of energy transitions and spectral lines. (a) Energy level transitions for
3 energy levels: Ei, Ej , and Ek. (b) Absorption/emission spectrum for the three transitions depicted in
panel (a). (c) Effect of broadening on spectral lines.

3.2 Radiative transfer in the TIR

3.2.1 The Schwarzschild equation

After having described how radiation interacts with molecular species, we can now introduce
the radiative transfer equation which describes the propagation of radiant intensity through the
atmosphere. All descriptions below neglect scattering processes, which is a generally reasonable
assumption in the TIR because only clear or almost-clear scenes (cloud coverage below 25%) are
taken into account.
If only the absorption by the constituents of the atmosphere were to be taken into account,
the transmission of the radiation emitted by the Earth’s surface across the atmosphere would be
expressed simply by the Beer-Lambert law, in which an incoming radiation Iν̃ that passes through
an infinitesimal layer of air ds is absorbed following:

dIabs(ν̃) = −βa,X(ν̃, T, P ) I(ν̃) ds, (3.2.1)

with βa,X(ν̃, T, P ) the absorption coefficient of molecule X at wavenumber ν̃ (cm−1), at tempera-
ture T and pressure P . The absorption coefficient can be re-written as a function of the absorption
cross section (in cm2.molecules−1):

βa,X(ν̃, T, P ) = ρX σX(ν̃, T, P ), (3.2.2)

with ρX the molecular density of gas X (molecules.cm−3).
However, the atmosphere also emits radiation. At local thermodynamical equilibrium, the radia-
tion dIem from a layer of air of infinitesimal thickness ds at temperature T is given by

dIem(ν̃) = βa,X(ν̃, T, P )B(ν̃, T ) ds, (3.2.3)

where B(ν̃, T ) is Planck’s function (see Eq. 3.1.5). The net variation of radiance along a path ds
is thus expressed as

dI(ν̃) = dIabs(ν̃) + dIem(ν̃) = βa,X(ν̃, T, P ) [B(ν̃, T )− I(ν̃)] ds, (3.2.4)

G. Ronsmans 47



CHAPTER 3. RADIATIVE TRANSFER IN THE THERMAL INFRARED

or
dI(ν̃)

ds
= βa,X(ν̃, T, P )

[
B(ν̃, T )− I(ν̃)

]
. (3.2.5)

This equation is the Schwarzschild equation which describes the radiative transfer in a non-
scattering medium in its most fundamental form. It states that the radiance along a particular
line of sight either increases or decreases with distance traveled, depending on whether I(ν̃) is
smaller or greater than B(ν̃, T ).

3.2.2 Radiative transfer applied to the atmosphere

The Schwarzschild equation describes the radiative transfer over a infinitesimal path. From this
equation, it is possible to derive the general radiative transfer equation applied to a medium with
finite dimensions such as the atmosphere. For this, we first need to introduce the concept of
optical path which defines the path taken by radiation traversing an optical medium between two
arbitrary points. If we consider a path starting at the ground (s0) and ending at the top of the
atmosphere (STOA), the optical depth between an arbitrary point s and STOA is

τ(ν̃, s, STOA) =

∫ S
TOA

s
βa,X(ν̃, T (s′), P (s′)) ds′. (3.2.6)

The optical path is dimensionless, and is always positive, except when s = STOA, or when
βa,X(ν̃, T (s′), P (s′)) equals 0, in which cases τ = 0. By exponentiating to optical path −τ , we
get the transmittance between s and STOA, which describes how much of the incident radiation
passes through a medium (in our case, the atmosphere):

t(s, STOA) = e−τ(s,STOA) (3.2.7)

Differentiating equation (3.2.6) (and omitting the dependencies for more clarity) gives

dτ = −βa ds, (3.2.8)

which then substituted into Schwarzschild equation (3.2.5), yields

dI

dτ
= I −B. (3.2.9)

By multiplying each term of equation (3.2.9) by the transmittance t = e−τ , we obtain

e−τ
dI

dτ
= e−τ I − e−τ B. (3.2.10)

By then considering that
d

dτ

[
I e−τ

]
= e−τ

dI

dτ
− I e−τ , (3.2.11)

we can re-write equation (3.2.10) as follows:

d

dτ

[
I e−τ

]
= −B e−τ . (3.2.12)

This equation can then be integrated with respect to τ between the sensor (τ = 0) and some
arbitrary point (τ = τ ′) following∫ τ ′

0

d

dτ

[
I e−τ

]
dτ = −

∫ τ ′

0
B e−τ dτ, (3.2.13)

which gives

I(0) = I(τ ′) e−τ
′
+

∫ τ ′

0
B e−τ dτ. (3.2.14)
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It is possible to express equation (3.2.14) in terms of transmittance and, considering that, in line
with equation (3.2.7),

dτ = −dt

t
and dt =

dt

ds
ds, (3.2.15)

we can re-write equation (3.2.14) as

I(ν̃, STOA) = I(ν̃, s0) t(ν̃, s0, STOA) +

∫ S
TOA

s0

B(ν̃, s)
dt(ν̃, s, STOA)

ds
ds. (3.2.16)

To go one step further, it is also possible to express the path s between the ground and the sounder
using the altitude z and the zenith angle θ. The incoming radiance at the level of the sounder
directed towards the ground is thus

I(ν̃, θ, zTOA) = I(ν̃, θ, 0) t(ν̃, θ, 0, zTOA) +

∫ z
TOA

0
B(ν̃, T (z))

dt(ν̃, θ, z, zTOA)

dz
dz. (3.2.17)

where I(ν̃, θ, 0) is the radiance from the surface propagating upwards in the direction of the
sounder.

As Eq. 3.2.17 shows, the radiance measured by a nadir TIR sounder looking downwards from the
top of the atmosphere is thus described as the sum of two contributions:

1. The absorption by the atmosphere of the radiation emitted by the Earth’s surface. i.e. the
incident radiation, attenuated by the absorption by the layers of the atmosphere over the
entire column (the first term of the right hand side of the equation).

2. The thermal emission from each point along the line of sight of the sensor, attenuated by
the layers above (the second term of the right hand side of the equation).

It should be noted thatW (z) = dt(z)
dz is also called a weighting function. It describes, for radiation

incident at the top of the atmosphere, how fast the transmittance varies with height. The region of
the atmosphere where W (ν̃, z) is maximum defines the region where the transmittance varies the
most rapidly, and so the part of the atmosphere z that is sounded most effectively at wavenumber
ν̃. In an ideal situation, weighting functions at different ν̃ would show a sharp peak at different
altitudes. However, in reality, weighting functions strongly overlap, meaning that wavenumbers
probe similar large parts of the atmosphere, preventing from isolating independent information
about this variable.

3.3 Retrieving the atmosphere’s composition

3.3.1 Inverse problem

From the radiative transfer equation (Eq. 3.2.17), one can calculate the radiance reaching a sounder
looking down towards the surface of the Earth, provided that the state of the atmosphere is
perfectly known and that all spectroscopic parameters are available. This is the forward problem.
Reversely, if a measured radiance is available and represents the atmosphere at a given time
and place, one can attempt to retrieve information on the state of the atmosphere by varying
one or several of its variable. This is the inverse problem. The relation between the state of the
atmosphere and the TIR radiances obtained at the sounder can be generalized as (Rodgers, 2000):

y = F(x,b) + ε, (3.3.1)

where y is the measurement vector (the radiances for different spectral channels), F is the forward
model (described by equation (3.2.17)), x is the state vector that includes the parameters to be
retrieved, b represents the atmospheric variables having an impact on the measured radiances, and
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ε is the measurement noise vector. However, in trying to obtain the atmosphere’s composition,
we are faced with a limited number of observations (one spectrum, even though at different
wavenumbers) for a larger number of unknowns (e.g. the vertical distribution of gas along the
optical path). The lack of information in the observation to derive the state of the atmosphere
results in an underconstrained problem, where one observation leads to multiple possible solutions.
An underconstrained problem can be supplemented by conditions that constrain the observation
and reduce the number of possible solutions. In our case, the constraint on the measurement is an a
priori knowledge of the state of the atmosphere. The concept of the Optimal Estimation Method
(OEM) is used in this work for the inverse problem. It consists in finding the most probable
solution, within the infinity of possible solutions, that best agrees with both the measurement and
an a priori knowledge of the state of the atmosphere.

3.3.2 Optimal estimation method

The Optimal Estimation Method (OEM) allows finding a solution to the underconstrained inverse
problem that agrees best with both the observation and an a priori knowledge of the state of the
atmosphere. This is done through probabilities with the use of Bayes theorem. Probability Density
Functions (PDFs) allow to describe a random variable by taking into account its uncertainty. The
PDF P (x) of a variable x is defined such that P (x) is the probability that x lies in the interval
(x, x+dx). Most PDFs can be represented by a Gaussian function, and they can also be extended
to vectors. In that way, probabilities can be defined for linked vectors x and y:

• P (x,y) is the joint probability of x and y. It is defined so that P (x,y) dxdy is the probability
that x lies in (x,x + dx) and y lies in (y,y + dy).

• P (x|y) is the conditional probability, defined so that P (x|y) dx is the probability that x lies
in (x,x + dx) when y has a given value. Similarly, P (y|x) dy is the probability that y lies
in (y,y + dy) when x has a given value.

Using these definitions, it can be shown that (Rodgers, 2000)

P (x,y) = P (x|y)P (y). (3.3.2)

And as P (x,y) = P (y,x), we can write

P (x|y)P (y) = P (y|x)P (x), (3.3.3)

which results in the Bayes theorem:

P (x|y) =
P (y|x)P (x)

P (y)
. (3.3.4)

In the frame of the inversion of nadir TIR measurements, we can define each term of Equa-
tion (3.3.4):

• P (x|y) is the unknown variable: the PDF of the atmospheric state after the measurement.
• P (y|x) is linked to the probability of measuring y if the atmospheric state x is known. This

is described by the radiative transfer equation, including the measurement noise.
• P (x) is the prior knowledge of the atmospheric state (before the measurement is made).
• P (y) is the PDF of the measurement. In practice, it is a normalizing factor and is generally

not needed.

The Bayes theorem thus provides an ensemble of solutions that complies with the measurement
within its noise but also with the prior knowledge of the state of the atmosphere. It gives an
intuition of how the measurement improves the knowledge of the state of the atmosphere. The
OEM will then find the state x̂ for which P (x|y) is maximum. This state is the maximum a poste-
riori (MAP) solution, or, as most commonly used in atmospheric remote sounding, the maximum
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likelihood (ML) solution. Using Bayes theorem and the prior knowledge of the atmosphere, the
MAP can be found for linear problems as follows:

x̂ = xa + (KTS−1ε K + S−1a )−1KTS−1ε (y −Kxa), (3.3.5)

where xa is the a priori profile, and Sa the associated a priori covariance matrix2. K is the
matrix of Jacobians (K = ∂y

∂x
), which describes the sensitivity of the measurement to the targeted

atmospheric parameter at a fixed wavenumber. Finally, Sε is the measurement error covariance
matrix.
The covariance matrix Ŝ associated with the solution x̂ can be calculated following:

Ŝ = (KTS−1ε K + S−1a )−1. (3.3.6)

3.3.3 Characterization of the solution

The OEM provides an adequate framework to evaluate the goodness of the retrieved state Ŝ as it
allows characterizing the retrieval in terms of errors and vertical sensitivity.

3.3.3.1 Errors

The retrieval error is embedded in the covariance matrix Ŝ (Equation (3.3.6)) associated with the
best estimate of the true profile. In particular, the diagonal elements of Ŝ contain the variances
of the elements of the state vector, and so their square roots give the standard deviation of x̂.
Generally, the covariance matrix (including its off-diagonal elements) include various types of
errors, which can be calculated separately:

• The smoothing error is the error due to the smoothing of the retrieved profile compared to
the real one. Indeed, because the instrument does not have an infinite vertical resolution,
it is not able to detect fine vertical structures in the profile. The resulting profile is thus
smoothed, which leads to an error when compared to the real profile.

• The model parameter error is linked to the uncertainties in the parameters b that propagate
in the error budget (see Equation (3.3.1)).

• The forward model error is related to the modeling errors and to the degree of accuracy
of the forward model used in the retrieval. Approximations made in the resolution of the
radiative transfer equation, for example, can lead to errors in the estimation of x̂.

• The retrieval noise is the error caused by the uncertainty on the measurement (i.e. the
noise).

3.3.3.2 Averaging kernels

The vertical sensitivity of the retrieval can be characterized by the averaging kernel functions
(AVK). They can be thought of as smoothing functions, and are a measure of the sensitivity of
the retrieval state to the true state:

A =
∂x̂

∂x
, (3.3.7)

Each row of the averaging kernel matrix A is associated to one level of the retrieval and as such,
indicates the vertical sensitivity of the instrument at that level. Each element of the retrieved
profile x̂ can consequently be seen as the result of a smoothing of the true profile x by its associated
kernel. It can be shown that A can also be written as (Rodgers, 2000):

A = (KTS−1ε K + S−1a )−1KTS−1ε K. (3.3.8)
2The covariance matrix describes how much the variation of each element depends on the variation of the others.

In this case, the a priori covariance matrix describes how much the variation at a certain level of the a priori profile
(for the variable at hand) depends on the variation of the a priori profile at other levels.
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Let us consider an instrument measuring HNO3 on a certain number of vertical layers. Each AVK
is associated to the retrieved HNO3 amount in each layer, and peaks at the altitude at which most
of the information is found. In an ideal case where the instrument would have a perfect vertical
sensitivity to HNO3 in each layer, each AVK would peak at 1 in the middle of the layer it is
associated with and would be zero everywhere else and thus also in adjacent layers (Figure 3.3.1,
left). This would mean that the HNO3 concentrations retrieved in each layer is representative
of the true concentration, and that it is retrieved independently of the concentrations in other
layers. However, this ideal case is not what is observed in reality. Rather, most instruments have a
more or less limited vertical sensitivity (depending mostly on their observation geometry) and the
concentrations in each layer can be strongly correlated with one another (Figure 3.3.1, middle).
This is partly due to the fact that spectral channels do not contain independent information about
the atmosphere (see Weighting function in Section 3.2.2), and partly to the technical characteristics
of the instrument itself. It means that the information on the concentration at one level of the
vertical profile depends on the retrieved concentrations in other layers. Some species, such as
HNO3 measured by IASI and which we study here (Figure 3.3.1, right), are characterized by
AVKs diluted on the whole altitude range from the ground to the upper stratosphere. In that
case, only one level of information can be extracted from the retrieval. This will be discussed
further in Section 5.1.1.

Figure 3.3.1: Averaging kernels: (left) Ideal case for an instrument with a perfect vertical resolution; each
averaging kernel peaks at the altitude it is related to. (middle) More realistic case where the vertical
sensitivity is lower; the information at each level depends on other levels. (right) Averaging kernels for
HNO3 (see also Section 5.1.1).

The degrees of freedom for signal (DOFS) is a related way to characterize the retrieval. It is defined
as the trace of the matrix A and represents the number of independent pieces of information
retrieved (Rodgers, 2000). In the ideal case depicted in Figure 3.3.1 (left), the DOFS would then
correspond to the number of layers in which the variable is retrieved independently from the
others, i.e. 5. Usually, however, as mentioned before, the sensitivity is lower than that, which
results in a DOFS smaller than the number of layers retrieved. In the case of HNO3, and as will
be detailed in Chapter 5, the DOFS is of ∼ 1 (Figure 3.3.1, right).
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CHAPTER 4

Measuring the Earth’s stratosphere
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4.1 A review of stratospheric measurements

The atmosphere and its behaviour have been of growing interest in the scientific community, which
led to the development of many measuring instruments since the 1950s. The first measurements
were obtained by weather balloons launched from the ground that carried an instrument that
could sound the atmosphere in situ up to 30 km altitude. The method is still used nowadays,
because it allows to get a finely resolved vertical profile, but the vertical extent and the horizontal
coverage of the balloons are strong limitations. The same goes for sounding instruments flown on
aircrafts, which are also still widely used for precise measurement campaigns.
An attractive alternative to in situ measurements are those made remotely: as explained in Chap-
ter 3, these are indirect measurements that use radiation and the properties of the atmosphere to
infer some variables (trace gas concentrations) of the atmosphere.
One type of remote-sensing measurements are the ones made from the ground by instruments
pointing upwards towards the top of the atmosphere. There is a large network of such ground
stations around the globe which, when considered together, allow a thorough monitoring of the at-
mosphere with often a rather high vertical resolution. One of these network is the Network for the
Detection of Atmospheric Composition Change (NDACC), which is part of the Global Atmosphere
Watch (GAW) program, supervised by the World Meteorological Organization (WMO). It is an
initiative combining all the measurements of GAW stations, as well as of contributing networks,
with the goal to provide reliable scientific data and information on the chemical composition of
the atmosphere. More on the ground FTIR network will be given in Section 5.2.1.
Atmospheric remote sensing also benefits from sounders embarked on satellites. This technique
is what is mostly used in the present work. This chapter will describe, in more details than in
Section 1.2, how they work and contribute to the monitoring of the stratosphere. While most in-
struments are able to observe both the troposphere and the stratosphere (with sometimes different
resolution), some instruments are designed to monitor preferentially the troposphere, such as the
Tropospheric Monitoring Instrument (TROPOMI) or the Tropospheric Emission Spectrometer
(TES).
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The first satellite ever launched was the Television Infrared Observational Satellite (TIROS), in
1960 by NASA. It operated for only 78 days but, while primarily meant to observe the weather
systems, it demonstrated the feasibility of monitoring the Earth’s atmosphere from space. Fol-
lowing this, the first remote sensors with the specific objective of monitoring the atmosphere’s
composition were the Total Ozone Mapping Spectrometer (TOMS) and the Solar Backscatter Ul-
traviolet Radiometer (SBUV), both launched in 1978 and measuring until 2005 for the first, and
still running for the second (with the second generation instrument SBUV/2). They operate in
the UV spectral range and look in the nadir. Also in the UV is the Global Ozone Monitoring Ex-
periment (GOME) that operated from 1995 until 2011, which was followed by GOME2 launched
in 2006 and that still operates. The GOME series are also nadir instruments measuring for the
first time the complete spectrum from the UV to the visible simultaneously. The Scanning Imag-
ing Absorption spectrometer for Atmospheric Chartography (SCIAMACHY) operated from 2002
until 2012 and combined nadir, limb and sun/moon occultation geometries in the same spectral
ranges up to the short-wave IR. This allowed it to get column values as well as vertical profiles in
the strato- and in the troposphere, for trace gases, aerosols and clouds. Finally, still in the same
series of UV-VIS nadir sensors, the Ozone Monitoring Instrument (OMI) was launched in 2004.
It measures the Earth’s radiation in the visible and UV in a nadir-viewing geometry and provides
information on the major key components of the atmosphere. It laid the basis of TROPOMI,
launched last year (2017), with the objective to probe tropospheric components for air quality
applications.
Apart from instruments measuring in the UV band, there exist several instruments operating in
the IR spectral range. The first worth mentioning is the Interferometric Monitor for Greenhouse
Gases (IMG), which operated only for a few days but made a landmark in showing the potential
to retrieve vertical profiles from nadir IR radiances. It was followed by the successful TES in 2004.
Following this, a series of operational sounders dedicated to support weather predictions, climate,
and atmospheric composition where launched by the American (AIRS) and the European (IASI)
agencies. IASI measurements are at the heart of this thesis. The first of a series of 3 similar
instruments (IASI-A) was launched in 2006. Further details about the IASI mission are given in
Section 4.3.

4.2 Measurements of HNO3 in the stratosphere

Nitric acid has been measured by a variety of instruments since its first observation from infrared
solar absorption spectra in 1968 (Murcray et al., 1968). Ground-based instruments as well as
sounding instruments on board balloons or aircrafts or embarked on satellites or the space shut-
tle have all contributed to the characterization of the HNO3 distributions throughout the lower
atmosphere.
Ground-based FTIR measurements allow precise descriptions of HNO3 vertical profiles. They are
obtained from a variety of stations around the globe, allowing to differentiate various behaviours
depending on the latitude. Ground-based measurements are also often used for validation pur-
poses, owing to their relatively high vertical resolution (Rinsland et al., 1991; Wood et al., 2004;
Fiorucci et al., 2013).
Out of satellite measurements (Austin et al., 1986; Wespes et al., 2007; Orsolini et al., 2009), one
of the most complete data sets has been acquired by the Microwave Limb Sounder (MLS) first on
the Upper Atmosphere Research Satellite (UARS) from 1991 to 1998, then on the AURA satellite
from 2004 onwards. It has allowed detailed analyses of seasonal and interannual variations (Santee
et al., 1999, 2004) but at a coarse horizontal resolution due to the viewing mode. The vertical
resolution of MLS ranges between 3 and 5 km, and the instrument probes the entire altitude
range from the ground to 90 km. However, the HNO3 measurements are considered reliable only
in a narrower altitude range between 11 and 30 km, where the precision on the retrieved volume
mixing ratio is 0.6− 0.7 ppbv (Santee et al., 2007). HNO3 distributions have also been obtained
by the MIPAS instrument on ENVISAT, in the range 14−43 km with a sampling of 3−4 km and
a reported accuracy of 0.2− 0.6 ppbv, and by the ACE-FTS on board SCISAT with even better
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precision (3%) between 10 and 37 km (Piccolo and Dudhia, 2007; Vigouroux et al., 2007; Wang
et al., 2007). Measurements from the SMR instrument on the ODIN satellite made at high vertical
resolution (1.5− 2 km) but with a precision of only 1.0 ppbv over the altitude range 18− 45 km
have not been used much so far for geophysical analyses. Lastly, the IASI instrument used for
this work also allows measuring stratospheric HNO3. It is the only nadir-viewing instrument that
has demonstrated capabilities for probing HNO3 (Wespes et al., 2009). The instrument covers
the globe twice daily and thus provides measurements of HNO3 over the entire globe, including
the polar latitudes, which are of particular interest to us. Furthermore, its temporal sampling is
also very good, allowing for daily measurements to be obtained on every point of the globe. The
technical characteristics of IASI are detailed hereafter.

4.3 The IASI instrument

The Infrared Atmospheric Sounding Interferometer (IASI) is a hyperspectral sounder1 onboard
the Metop satellites circling the Earth in a polar orbit (Clerbaux et al., 2009; Hilton et al., 2012).
Three polar orbiting Metop satellites were designed to collect data for operational meteorology
and climate monitoring. Two of them were launched in 2006 (Metop-A) and 2012 (Metop-B), and
the third one (Metop-C) is planned to be launched in November 2018. Together, they provide long
time series of measurements that will eventually span to up to 18 years (2006-2023). Alongside
the IASI instrument, the Metop platforms also carry other instruments (Figure 4.3.1):

• The Global Ozone Monitoring Experiment-2 (GOME-2) is a UV-visible spectrometer whose
mission is to measure the O3 content and other trace gases in the atmosphere.

• The Advanced Very High Resolution Radiometer (AVHRR) is a visible-IR imaging radiome-
ter used for the global measurement of cloud cover, sea surface temperature, ice, snow and
vegetation cover.

• The Advanced Scatterometer (ASCAT) is a radar developed mainly to measure the wind
speed and direction over oceans.

• The Global Navigation Satellite System Receiver for Atmospheric Sounding (GRAS) is a
radio occultation receiver that sounds the temperature and humidity profiles of the atmo-
sphere.

• The High Resolution Infrared Radiation Sounder (HIRS) is an IR radiometer that measures
the temperature and humidity profiles, the surface temperature, the cloud parameters and
the O3 total column.

• The Advanced Microwave Sounding Unit-A (AMSU-A) is a microwave sounder designed for
the sounding of the temperature profile of the atmosphere at a global scale.

• The Microwave Humidity Sounder (MHS) is a microwave radiometer which provides infor-
mation on atmospheric H2O.

• The Argos Advanced Data Collection System (A-DCS) has the objective to collect and
disseminate ocean data.

• The Search and Rescue Satellite (SARSAT) Aided Tracking system collects and relays emer-
gency signals.

• The Space Environmental Monitor (SEM) provides information on the solar activity and
space weather, which can affect the satellites and instruments.

1A hyperspectral sounder is an instrument capable of measuring the radiation in many spectral channels si-
multaneously (hundreds or thousands). In the TIR, they typically have a spectral resolution around 1 cm−1 or
higher.
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The characteristics specific to the IASI instrument, of interest to our work, are detailed in the
next section.

Figure 4.3.1: The positions of the instruments on the Metop satellite. Figure taken from https://www.
eumetsat.int/.

4.3.1 Characteristics and measurements

The characteristics of IASI combine the requirements associated with its two main objectives:
improve meteorological forecasts (hence a global coverage and high sampling) and contribute
to the measurement of the atmospheric composition (hence a good spectral resolution). It is a
nadir-viewing infrared Fourier transform spectrometer measuring the TIR radiance emitted by the
Earth’s surface and the atmosphere by orbiting the planet at 817 km altitude on average. IASI
collects 120 views every 8 s along the 2200 km swath across to the satellite track (15 fields of view
on each side of the nadir) and in this way provides global coverage twice a day, with one overpass
in the morning and one in the evening, at 09:30 Equator-crossing time. With an effective field of
view composed of 2× 2 circular footprints (pixels), each of 12 km diameter, the spatial resolution
varies from 113 km2 at nadir to 400 km2 at the end of the swath.

Figure 4.3.2: Field of view of the IASI instrument. Figure taken from Hilton et al. (2012).

The instrument covers a TIR spectral range extending from 645 to 2760 cm−1. Within that range,
IASI measures in 8761 spectral channels, which thus gives a spectral sampling of 0.25 cm−1. Note
that the instrument resolution varies between 0.35 and 0.5 cm−1 (due to auto-apodization effects
of level 1B) and that, for easier handling of the spectra, these are apodized by a Gaussian function
to get a uniform line width of 0.5 cm−1 at level 1C. Note also that the 8461 spectral channels are
sounded by three different detectors, each measuring the spectrum in a distinct spectral range:
645− 1210 cm−1, 1210− 2000 cm−1 and 2000− 2760 cm−1 .
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The IASI instrument also features a low apodized radiometric noise, as is shown in Figure 4.3.3.
It is of 2× 10−6.W.m−2.sr−1.m below 1200 cm−1, then drops to around 4× 10−7.W.m−2.sr−1.m
between 1200 cm−1 and 1900 cm−1, and to 1− 2× 10−7.W.m−2.sr−1.m between 1900 cm−1 and
2760 cm−1. It can also be expressed in difference of brightness temperature (blue curve); in that
case, the radiometric noise is around 0.2 K below 2200 cm−1, except for the 1800–2000 cm−1

range, where it reaches 0.3 K. Note that in the 1150–1500 cm−1 range, the noise is smaller than
0.1 K. From 2200 cm−1, the noise increases rapidly towards the near-IR spectral range.

Figure 4.3.3: IASI radiometric noise expressed in radiance (black) and in brightness temperature difference
(blue). A reference temperature of 280 K was considered for the conversion. Figure taken from Clerbaux
et al. (2009).

Approximately 1.3 million spectra are recorded everyday by the IASI sounder. In their raw form,
they are interferograms, corresponding to data of level 0. Directly following the measurement,
they are converted on the Metop platform into spectra by an inverse Fourier transform (data of
level 1A). Other transformations are applied (mostly calibrations and apodization) to give cali-
brated spectra of level 1C that can be distributed to users. Those spectra are available in near
real-time through the EumetCast distribution service (EUMETSAT Data Distribution System)
in place since June 2007. Level 2 meteorological data are also distributed by EumetCast (after
retrieval by the EUMETSAT L2 Product Processing Facility (PFF)), and include temperature
and humidity profiles, as well as surface and clouds properties. It should be noted that there was
an abnormally small amount of IASI L2 data distributed by EUMETSAT between September 14
and December 2, 2010 (Van Damme et al., 2017), and that this period is thus not taken into
account in the analyses of time evolution that were undertaken in this work.
Figure 4.3.4 shows a normalized IASI spectrum over the whole spectral range and the various at-
mospheric species detected by the instrument (represented as transmittances). In total, more than
20 atmospheric species can be identified with IASI, and many of them are continuously monitored
and studied. As can be observed, the most absorbing species is water vapor (several isotopes are
seen, namely H16

2 O, H18
2 O and HDO, Lacour et al. (2012)) which has strong spectral lines over

most of the spectrum but especially between 1200 and 2200 cm−1. Also contributing largely to
the transmittance are the climate gases N2O, CO2 and CH4 (Crevoisier et al., 2009, 2013), for
which the retrievals have allowed to retrace the tropospheric evolution of their concentrations. CO
and O3, two other large absorbers, are retrieved in near-real-time by FORLI (see next section),
and have been extensively studied (George et al., 2009; Wespes et al., 2009; Bauduin et al., 2017;
Wespes et al., 2017). Other atmospheric constituents, despite their weaker spectral signature, are
also captured by IASI on single observations, such as HNO3 for example, which absorbs radiation
in the 860 − 900 cm−1 spectral window (Ronsmans et al. (2016), see also Section 3.1.4.1). It is
also retrieved by FORLI.
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Figure 4.3.4: (top) Radiance spectrum (in normalized units) measured by IASI/Metop in the spectral
region 645− 2760 cm−1. (four bottom panels) Radiative transfer transmittance simulations for the main
absorbing gases observed by IASI (note the varying scale). Figure taken from Clerbaux et al. (2009).

Also measured by IASI are the species detected only locally such as SO2 , NH3 and some volatile
organic compounds (VOCs; e.g. HCOOH, CH3OH, ...). Because of their weaker spectral signal,
their detection requires large concentrations to be emitted in plumes after extreme events (e.g.
volcanic eruptions, biomass burnings or strong emission episodes). Global distributions of NH3

(Van Damme et al., 2014; Whitburn et al., 2016), HCOOH and CH3OH (Razavi et al., 2011), and
of anthropogenic SO2 (Bauduin et al., 2016) were acquired successfully.
Finally, IASI also allows the detection of various types of dust, as well as their differentiation
according to their composition (Clarisse et al., 2013).

4.3.2 Fast Optimal Retrievals on Layers for IASI

The Fast Optimal/Operational Retrievals on Layers for IASI (FORLI) is an algorithm developed
at ULB to retrieve, from IASI level 1C radiances and in near-real-time, the total columns and
vertical profiles of trace species in the atmosphere (Hurtmans et al., 2012). FORLI now retrieves
vertical profiles for CO, O3, NH3 and HNO3 in near-real time from IASI observations. It includes a
radiative transfer model (see Section 3.2) and uses the Optimal Estimation Method (Section 3.3.2)
to solve the inverse problem. For the resolution of the radiative transfer, rather than resolving
line-by-line, FORLI uses tables of pre-calculated absorption cross sections (Look-Up Tables, LUT)
calculated for various pressure-temperature conditions, which allows faster calculations. Finally,
the retrieval parameters are fixed and described for each species independently. The ones for
FORLI-HNO3 are described hereafter.
FORLI-HNO3 provides HNO3 profiles on 41 layers (from 0 to 40 km altitude). The spectral range
is 860 − 900 cm−1, in which only water vapor significantly interferes with HNO3. Water vapor
is adjusted as a column to improve the spectral fits in that range, and the uncertainty on the
water vapor column induces only small errors on the retrieved HNO3 concentrations. The surface
temperature, also taken from EUMETSAT L2 PPF, is adjusted too, while the temperature and
pressure profiles distributed by EumetCast are kept fixed. For surface emissivity, FORLI relies on
the climatology built by Zhou et al. (2011) using several years of IASI data, which is also a fixed
parameter in the retrieval. It should be noted that a misrepresentation of surface emissivity can
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cause large errors in the retrieval, especially for desert surfaces. Statistical constraints are applied
on the HNO3 profile, following the framework of the OEM: the a priori profile xa is defined as
the mean of a combination of daily profiles from the global LMDz-INCA chemistry transport
model (from the ground up to 15.6 km, over one year) and of all the profiles obtained from ACE-
FTS (from 6 to 60 km, over 2004 − 2006). The resulting mean profile is thus representative for
the globe and all seasons; the same a priori profile is thus used for all observations around the
globe (Figure 4.3.5, left). The variance-covariance matrix Sa from the ensemble of profiles is
then calculated (Figure 4.3.5, right) and yields high variability in the boundary layer (170%) and
in the UTLS region (80%), and lower variability in the troposphere and the stratosphere (50%
and 20% respectively) (Wespes et al., 2009; Ronsmans et al., 2016). An uncorrelated noise of
2× 10−8.W.cm−2.sr−1.cm is assumed for Se (diagonal with the same σε elements).
The characterization of the FORLI-derived HNO3 profiles is detailed as part of the results of this
work, Section 5.1 .

Table 4.1: Retrieval settings used for the retrieval of HNO3 concentrations, using the FORLI-HNO3

software, updated from Wespes et al. (2009).

Parameter Value
Spectral range 860− 900 cm−1

xa LMDz-INCA (ground−15.6 km), ACE-FTS (6− 60 km)

Sa 0.5 km: 170%; 5− 10 km: 50%; 10− 20 km: 80%; 20− 41 km: 20%

σε 2× 10−8.W.cm−2.sr−1.cm

Surface temperature L2 EUMETSAT PPF

Temperature profile L2 EUMETSAT PPF

H2O L2 EUMETSAT PPF

Emissivity Zhou et al. (2011)
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Figure 4.3.5: (left) A priori vertical profile of HNO3 used in FORLI, and its 1σ associated variability
shown as error bars (square root of the diagonal elements of Sa). (right) A priori covariance matrix Sa

used in FORLI.
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CHAPTER 5

Characterization, validation, and comparisons with models

Contents
5.1 Characterizing FORLI-HNO3 . . . . . . . . . . . . . . . . . . . . . . . . 64

5.1.1 Profiles and vertical sensitivity . . . . . . . . . . . . . . . . . . . . . . . . 64
5.1.2 Error budget . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 66

5.2 Validating FORLI-HNO3 . . . . . . . . . . . . . . . . . . . . . . . . . . . 67
5.2.1 The NDACC network and the FTIR instruments . . . . . . . . . . . . . . 67
5.2.2 Validation methodology: co-location criteria and smoothing . . . . . . . . 68
5.2.3 Profiles and time series comparisons . . . . . . . . . . . . . . . . . . . . . 70

5.3 Comparison with models . . . . . . . . . . . . . . . . . . . . . . . . . . . 75
5.3.1 IASI vs NIWA-UKCA . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 75
5.3.2 IASI vs BASCOE . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 80

The IASI-derived HNO3 data set used in this work consists in vertical profiles retrieved by the
FORLI software from 2008 until the end of 2017. The FORLI algorithm, which has been described
in Section 4.3.2, operates in near real-time. Before this data set can be used for geophysical
analyses, it needs to be characterized in terms of errors and sensitivity. The first section of this
chapter treats these two aspects (errors and sensitivity) in a theoretical way, using the formalism
of the Optimal Estimation Method, and ultimately characterizes how good the retrievals are
compared to the true HNO3 profiles and distributions.
The following section (5.2) then details the validation effort that was undertaken, a necessary step
towards using any data set with confidence. Such validation is achieved by the comparison with
measurements obtained from FTIR ground-based instruments. The results of the first and second
sections have been published and can also be found in Ronsmans et al. (2016).
Finally, the last section of the chapter covers the comparison of the IASI HNO3 data set made
with other data sets, particularly a model and a data-assimilated model. We show how much
progress still needs to be achieved regarding the representation of HNO3 distributions in climate
models.
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5.1 Characterizing FORLI-HNO3

5.1.1 Profiles and vertical sensitivity

The FORLI-HNO3 profiles are retrieved on 41 1-km layers from 0 to 40 km altitude. Examples
of vertical profiles retrieved from FORLI are given in Figure 5.1.1 for three typical latitudinal
regions: the tropics (left), the mid-latitudes (middle) and the polar regions (right). The retrieved
profiles are in black, and the figure also shows the a priori profile in red, which is the same
in every location, as explained in Section 4.3.2. The top panels show the profiles expressed
in molecular density, while the bottom panels are in VMR. We can see that the profiles show
small concentrations in the troposphere, particularly below 10 km altitude, with concentrations
around 0.3×1010 molec.cm−3 (∼ 0.25 ppb). In the upper troposphere/lower stratosphere (UTLS),
concentrations start increasing, with maximum values in the stratosphere around 20 km altitude.
There, HNO3 concentrations range between 0.5×1010 molec.cm−3 (∼ 5 ppb) at low latitudes and
1.6× 1010 molec.cm−3 (∼ 9.5 ppb) in the polar regions. As can be observed, it is also the region
where there is the most significant departure of the retrieved profiles from the a priori information.
This is explained by the large sensitivity allowed in the Sa covariance matrix (Section 4.3.2 and
Figure 4.3.5) in that region of the atmosphere, as is discussed next. In the top region of the
profile, concentrations decrease again and go back to a priori values around 0.5×109 molec.cm−3

(∼ 0.5 ppb). The highest concentrations are thus recorded in the stratosphere, around 20 km
altitude, and it is also visible from Figure 5.1.1 that there is a strong concentration gradient from
low to high latitudes. Indeed, higher concentrations are found in the polar regions, as was known
from several studies (e.g. Santee et al., 1999, 2007; Wespes et al., 2007). This aspect will be
discussed further in Chapter 6.
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Figure 5.1.1: Example of IASI HNO3 vertical profiles for July at three locations in the Northern Hemi-
sphere: in the tropical regions (28.9° N, 16.8° W), the mid-latitudes (47.5° N, 40.5° E), and the polar regions
(71.0° N, 97.5° W). The a priori profile and a priori 1σ variation (horizontal bars) are represented in red,
and the retrieved profile and its error are in black. The concentrations are expressed in molecular density,
i.e. molec.cm−3 (top panels), and in volume mixing ratio (ppbv, bottom panels). The black dashed line is
the altitude of the tropopause, calculated as the lapse-rate tropopause.
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As mentioned, the vertical sensitivity of the instrument also plays a major role in the profile
retrieval. To characterize the vertical sensitivity of the retrieved HNO3 vertical profiles, averaging
kernels are used, which define, for each level of the retrieval, where the information at that level
comes from (see Section 3.3.3.2). They are shown in Figure 5.1.2 for the corresponding profiles of
Figure 5.1.1. They show similar shapes at every latitude and cover the whole range of altitudes
from the surface to the upper stratosphere. As we explained in Section 3.3.3.2, the overlap between
the individual layer kernels shows that there is a limited amount of vertical information, with the
information from each layer "diluted" on the whole vertical profile. In addition, the quasi-absence
of sensitivity in the lower troposphere below 5 km is obvious, with absolute values of the AVK
close to zero. This confirms our previous observation that the retrieved profile stays close to the
a priori at lower altitudes. Also, the AVKs show that the maximum sensitivity is around 15 km
altitude, slightly higher at tropical latitudes in comparison to polar latitudes. It corresponds to the
maximum concentrations observed in Figure 5.1.1. Hence, there is a maximum sensitivity at the
altitude where the largest HNO3 concentrations are recorded, i.e. the low to middle stratosphere.

0 0.05 0.1 0.15

100

101

102

103

Pole

DOFS=1.00

0

10

20

30

40

A
lti

tu
de

 (
km

)

-0.1 0 0.1 0.2

200
400
6008001000

Thule

DOFS=2.87

0

10

20

30

40

A
lti

tu
de

 (
km

)

Total AVK/10
Sensitivity/10

0 0.05 0.1 0.15

100

101

102

103

Midlatitude

DOFS=1.09

0

10

20

30

40

-0.1 0 0.1 0.2
103

Jungfraujoch

DOFS=1.63

0

10

20

30

40

0 0.05 0.1 0.15

100

101

102

103

P
re

ss
ur

e 
(h

P
a)

Tropics

DOFS=1.05

0

10

20

30

40

-0.1 0 0.1 0.2
103

P
re

ss
ur

e 
(h

P
a)

Izaña

DOFS=2.07

0

10

20

30

40

Figure 5.1.2: Example of IASI HNO3 averaging kernels for July at the same locations as in Figure 5.1.1,
expressed in column units (molec.cm−2). The DOFS values are specified on each graph, and the total
column averaging kernel is represented by the black dashed line. The red line is the sensitivity and the
coloured dots represent the altitude to which each kernel corresponds.

Also represented in Figure 5.1.2 is the sensitivity (in red). The sensitivity at altitude i is calculated
as the sum of the elements of the corresponding averaging kernel columns,

∑
iAij (with A the

averaging kernels matrix), and represents, for each level, the fraction of the retrieval that comes
from the measurement rather than from the a priori profile (Vigouroux et al., 2007). It is clear that
the region of the profile where the retrieval is the most independent from the a priori is located
between 10 and 25 km altitude. It should be noted that the sensitivity in that region of the vertical
profile even exceeds the value of 1 at all latitudes, indicating that the instrument is compensating,
at these altitudes, the lack of sensitivity at others. As opposed to this sensitivity, the total
averaging kernel (dashed black lines) is calculated as

∑
j Aij and represents the contribution of

every level to the sensitivity at a given altitude i.
From the AVKs, we can thus conclude that the IASI instrument does not carry several independent
pieces of vertical information for HNO3 and that only one column can be isolated from the vertical
profile. The choice of the partial column to consider for the analyses of the data set is discussed
further in Section 5.1.2. The DOFS of ∼ 1 obtained for the three examples in Figure 5.1.2 is a
feature observable everywhere on the globe, as can be seen from Figure 5.1.3, top panels, which
show the DOFS on a 1× 1° grid for January (left) and July (right) 2011. On average, the values
range between 0.9 and 1.2, with some latitudinal differences; the DOFS in the mid- and polar
latitudes are generally around 0.9, while they reach values around 1.1 or slightly more in the
intertropical belt. This is due to larger surface temperatures (middle panels) inducing a better
signal-to-noise ratio in the measurements. However, it should be noted that the larger values of
DOFS, particularly those found in the deserts, might also be artifacts partially attributed to the
misrepresentation of the emissivity of these surfaces (Hurtmans et al., 2012). Another pattern
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of interest is that of the altitude of maximum of sensitivity, around 15 − 20 km according to
Figure 5.1.2, which we find to vary with latitude and season (Figure 5.1.3, bottom panels). It is
at higher altitude (∼ 23 km) for the winter hemisphere, and at lower altitude (∼ 10 km) in the
summer hemisphere, probably owing to the higher surface temperature during the summer, which
increases the sensitivity to lower stratospheric (-upper tropospheric) layers. At equatorial and
tropical regions, the maximum sensitivity is around ∼ 15 km altitude, regardless of the season.

Figure 5.1.3: For January (left) and July (right) 2011: (top) Global distribution of the DOFS for FORLI-
HNO3. (middle) Global distribution of surface temperature (in K). (bottom) Global distribution of the
altitude of maximum sensitivity (km) of the IASI HNO3 retrievals, understood as total averaging kernels
(see text for details).

5.1.2 Error budget

The OEM also enables characterizing the retrieved profiles in terms of errors. As detailed in
Section 3.3.3.1, the total error can be divided into various components: the smoothing error, the
model parameter error, the retrieval noise error and the forward model error. In this work, only
the smoothing and the measurement errors were considered. We did not attempt to quantify
the error on the forward model (which will mostly be included in the measurement error), and
the uncertainties on the fixed parameters are not taken into account in the routine processing of
FORLI (Hurtmans et al., 2012). Figure 5.1.4 shows the contribution of the various types of error
(left), and the global distribution of the total retrieval error (right). From the left panel, we see
that the smoothing error (blue) is by far the main source of retrieval error over the entire altitude
range, accounting for almost all of the total error (black). The error in the low troposphere is
almost equal to the a priori uncertainty (red, square-root of the diagonal elements of A), meaning
that no information on HNO3 profile is obtained from the IASI measurement at these altitudes, in
agreement with the low values of the averaging kernels. The total error decreases with increasing
altitude, reaching minimum values of about 20% around 20 km, where the sensitivity is highest.
Comparing it to the a priori covariance shows that the precision is in fact increased mainly
between 5 and 25 km altitude, and especially around 14 km where the reduction of error reaches
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almost 50 %. Above 30 km, the gain of information is again minimal. The measurement error
(orange) is a minor source of error; it reaches a maximum of 30 % in the boundary layer and
quickly becomes negligible above 10 km. The total retrieval error on the total column ranges
between 5 and 50 %, depending on latitude, with a mean value of 10 %. When calculated for
various partial columns, it clearly appears that the tropospheric column carries the largest error
(62 %), whereas the error is lower for the total or the stratospheric (8 %) columns. The column
ranging from 5 to 35 km altitude was found to be the one carrying globally most of the retrieval
information, and hence showing the smallest average total retrieval error (3 %). When looking
at the spatial distribution of total retrieval error for that partial column (right panel), we see
that the errors are clearly larger at tropical latitudes, with values around 10− 15%, mainly owing
to the higher concentrations of water vapor, which interferes with the absorption lines of HNO3

in the TIR. The mid- and polar latitudes are characterized by lower total retrieval errors, with
maximum values of about 5 %. The large errors found in Antarctica are most probably due to
a combination of decreased signal-to-noise ratio above cold regions (leading to less sensitivity),
and to a misrepresentation of the surface emissivity (leading to increased measurement error).
Particularly, the changes in ice texture according to the season and the formation and melting of
sea ice at the edges of the continent lead to errors, especially because a fixed emissivity is used
for all seasons. This happens to be a recurrent issue throughout this work; it will be mentioned
but not detailed any further.
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Figure 5.1.4: (left) Error profiles for FORLI-HNO3 shown in %. The total retrieval error is in black, the
measurement error in orange and the smoothing error in blue. The a priori uncertainty (the square root
of the diagonal elements of Sa) is in red. Also shown are the error values for various partial columns (the
tropopause height was taken as the lapse-rate tropopause for tropospheric and stratospheric columns).
(right) Spatial distribution of the total retrieval error (%) on the 5− 35 km HNO3 column.

5.2 Validating FORLI-HNO3

5.2.1 The NDACC network and the FTIR instruments

As previously said, the NDACC is a network of ground-based stations globally distributed. There
are over 70 remote-sensing research stations with more than 160 active instruments providing
high quality, long-term measurements of atmospheric temperatures, trace gases and particles, for
detection of trends and understanding of their impacts on the atmosphere. They are often used for
validation purposes (e.g. Wood et al., 2002; Vigouroux et al., 2007; Wang et al., 2007; Wolff et al.,
2008) and provide a good, standardized framework for comparisons with satellite measurements.
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For our study, six stations routinely operating FTIR
instruments were chosen so as to represent a large
range of latitudes: Thule (76.5° N, 69.0° W), Kiruna
(67.8° N, 20.4° E), Jungfraujoch (46.6° N, 8.0° E), Izaña
(28.3° N, 16.5° W), Lauder (45.0° S, 169.7° E), and Ar-
rival Heights (77.8° S, 166.7° E). The FTIRs provide
data year round for all six stations, except at high lati-
tudes (Thule and Arrival Heights in our case) where the
lack of light prevents solar measurements during winter,
making it impossible to monitor the winter processes.
The location of each station is displayed in Figure 5.2.1,
and details on the operating instruments and retrieval
algorithms are given in Table 5.1

Figure 5.2.1: Location of the six sta-
tions used for the validation. From North
to South: Thule, Kiruna, Jungfraujoch,
Izaña, Lauder and Arrival Heights.

Table 5.1: NDACC stations selected for the HNO3 validation and their location, coordinates and altitude
(in meters above sea level). The instrument and retrieval code are specified for each station, as well as the
microwindows and DOFS for total columns. References for further details are listed in the first column.

Stations
(References)

Location Coordinates Altitude
(m a.s.l)

Instrument Retrieval code Microwindows
(cm−1)

DOFS

Thule
(Hannigan et al., 2009)

Greenland 76.5° N, 69.0° W 225 Bruker
120M

SFIT2 867.5− 870.0 3.1± 0.4

Kiruna
(Blumenstock et al., 2006)

Sweden 67.8° N, 20.4° E 419 Bruker
125HR

PROFFIT9 867.0− 869.6
872.8− 875.2

3.0± 0.4

Jungfraujoch
(Mahieu et al., 1997);
(Zander et al., 2008)

Switzerland 46.6° N, 8.0° E 3580 Bruker
120HR

SFIT2 868.5− 870.0
872.25− 874.0

1.9± 0.5

Izaña
(García et al., 2012);
(Schneider et al., 2005)

Canary Islands 28.3° N, 16.5° W 2367 Bruker
125HR

PROFFIT9 867.0− 869.6
872.8− 875.2

2.3± 0.3

Lauder New Zealand 45.0° S, 169.7° E 370 Bruker
120HR

SFIT4 867.05− 870.0
872.25− 874.0

2.0± 0.3

Arrival Heights Ross Island
Antarctica

77.8° S, 166.7° E 200 Bruker
120M

SFIT4 867.05− 870.0
892.25− 874.0

1.9± 0.4

All instruments are Bruker spectrometers (see Table 5.1 for differences according to station), and
the algorithms used for the retrieval of HNO3 profiles are PROFFIT (Hase et al., 2004) for Kiruna
and Izaña, SFIT2 (Pougatchev et al., 1995; Rinsland et al., 1998) for Thule and Jungfraujoch,
and SFIT4 (Pougatchev et al., 1995) for Lauder and Arrival Heights. The three algorithms use
the optimal estimation method, which facilitates the comparison with IASI. At all stations, the
microwindows used for the retrieval are in the region 866 − 875.2 cm−1, and the DOFS range
between 1.9± 0.5 (Jungfraujoch) and 3.1± 0.4 (Thule). Contrary to the FORLI-HNO3 retrieval,
the a priori profiles are specific to each station, but independent of the season. Spectroscopic line
parameters were all taken from the HITRAN 2008 database (Rothman et al., 2009), as opposed
to IASI retrievals for which the HITRAN 2004 database (Rothman et al., 2005) was used for these
data. The differences this might induce should be kept in mind when interpreting the results of
the comparison between the two types of instrument.

5.2.2 Validation methodology: co-location criteria and smoothing

While the IASI and the FTIR instruments show some similarities in terms of spectral range and
retrieval method, they still are different instruments measuring different places of the globe at
different times. The first step towards a consistent comparison between data sets is to establish
criteria to allow the measurements to be co-located in time and space. The validation was per-
formed in the framework of this thesis for the year 2011 only. The time co-location criteria was
chosen after several tests as ≤ 12 h, meaning that the IASI measurement must have been taken
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within 12 hours of the FTIR measurement. For the spatial co-location, the line of sight of the
FTIR measurement was calculated, as well as the point along that line where the sensitivity is
highest (i.e. where the total averaging kernel reaches a maximum, see Figure 5.2.2 for an example
at Thule). For each station, a wide "box" was considered (approximately 10° of latitude and 25°
of longitude), and the location of the maximum sensitivity along the line of sight within that box
determines the reference point for the co-location with the IASI measurements. The spatial crite-
ria was chosen so that the IASI measurement should be within 0.5° in latitude and 1° in longitude
from the FTIR reference point. If more than one IASI measurement was satisfying these criteria,
then all IASI retrieved profiles within that spatial and temporal window were averaged. Each pair
(FTIR-co-located IASI) undergoes the validation steps described hereafter and in Rodgers and
Connor (2003).

Figure 5.2.2: Line of sight of a FTIR measurement at the Thule station (red). The star indicates the point
with maximal sensitivity. Figure by Bavo Langerock, personal communication.

The IASI and the FTIR instruments, via their technical properties and observing modes, feature
a very different vertical sensitivity, as can be seen from the DOFS in Table 5.1 and further shown
in Figure 5.2.3. The FTIR retrievals are characterized by a better vertical sensitivity than the
IASI ones, with each averaging kernel peaking closer to its corresponding layer, and a larger total
DOFS. Nevertheless, the averaging kernel associated with the total column (black dashed lines)
shows a maximum around 100 hPa for IASI and the FTIRs at all latitudes. The sensitivity of the
FTIR (red lines) shows a particular pattern in Thule, with two maxima on the profile; one around
100 hPa (similar to the one observed for IASI), and one around 20 hPa, which would suggest that
the measurement is sensitive to variations in HNO3 concentrations in both these regions of the
atmosphere.
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Figure 5.2.3: Same as Figure 5.1.2 but for the FTIR instrument. These AVKs correspond to the measure-
ments co-located with those of IASI from Figures 5.1.1 and 5.1.2.
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In order to compare the FTIR and the IASI retrieved profiles, the measurements with the highest
sensitivity need to be "degraded" in order to have a similar vertical sensitivity to that with the
lowest. In our case, the FTIR measurement thus needs to be smoothed, and this is done using the
method of Rodgers and Connor (2003). First, the IASI a priori is inserted in the FTIR profile:

xfi = xf + (Af − I)(xaf − xai), (5.2.1)

where xfi is the FTIR profile aligned with the IASI a priori xai, xf is the raw FTIR profile, xaf
the a priori FTIR profile, and Af is the FTIR averaging kernel matrix.
Next, this aligned FTIR profile is interpolated onto the IASI altitude grid and the standard
smoothing equation is applied, using the IASI averaging kernel and a priori :

xfs = xai + Ai(xfr − xai), (5.2.2)

where xfs is the smoothed version of xf , xfr is the regridded FTIR profile (obtained from xfi)
and Ai is the IASI averaging kernel matrix.
For comparing the two data sets, two quantities are used; the relative difference between the
derived profiles:

xD(%) =
(xi − xfs)

xfs
× 100, (5.2.3)

with xD the relative difference profile and xi the IASI profile. Then, the standard deviation is
calculated to characterize the variability:

σxD =

√√√√ 1

N − 1

N∑
j−1

(xDj − x̄D)2, (5.2.4)

with N the number of observations, xDj the difference between IASI and FTIR values for the jth
observation, and x̄D the mean of differences for all measurements

5.2.3 Profiles and time series comparisons

5.2.3.1 Vertical profiles

The comparison of the HNO3 mean vertical profiles retrieved from IASI and the FTIRs for each
station is presented in Figure 5.2.4., with the six panels on the left showing the comparison be-
tween the profiles, and the bottom-right panel showing the mean relative differences (%) between
the IASI and the smoothed FTIR profile for each station. From Figure 5.2.4., we see that the
raw FTIR profile (black profile) is generally very different from the IASI profile, but that the
regridding and smoothing (green profile) with the IASI averaging kernels brings the two profiles
much closer together, with differences generally below 50 % at all altitudes, and maximum differ-
ences in the UTLS (see bottom-right panel). At the higher latitudes (Thule and Arrival Heights),
the differences in the profiles are always below 20 %. Overall, the troposphere and the upper
stratosphere have smaller relative differences, but this is misleading as it is in most part related
to the low vertical sensitivity at these altitudes, forcing the retrieved profiles to remain similar
to the a priori. As can be seen in Figure 5.2.4. and as is detailed in Table 5.2, the maximum
values for the relative differences are located in the low stratosphere (around 13 km altitude),
where the sensitivity of IASI to the measurement is largest. These differences are always positive,
suggesting an overestimation of the IASI-derived HNO3 concentrations in the UTLS, compared
to the FTIR data. Important differences between IASI and the smoothed FTIR are also found in
the boundary layer, especially in Kiruna (−11.8 %), Jungfraujoch (19.7 %), and Arrival Heights
(45.7 %), and probably do not reveal a real difference, but rather an artifact due to the regridding,
with potentially a different altitude taken as ground level for the two instruments.
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Figure 5.2.4: (left) For
each station: IASI (red),
raw FTIR (black) and
regridded and smoothed
FTIR (green) mean pro-
files. Also shown are the
IASI and FTIR a pri-
ori profiles (dashed lines,
red and black, respec-
tively. (bottom) Rela-
tive differences between
the IASI and the FTIR
smoothed profiles.

It is worth underlining here that an overestimation of IASI measurements compared to ground-
based measurements in the UTLS has also been found for O3 vertical profiles (Dufour et al., 2012;
Gazeaux et al., 2013; Boynard et al., 2016). While some hypotheses have been given in Dufour
et al. (2012), the exact reason for that particular feature of FORLI for HNO3 and O3 retrievals is
not clear. The loose constraint applied to the retrieval at these altitudes, combined with a lack of
vertical sensitivity, could be one reason for the overestimation in the UTLS, as it might be that
the UTLS concentrations are overestimated to compensate the low values in the rest of the profile.

Table 5.2: For each station: minimum and maximum values of relative differences (%) between HNO3

IASI and FTIR smoothed profiles. The value between brackets is the altitude (km) of minimum/maximum
relative difference between profiles.

Minimum (%)
[altitude (km)]

Maximum (%)
[altitude (km)]

Thule 0.4 [22] 12.5 [13]
Kiruna -0.1 [24] 18.0 [13]
Jungfraujoch 0.1 [37] 25.8 [12]
Izaña 0.2 [2] 45.0 [13]
Lauder 0.7 [39] 37.2 [12]
Arrival Heights 0.3 [4] 1.8 [13]
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5.2.3.2 Partial columns

As noted in Section 5.1.2, the IASI columns record the smallest errors for the partial column
5−35 km. For that reason, this partial column is used for the validation against the FTIRs, when
considering time series of HNO3 columns for the year 2011. Figure 5.2.5 shows the comparison for
each station between the IASI 5 − 35 km columns (red) and the corresponding raw (black) and
smoothed (green) FTIR columns. Each grey point represents a daily mean of all IASI observations
recorded in the area around the FTIR station (the predefined "box" around each station), with a
3σ confidence interval around each grey point. The IASI a priori is also represented (grey dashed
line) for each station. Note that the temporal variability of the IASI a priori (while we have
specified that it is fixed across time and space) is due to its representation in column units, making
it dependent on the air column at the time of measurement. The bottom panel for each station
shows the relative differences between raw and smoothed data sets. The statistics associated to
this comparison are provided in Table 5.3. For all stations and all measurements, we find that the
FTIR column values are within the IASI total retrieval error range (see red error bars), with mean
values of HNO3 partial columns very similar between the two instruments (Table 5.3, columns
4 and 5). Considering the smoothed columns, IASI is however always positively biased, with
bias values between 4.0 % in Thule and 16.3% in Lauder, and with an overall bias (all stations
together) of 10.5%.

Table 5.3: For each station: mean relative differences (bias) in %, calculated as
[x (%) = (IASI− FTIR)/FITR× 100] for smoothed FTIR partial columns, standard deviation (SD) of
differences between IASI and smoothed FTIR, mean values for both data sets, number of comparison
pairs, and correlation coefficient between IASI and smoothed FTIR.

Stations Bias (%) SD (%) Mean IASI
(molec.cm−2)

Mean FTIR
(molec.cm−2)

# pairs R

Thule 4.0 9.7 2.3× 1016 ± 0.5 2.2× 1016 ± 0.4 151 0.84
Kiruna 8.6 11.9 2.4× 1016 ± 0.4 2.2× 1016 ± 0.4 206 0.81
Jungfraujoch 13.9 9.3 1.9× 1016 ± 0.3 1.7× 1016 ± 0.3 583 0.91
Izaña 9.2 9.8 1.1× 1016 ± 0.2 1.1× 1016 ± 0.1 256 0.74
Lauder 16.3 11.9 1.7× 1016 ± 0.3 1.4× 1016 ± 0.3 80 0.81
Arrival Heights -0.8 15.9 1.4× 1016 ± 0.4 1.4× 1016 ± 0.3 75 0.78
All stations 10.5 11.5 1351 0.93

The only exception is found in Arrival Heights, where the bias is slightly negative, and consistent
with the relative difference observed in the profiles (Figure 5.2.4., bottom right, dark green) which
oscillates around zero.
The smoothing of the FTIR data is particularly important for the comparison with IASI obser-
vations at Izaña, where the bias decreases from 21.3 to 9.2% going from the unsmoothed to the
smoothed FTIR. Being the station with the largest difference between the FTIR and the IASI a
priori profiles (see dashed lines in Figure 5.2.4.), Izaña is a good example of the influence of the
a priori profile on the retrievals.
Other than that, the bias is generally relatively small, and the comparison between the two data
sets is conclusive.

72 G. Ronsmans



5.2 Validating FORLI-HNO3

Looking at all stations, the standard deviation of the differences is larger than the bias at Thule,
Kiruna, Izaña and Arrival Heights, suggesting that the bias is non-significant compared to the
variability (Kerzenmacher et al., 2012). The reason for the different behaviour for Jungfraujoch
and Lauder mid-latitude stations is unclear at this point but, seeing that the biases at both
stations are within the uncertainty range of both IASI and the FTIRs, we did not investigate this
further. The time series in Thule and Arrival Heights, and to some extent, Kiruna, highlight how
important it is to have instruments able to measure in the absence of light to capture the winter
polar processes. Indeed, it appears clearly from Figure 5.2.5 that the seasonality at these high
latitudes is totally absent in the FTIR data set. The capability of IASI to monitor HNO3 during
the polar night is unique and exploited in this work to shed new light on the polar processes at
play in the stratosphere.
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Figure 5.2.5: Comparison of IASI and the corresponding FTIR partial (5−35 km) columns for each station.
(top panels) IASI (red), raw FTIR (black), and smoothed FTIR (green). The vertical error bars are the
retrieval total error for each instrument. Also represented (grey) is the IASI data set averaged over a small
region around the FTIR location (see text for details) and the standard deviation for each data point (grey
shaded areas). The IASI a priori partial column is represented by the dashed grey line. (bottom panels)
Relative differences (dots), bias (dashed lines) and standard deviation (dotted lines) between IASI-raw
FTIR (black) and IASI-smoothed FTIR (green).
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Figure 5.2.6 summarizes the results from the partial column validation by showing (top) the
correlation between IASI and FTIR data for all stations, and (bottom) the relative differences in
the columns in the time evolution. The stations are identified by a different colour. We find an
overall correlation coefficient of 0.93, showing that IASI captures very well the dynamic range of
variability for the column, which varies between 0.9× 1016 and 4× 1016 molec.cm−2. The relative
differences in the bottom panel clearly illustrate the slight positive bias of IASI, but also that the
bias does not show any particular seasonality.
In summary, the comparison between IASI and the smoothed FTIR data is promising, and we
found good general agreement between the two data sets. The correlation coefficient is high
(generally above 0.8, and 0.93 for all stations together), which demonstrates the capability of
IASI to capture the spatial and temporal patterns of the HNO3 variability. It is also worth noting
that, while the FTIR allows for an adequate validation of our column product, its limitations
when there is no sunlight show the necessity of a complete data set (such as the one provided by
IASI) for a consistent characterization of the time evolution of HNO3 in the atmosphere, as will
be detailed in Chapter 6.
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Figure 5.2.6: (top) Comparison of the smoothed FTIR and IASI partial (5−35 km) columns for all stations,
for the year 2011. Also shown is the correlation coefficient. (bottom) Time series of the relative differences
between IASI and FTIR columns (calculated as [x (%) = (IASI− FTIR)/FITR× 100]). Also shown are
the bias and standard deviation when considering all stations together (black dashed and dotted lines).
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5.3 Comparison with models

Models are widely used in the atmospheric community to represent the dynamics and chemistry
of the atmosphere. They generally provide an accurate reproduction of the past state of the at-
mosphere, and are needed to predict its future evolution. They are generally composed of various
blocks accounting for various processes needed to represent the atmosphere on a computational
level. We can cite, among others, a dynamical core, a block for the physical processes (e.g. ra-
diation, convection, boundary layer processes, and cloud physics), a transport scheme, ... Most
models currently used are chemistry-climate models (CCMs), which allow a complex representa-
tion of most processes responsible for the composition and climate response of the atmosphere as
we know it, as well as to predict its future behaviour. Various processes can thus be studied, as
well as their feedbacks on the global system, and the consequences of previously ignored effects (or
effects previously studied in different systems, hence different models), such as the climate change
for example, can be analyzed. In the stratosphere, many of these processes are related to the state
of the ozone layer, and how the changing climate might influence the ozone recovery in the next
few decades (see Section 2.4.2.3). Models need of course to be confronted with observational data
in order to confirm their performances, especially when a new observational data set becomes
available, as is the case with the HNO3 global measurements from IASI. This section follows this
objective and evaluates, by comparison to the IASI data, a free-run (NIWA-UKCA) and forced
(BASCOE) model.

5.3.1 IASI vs NIWA-UKCA

5.3.1.1 Description of the NIWA-UKCA model

The UK Chemistry and Aerosol (UKCA) model is a combination of the Hadley Centre Global
Environmental Model (HadGEM3), based on UK Met Office’s Unified Model (MetUM), and an
atmosphere only submodel (Global Atmosphere, GA7) to which a gas-phase chemistry module was
added. It covers the atmosphere from the ground up to 75 km altitude, on 85 hybrid levels, at a
horizontal resolution of 1.875°×1.25°. The model features a comprehensive stratospheric chemistry
that includes chlorine and bromine chemistry, heterogeneous processes on PSCs and liquid surface
aerosols, as well as a simplified tropospheric chemistry scheme (Morgenstern et al., 2009; Telford
et al., 2012). The dynamical core includes a mathematical description of the temporal evolution of
wind, temperature and pressure, under the influences of inertia in a rotating framework, gravity,
and different diabatic and topographic forcings. The UMUKCA model uses hybrid-height as the
vertical coordinate system, that is, near the surface, the model levels follow the orography, but
in the stratosphere the levels are pure height levels. A photolysis scheme is also implemented in
the model. There are usually two ways for calculating photolysis rates in a model: the online
and the off-line (look-up table) methods. Off-line methods involve filling, for every photolysis
reaction included in the model, a table of photolysis rates as functions of pressure, solar zenith
angle (SZA), overhead ozone column, and often temperature. The tables are filled off-line or
once at the start of a simulation. Interpolation then yields the photolysis rates at any time and
location of the model simulation. This method is computationally efficient, but it usually limits
the number and types of physical effects that can be considered (for example, surface albedo,
clouds and aerosols are often assumed uniform). On the other hand, the online photolysis scheme
allows the model to evaluate the radiative transfer equation at the time of simulation, hence
accounting for the variations in cloudiness, albedo and solar output (Morgenstern et al., 2010).
The UMUKCA model accommodates both methods, and the one used depends on the version of
the model considered. For our work, the version UM 10.3 is used; it includes the online photolysis
scheme FAST-JX, which provides the full scattering calculation for 18 wavelengths bins from 177
to 850 nm. As opposed to previous versions of the model, this faster photolysis scheme can be
incorporated into global models while reducing the calculation times. This version of the model
yields underestimated HNO3 concentrations when compared to UARS climatology (Figure 5.3.1
right), but overestimates HNO3 budgets before the implementation of the FAST-JX photolysis
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scheme (Figure 5.3.1 left). Knowing that, we initially decided to work on a modified version of
the UM 10.3 model, for which the FAST-JX scheme for the NO photolysis was replaced by the
previous offline scheme based on Allen and Frederick (1982). This, however, did not improve the
comparison, and the results presented here are finally those of the comparison between IASI and
the standard UM 10.3 model version (with FAST-JX for all photolysis reactions).

Figure 5.3.1: Comparison between UMUKCA model at NIWA and the UARS climatology for the global
distribution of HNO3 in September. (left) Before the implementation of the FAST-JX photolysis scheme
(figure from Morgenstern et al. (2009)). (right) After the implementation of the FAST-JX photolysis
scheme (personal communication, Dr. Olaf Morgenstern). The colour shading are the model HNO3 VMRs
and the contours are those from the UARS climatology (in ppbv).

5.3.1.2 Methodology for the comparison

IASI and NIWA data sets are compared in two different ways. First, the entire raw data sets were
compared as time series. This serves as a first general assessment of the capacity of the model to
reproduce temporal and spatial variability of HNO3 concentrations. This comparison is carried out
in terms of absolute stratospheric column values, and focuses on seasonal cycles (more specifically
their amplitude and timing) and latitudinal gradient. Second, knowing that the satellite and
the model outputs do not hold the same vertical sensitivity (DOFS around 1 for IASI, 85 levels
from 0 to 85 km altitude for NIWA-UKCA model), a more detailed, analysis was carried out over
three years (2008, 2011 and 2014). This was done using a similar methodology as described in
Section 5.2.2 for the validation with the FTIR data, with the NIWA profiles smoothed by the IASI
averaging kernels (featuring the lowest sensitivity of the two). For the smoothing procedure, the
IASI averaging kernels were chosen so as to correspond as closely as possible to the model data
points. The colocation criteria in time and space were so that the IASI measurements are on the
same day as the NIWA simulation (dt≤ 24 h), and correspond to the closest to the model data
point location within a 1° latitude and 1.5° longitude window. The model profiles were regridded
to correspond to the IASI altitude sampling and then smoothed by the IASI averaging kernel as
(Rodgers and Connor, 2003):

xms = xai + Ai(xmr − xai), (5.3.1)

where xms is the smoothed version of the model profile, xmr is the regridded model profile and
xai and Ai are the IASI a priori profile and averaging kernel matrix, respectively. The smoothed
model profiles are integrated to get stratospheric columns, which are compared to the IASI ones.
Both time series and global distributions are used in the evaluation.
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Also used for the profile comparison were two other data sets: one obtained from the measurements
of MLS, and the other from the CLAES instrument. As already shortly introduced in Section 4.2,
the Microwave Limb Sounder sounder is one of four instruments on board the Aura satellite
launched by NASA in July 2004. It is a follow-on of the previous version of MLS instrument
on the Upper Atmosphere Research Satellite (UARS) that was launched in 1991 and provided
data until 2001 (Froidevaux et al., 2006; Waters et al., 2006). Its initial mission objective was to
provide data for the study of the middle atmosphere to understand its chemistry and dynamics,
as well as its response to perturbations on the short-term (e.g. volcanic eruptions) and on the
long-term (e.g. emissions of chlorofluorocarbons (CFCs), climate change, ...) (Reber et al., 1993).
The measurements are inverted using the optimal estimation method to get the vertical profiles
of various chemical species (Livesey et al., 2006; Rodgers, 2000). The Aura mission took over
the initial goals of UARS with regard to the monitoring of the stratosphere and particularly
the stratospheric composition in terms of ozone-related species. However, in comparison to the
first instrument, MLS now measures more chemical components and probes further down to the
troposphere. It also features a better global and temporal coverage and resolution; each orbit
covers a 82° N to 82° S latitude range and a total of 3500 locations are probed over the globe
every 24 h. The vertical resolution on the HNO3 profiles varies between ∼ 3.5 km between 100
and 10 hPa and ∼ 4.5 km when reaching 3.2 hPa. The precision (calculated empirically) was
estimated to be approximately 0.6− 0.7 ppbv in the range 215− 3.2 hPa (Froidevaux et al., 2006;
Santee et al., 2007; Waters et al., 2006). The data used here are the vertical profiles of the year
2011.
The Cryogenic Limb Array Etalon Spectrometer (CLAES) instrument was also on board
the UARS satellite, and is a limb geometry instrument mounted on the anti-Sun side of the
spacecraft and collecting IR measurement data (Burriesci et al., 1988). The measurements are
made as an instantaneous vertical scan of the atmosphere between 10 and 60 km altitude, with a
2.5 km vertical spacing (Roche et al., 1993). The horizontal resolution is limited by the time it
takes to complete a measurement cycle (65.5 s), which corresponds to a horizontal grid of 500 km.
The spatial coverage of CLAES is similar to MLS and extends to 82° of latitude (both North
and South) (Reber et al., 1993; Roche et al., 1993). The data set used here consists of monthly
means (climatology) derived from CLAES instrument for HNO3 profiles. The CLAES HNO3

VMR was compared to various correlative data sets and yielded good results with a precision of
0.3 to 1.0 ppbv in the altitude range 70 to 3 hPa (Kumer et al., 1996).

5.3.1.3 Results

Profile comparison

HNO3 vertical profiles were compared on a monthly basis and per 20° of latitude for IASI, NIWA,
the profiles obtained from the MLS instrument, and the profiles obtained from the CLAES instru-
ment, which gave the aforementioned UARS climatology. The results are shown in Figure 5.3.2
for the months of January (top) and July (bottom). When observing these profiles, it is clear
that the CLAES profiles (grey) generally show larger concentrations than the NIWA profiles. The
raw NIWA profiles (dashed blue) show smaller concentrations than most of the measurements.
The smoothing of the profiles slightly improves the comparison, but not everywhere. The IASI
profiles are for most months and latitudes higher than those of MLS and CLAES. While this
would confirm the overestimation of the IASI-retrieved profiles seen from the FTIR validation in
the lower stratosphere (Section 5.1.1), it is worth noting that the MLS profiles also show larger
concentrations than those simulated with the NIWA model. In fact, Figure 5.3.2 reveals a fair
agreement between the measured profiles, which would support the conclusion of a significant
low-bias of the NIWA profiles. It should be noted, however, that in the 10− 30 S and 10 N−10 S
latitude bands, the NIWA profiles (both raw and smoothed) agree with the MLS profiles, whereas
the IASI profiles show larger concentrations, especially around 100 hPa.
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Figure 5.3.2: HNO3 profile comparison for 20° latitude bands in January (top panels) and July (bottom
panels). The monthly and latitudinally averaged profiles (in 1010 molec.cm−3) are shown for IASI (red),
NIWA raw (dashed blue) and NIWA smoothed by the IASI AVK (blue), CLAES (grey) and MLS (green).
The vertical scale is pressure (hPa). Note that the x-axis varies with latitude bands.

Column time series

The comparison of the time evolution in the NIWA and IASI HNO3 stratospheric columns are
shown in Figure 5.3.3 for the 2008 − 2016 period. It is again clear from these time series that
the NIWA columns, both raw (dark blue) and smoothed by the IASI AVK (light blue), are vastly
underestimated compared to the IASI columns. For comparison, the FTIR measurements for 2011
at the selected stations (Section 5.2) were added to the plots, when available. Note that the FTIR
columns are partial columns from 5 to 35 km altitude, while the IASI and NIWA columns are
stratospheric columns. Hence, the FTIR columns are logically higher due to a larger tropospheric
contribution (well seen for example in the 10 − 30 N latitude band). More specifically, the raw
NIWA columns are around 0.5−1×1016 molec.cm−2, approximately 2 to 3 times smaller than the
IASI ones, at all latitudes, and throughout the whole time series. Despite this, the yearly cycles
are reproduced by the model, with higher concentrations during the winter of each hemisphere,
and an apparent denitrification occurring in the 70− 90 S latitude band.
Smoothing the NIWA profiles by the IASI averaging kernels (light blue in Figure 5.3.3) does not
improve the comparison. It seems indeed that the smoothing leads to rather inconsistent columns,
with the seasonal cycle almost reversed, compared with the raw data. One hypothesis for this
is that the IASI and the raw NIWA data are so different that the subtraction of the IASI a
priori profile (Eq. 5.3.1), which has often larger concentrations than the NIWA profiles, leads to
unreliable smoothed profiles and, overall, large inconsistencies in the stratospheric columns. Only
the raw model profiles are used in the comparison of distributions.
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Figure 5.3.3: Time series of IASI (red), NIWA raw (dark blue), NIWA smoothed by the IASI averaging
kernels (light blue) stratospheric columns. The FTIR columns (green) are the same columns used for the
validation (see Figure 5.2.5), and correspond to the 5 − 35 km partial columns, for the stations Thule
(70 − 90 N), Kiruna (50 − 70 N), Jungfraujoch (30 − 50 N), Izaña (10 − 30 N), Lauder (30 − 50 S) and
Arrival Heights (70− 90 S). Note that the y-axes differ.

Global distributions

Figure 5.3.4 shows the global distributions of the HNO3 stratospheric columns for seasonal aver-
ages: January to March, April to June, July to September, and October to December. The left
and right panels are respectively the IASI and the NIWA (unsmoothed) columns.
In agreement with the above, we find that the model largely underestimates (by around 30%)
HNO3 columns on the global scale. The seasonal cycle is however generally captured, with in
particular a strong decrease of HNO3 columns in the Southern Hemisphere during the southern
summer months. The higher columns in the Northern Hemisphere during winter are also repro-
duced by the model, as well as the decrease during northern summer.

In conclusion, the comparison performed here has surprisingly shown the poor performances of
the model to simulate stratospheric HNO3. Especially, the large low-bias of the model has been
highlighted. As changing the NO photolysis scheme did not yield any satisfying results, the reason
for this strong underestimation of the model remains unclear in this thesis. Work is ongoing at
the National Institute for Water and Atmospheric research (NIWA - Wellington, New Zealand)
to resolve the issue.
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Figure 5.3.4: Seasonal HNO3 distributions of stratospheric columns. (top) IASI data. (bottom) Raw
NIWA data.

5.3.2 IASI vs BASCOE

5.3.2.1 Description of the MLS-assimilated BASCOE model

In order to constrain a model, observational data is sometimes used, yielding a data-assimilated
model. The Belgian Assimilation System for Chemical Observations (BASCOE) is dedicated
to the analyses and forecast of stratospheric composition. It is based on a 3-D stratospheric
chemical transport model (CTM) that advects 57 species using the ECMWF dynamical wind
and temperature fields, and calculates the chemical interactions using 200 chemical reactions (143
gas-phase reactions, 48 photolysis reactions, and 9 heterogeneous reactions with parameterized
PSC surface area densities and sedimentation) (Errera et al., 2008; Huijnen et al., 2016).
The other component of the model is the data assimilation algorithm. Until 2014, BASCOE was
based on the four-dimensional variational method (4D-Var), which optimizes the initial conditions
of the model to reproduce a set of observations over a time window, via the minimization of a cost
function (Errera et al., 2008; Errera and Ménard, 2012). Since 2014, the assimilation algorithm
was upgraded to also use an ensemble Kalman filter method (EnKF), which consists in a Monte
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Carlo method. It is built on the assumption that the observation errors are distributed following a
Gaussian to estimate the minimum variance in the misfit between model forecast and observations.
Contrary to the 4D-Var which requires an adjoint model, the minimum variance is estimated by
the EnKF at each time step of the model (Skachko et al., 2014, 2016). The BASCOE results used
for this work rely on the EnKF method. The BASCOE model assimilates AURA MLS data, and
is called BRAM R1, for BASCOE Re-analysis of Aura-MLS, Release 1. The output of the model
consists in vertical profiles retrieved on 37 levels, extending from the surface up to 0.1 hPa. The
model data is computed on a 2.5°×3.75° latitude-longitude grid. There are four outputs each day,
which have been averaged to get one profile per day, and per grid-cell. Let us recall that MLS
data span the globe from 80° North to 80° South. For the unobserved latitudes, the BASCOE
output may be considered as the result of a free CTM run, except that a little information is
brought from observed latitudes due to transport (Viscardy et al., 2010).

5.3.2.2 Results

Profile comparison

For the comparison between IASI and BASCOE, the IASI profiles were converted from VMR to
column units using the BASCOE air column, in order to consider comparable quantities.
Figure 5.3.5 shows the comparison between the IASI (red) and the BASCOE (green) profiles, for
20° latitudinal bands in January (top) and July (bottom panels). The profile shapes are similar
between IASI and BASCOE, with however some large differences, particularly in the troposphere,
where the IASI profiles show larger HNO3 values. Generally, the IASI profiles show larger con-
centrations (especially in the low stratosphere), except at high latitudes. This is consistent with
the results from Figure 5.3.2 where we saw that the MLS profiles were lower than those of IASI.

Figure 5.3.5: HNO3 profile comparison for 20° latitude bands in January (top panels) and July (bottom
panels). The monthly and latitudinally averaged profiles (in 1010 molec.cm−3) are shown for IASI (red)
and MLS-assimilated BASCOE (green). The vertical scale is altitude (km). Note that the x-axis varies.
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Column time series

The stratospheric columns time series are shown in Figure 5.3.6 for the years 2008 to 2016. The
IASI columns are depicted in red and the BASCOE ones in blue. The difference between the two
is in black. As can be seen from these time series, there is a generally good agreement between
IASI and BASCOE data sets, with averaged daily values of stratospheric columns close to each
other. The largest differences are for the highest latitudes, between 70 and 90° of latitude North
and South, where they range between −0.5 and 0.5 × 1016 molec.cm−2 with significant daily
variability and the largest RMSE values (Figure 5.3.6 top panels). In the lower latitudes, absolute
difference values are smaller, and range between −0.2 and 0.2× 1016 molec.cm−2. The differences
are, however, mostly positive, underlining the high-bias of IASI. The only noticeable exception
is in the southern polar latitudes (70-90 S), where BASCOE columns are systematically higher
during the summer, between December and April. This might be due to how the model calculates
HNO3 recovery after denitrification, or to the worse performance of the model when it operates
in free-run outside the latitude range covered my MLS.

Figure 5.3.6: Time series of IASI (red) and BASCOE (blue) HNO3 stratospheric columns from 2008 to
2016, for nine 20° latitudinal bands. Also shown is the absolute difference between the two time series
(black), calculated as [IASI-BASCOE]. The shaded areas are the standard deviation (1σ) for each data
set around the daily and latitudinal average. The root mean square error (RMSE) is indicated for each
latitude band. Note that the y-axes differ per latitude band.

Global distributions

The global distributions of stratospheric columns per season (Figure 5.3.7) confirms the quite
good agreement between both data sets. There are, however, some differences, particularly visible
in the high latitudes of each hemisphere.
In the Southern Hemisphere, particularly, the polar regions during Jan-Feb-March show larger
model columns, as is also the case for Apr-May-Jun. While the distributions from IASI reflect
well the known HNO3 driving processes, the comparisons highlight the very low retrieved columns
above the Antarctic continent, which might be due partly to retrieval problems (emissivity issue
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above large ice areas). Still, removing this particular area, we find that the columns are slightly
higher with BASCOE. On the other hand, in Jul-Aug-Sep, the columns in the polar vortex are
larger with IASI than with BASCOE, which shows a more pronounced and spatially spread denitri-
fication. In Oct-Nov-Dec, columns are similar, except again above the large ice cap of Antarctica.

In summary, we find that the MLS-assimilated BASCOE model matches the IASI observations for
HNO3 quite well, with the largest differences found in the Southern Hemisphere and particularly
during the winter and spring. Overall, this gives us large confidence in the IASI observational
data set of stratospheric HNO3, especially with regard to spatial distributions and time evolution.
As mentioned before in this manuscript, the IASI HNO3 data set is unprecedented and will gain
importance after the end of MLS. Even now, the extensive monitoring by IASI of the polar regions
makes the data set unique and a valuable source of information for monitoring and understanding
the evolution of the stratosphere.

Figure 5.3.7: Seasonal HNO3 distributions of stratospheric columns. (top) IASI data. (bottom) BASCOE
data.
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CHAPTER 6

10 years of IASI HNO3 measurements
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In Chapter 5, the FORLI-HNO3 data set was thoroughly characterized in terms of vertical profiles,
partial or total columns, and errors and sensitivity. It was also validated against the measurements
obtained from FTIR instruments that were chosen so as to represent a large range of latitudes.
Both the characterization and the validation led us to conclude that despite a low vertical sensi-
tivity, the IASI instrument is able to retrieve the HNO3 columns with relatively small errors, and
more importantly to capture the spatial and temporal variations very well. Especially the sam-
pling (global coverage twice a day with maximum coverage of polar latitudes - including during
polar night) and the long operation period of IASI are unique features that allow a deep monitor-
ing of the stratosphere.
With that in mind, we proceed in the next chapters to geophysical analyses of the HNO3 space
and time distributions in the atmosphere, with a particular focus on the high latitudes and the
polar processes. The following sections will review, from the point of view of IASI measurements,
the annual and interannual cycles of HNO3, and describe in further details the processes occur-
ring during the winter and spring in the poles. The results in this part are largely taken from a
published paper; Ronsmans et al. (2018).

6.1 HNO3 global distributions

As a first general view on to the global distributions of atmospheric HNO3, Figure 6.1.1 shows the
monthly means of HNO3 total columns in polar views, averaged over the 10 years of IASI, from
2008 to 2017. It is clear in both hemispheres (North at the top, South at the bottom) that the
concentrations are low and constant at tropical latitudes. Concentrations increase gradually with
latitude and result in particularly high columns during the winter months of each hemisphere, due
to a lower photodissociation activity.
Noticeable, however, are the generally higher columns recorded in the Northern Hemisphere com-
pared to the Southern Hemisphere. This is due to the enhanced wave activity in that part of the
globe, linked to more topographical features and hence to a stronger Brewer-Dobson Circulation
(Section 2.1.2.3). More HNO3 is thus transported towards the high northern latitudes, where it
accumulates during the winter. In the Southern Hemisphere, the weaker BDC leads to slightly
lower HNO3 concentrations, but what profoundly drives the distribution is the denitrification
process that leads to very low concentrations, particularly above the South Pole from June till
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December. Only a small collar of high concentrations remains around the pole until September,
while the inside of the vortex is strongly depleted in HNO3. While it is rare to observe such
a denitrification in the Northern Hemisphere, some northern winters have experienced relatively
strong HNO3 losses when particularly cold conditions were in place during the winter. Although
it is not visible on these averaged distributions of Figure 6.1.1, this is the case for the winters
2011, 2014 and 2016 and IASI allows capturing this well, as will be shown in the time evolutions
in the next section. More details about the denitrification process as seen by IASI will be given
in the next section as well as in Chapter 7.

Figure 6.1.1: Polar views of the IASI HNO3 total columns distributions for each month, averaged over the
years 2008− 2017, for the Northern Hemisphere (top) and the Southern Hemisphere (bottom).
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6.2 HNO3 time series

Because of the low HNO3 variability recorded at the Equator and in the Tropics, this section
focuses mostly on the evolution (annual and interannual cycles) of the total HNO3 columns at
mid- and high latitudes of both hemispheres. Before, we introduce the concept of equivalent
latitudes, which will largely be used throughout the rest of this manuscript.

6.2.1 Technical note: equivalent latitudes

As first introduced in Section 2.1.2.1, equivalent latitudes are an alternative to standard latitudes
as horizontal coordinates for the Earth. They are calculated on the basis of potential vorticity
fields, which were obtained, for this study, from ECMWF ERA Interim daily reanalysis data set
(http://apps.ecmwf.int/datasets/data/interim-full-daily/). From the potential vorticity,
equivalent latitudes can be calculated as (Allen and Nakamura, 2003):

φq = sin−1
(

A

2πa2
− 1

)
, (6.2.1)

where φq is the PV area equivalent latitude, A = A(q, θ, t) is the area in which PV is less
than q on a particular isentropic surface with potential temperature θ (chosen here at 530 K)
and at time t, and a is the radius of the Earth. Equivalent latitudes thus "classify" areas of
similar PV values to establish horizontal coordinates based on the thermal and thermodynamic
characteristics of a region of the atmosphere at a precise moment. It allows for the discrimination
of dynamically consistent areas of the atmosphere, and is particularly useful in the polar regions
where the vortex itself is a structure that strongly varies from day to day. Considering equivalent
latitudes then allows to correctly differentiate the air masses within the polar vortex from those
outside. Figure 6.2.1 shows the difference between classic latitudes and equivalent latitudes, and
Figure 6.2.2 shows one example of equivalent latitude contours overlapping the HNO3 distribution.

Figure 6.2.1: (left) Normal latitudes. (right) Equivalent latitudes calculated following Eq. (6.2.1). The
color scale is the value of (equivalent) latitude, with negative values south of the equator.
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Figure 6.2.2: Example of equivalent latitude contours for −70 (blue), −65 (light blue), −55 (red) and −40
(green) equivalent latitudes. The background colours are HNO3 total columns retrieved from IASI (daily
mean for 21 July 2011, in molec.cm−2).

6.2.2 Annual and interannual HNO3 variability

Annual variability

The HNO3 time series for the mid- to high latitudes are displayed in Figure 6.2.3 for the years
2008 − 2017. Total columns are represented for both North (green) and South (blue curves)
Hemispheres, for equivalent latitudes bands (sometimes referred to as "eqlat band") 40 − 55° ,
55− 65° , 65− 70° and 70− 90° (panels a to d). Also highlighted by shaded vertical areas are the
periods during which the southern and northern polar temperatures, taken at 50 hPa (light blue
and orange for the 70 − 90 eqlat band, S and N respectively, and purple for the 65 − 70 S eqlat
band), were equal to or below the polar stratospheric clouds formation threshold (TNAT=195 K,
based on ECMWF temperatures). It should be noted, as exposed in Section 2.2.2, that while this
temperature is a widely accepted threshold for the formation of NAT (type I), its actual value can
be different depending on the local conditions (see also Chapter 7). Also, other forms of PSCs,
particularly the type II PSCs (ice clouds), form at a lower temperature of 188 K, corresponding
to the frost point of water, or 2− 3 K below that.
The hemispheric asymmetry previously mentioned in Section 6.1 is even more visible on these time
series, with columns in the Northern Hemisphere high latitudes showing higher values (between
2.5 and 3.7 × 1016 molec.cm-2) than in the Southern Hemisphere where maximum values are at
3.0× 1016 molec.cm-2 for a short time in May while most of the time they range between 1.4 and
2.0× 1016 molec.cm-2. Beyond this hemispheric asymmetry, we also find that the HNO3 columns
are generally larger at higher latitudes, with total column maxima between 3.0 × 1016 (in the
south) and 3.7×1016 molec.cm-2 (in the north) in the equivalent latitudes bands 70−90°, 65−70°
and 55− 65°, and lower at around 2.2× 1016 molec.cm-2 in the 40− 55° band, especially for the
Southern Hemisphere. This latitudinal gradient of HNO3 has been previously documented (e.g.
Santee et al., 2004; Urban et al., 2009; Wespes et al., 2009; Ronsmans et al., 2016) and can be
explained mainly by two factors: the NOy partitioning favoring HNO3 under less sunlight, and
the larger amounts of NOy at high latitudes due to a larger age of air. The age of air (AoA) is
a measure of the average time it takes for the atmosphere to transport air from the well-mixed
troposphere to a given place in the stratosphere. It is also often used to evaluate stratospheric
transport timescales, and can be derived from observation of inert gases (Ploeger et al., 2014;
Engel et al., 2017). An older age of air thus implies that the air has been in the stratosphere for
a while, and that, in our case, reservoir species (NOy) were able to form from NOx transported
from the troposphere.
Another interesting feature observable in Figure 6.2.3 is the different behaviour of the three highest
latitude regions with regard to the polar stratospheric clouds formation threshold in the Southern
Hemisphere. The denitrification process that occurs with the condensation and sedimentation of
PSCs is obvious in the 70-90 S region (blue curve Figure 6.2.3, a), with a systematic and strong
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decrease in HNO3 total columns (from 3.0×1016 to 1.5×1016 molec.cm-2) starting within 12 to 25
days after the stratospheric temperature reaches the threshold of 195 K (start of the blue shaded
areas). The loss of HNO3 thus usually starts around the beginning of June in the Antarctic and
the concentrations reach their minimum value within one month. They stay low at 1.4 × 1016

molec.cm-2 until mid-November (with quite often a slight gradual increase to 1.7×1016 molec.cm-2

during the two following months), and start to increase again during January, i.e. between 2.5 and
3 months after the polar stratospheric temperatures are back above the NAT formation threshold.

Figure 6.2.3: (a-d) HNO3 total columns time series for the years 2008−2017, for equivalent latitude bands
70 − 90, 65 − 70, 55 − 65 and 40 − 55, north (green) and south (blue). Vertical shaded areas are the
periods during which the average temperatures are below TNAT in the north (orange) and south (blue)
70− 90° band, and in the south (purple) 65− 70° band. Note that the large period without data in 2010
is when there was a low amount of data distributed by EUMETSAT (see Section 4.3.1). (e) Daily average
temperatures time series (in K) taken at the altitude of 50 hPa for the equivalent latitude bands 70− 90°
North (green) and South (blue) and 65 − 70° S (purple). The horizontal black line represents TNAT, i.e.
the 195 K line.

The same pattern can be observed in the 65−70 S equivalent latitude region, with however, a delay
of approximately 1 month for the start of the steepest decrease in HNO3 columns, which appears
to be more gradual than in the 70−90 S regions (3 months to reach the minimum values, starting
in July). The minimum and plateau column values are thus reached by the end of September; they
remain higher than at the highest latitudes, with values staying at around 1.7× 1016 molec.cm-2.
The delayed and less severe loss of HNO3 in the 65− 70 S band confirms that the denitrification
process spreads from the center of the polar vortex, where the lowest temperatures are reached
first (McDonald et al., 2000; Santee et al., 2004; Lambert et al., 2016). This spreading from the
center also leads to slightly higher concentrations for the maxima in the 65 − 70 S eqlat band
(mean of maxima of 3.26× 1016, versus 3.11× 1016 molec.cm-2 in the 70− 90 S eqlat band). The
delayed decrease in HNO3 in the outer parts of the vortex (i.e. in the 65 − 70 S eqlat band)
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can thus be attributed to the later appearance of PSCs in this region (see Figure 6.2.3 b, purple
shaded areas).
By the end of December, i.e. when the vortex has started breaking down (e.g. Schoeberl and
Hartmann, 1991; Manney et al., 1999; Mohanakumar, 2008), the total columns in both eqlat bands
become similar (1.7× 1016 molec.cm-2). While the condensation of PSCs does not necessarily (or
at least, not immediately) imply a sedimentation of particles, their formation appears to us as a
net loss of HNO3 because, in the condensed form, HNO3 is not detectable anymore with IASI.
The slight increase happening when the temperatures increase at the end of the winter suggest
that some of the remaining PSCs release HNO3 back to gas phase.
If the HNO3 decrease in winter is slower at 65− 70 S eqlat, this is not the case for the recovery,
with the build-up of concentrations that starts roughly at the same time as for the 70 − 90 S
eqlat band, hence resulting in a shorter period of denitrified atmosphere in the 65 − 70 S band.
These results agree well with previous studies by McDonald et al. (2000) and Santee et al. (2004)
for earlier years. However, the recovery of the HNO3 total columns is very slow compared to
other species, namely O3, for which concentrations return to normal values after the ozone hole
within 2 months (i.e. in December) after PSCs have disappeared (see also the discussion on the
comparative evolution of O3 and HNO3 in the Conclusions). Persistent local temperature minima
below 195 K could explain part of the slow recovery for HNO3. However, relying on earlier studies,
it is more likely to be caused by the combination of two other factors:

1. a significant sedimentation of PSCs towards the lower atmosphere during the winter, which
is such that few PSCs remain available to release HNO3 under warmer temperatures (Lowe
and MacKenzie, 2008; Kirner et al., 2011; Khosrawi et al., 2016),

2. the effective photolysis of HNO3 and NO3 in spring and summer under the prolonged sunlit
conditions prevailing at the highest latitudes, which respectively increase the HNO3 sink (see
Section 2.2.1 (R9)) and reduce the chemical source. Indeed, with less NO3, less N2O5 can
be produced, hence depleting one of the NOx reservoirs (see Section 2.2.1 Eq.(R6), Solomon
(1999); Jacob (2000); McDonald et al. (2000)).

The increase observed in March, at the start of the winter, is in turn explainable by a much
reduced number of hours of sunlight, implying less photodissociation, as well as by the diabatic
descent bringing HNO3-rich air to lower altitudes.

The fact that the two regions (inner and outer vortex) behave differently has consequences in
terms of future O3 depletion. The inner vortex (70 − 90 S) undergoes strong internal mixing
whereas the outer vortex (65 − 70 S), isolated from the vortex core, experiences little mixing of
air. This, combined to a cooling of the stratosphere in the future, could lead to increased PSCs
formation in the outer vortex and further ozone depletion by activated ODSs. The importance of
the differentiation between the two regions of the polar vortex is thus not to be underestimated
(Lee et al., 2001; Roscoe et al., 2012).

Regarding the HNO3 columns in the 55 − 65 S eqlat band, which comprises the vortex rim, or
"collar" (Toon et al., 1989), it is evident from Figure 6.2.3, third panel, that it is not affected
by denitrification, in agreement with previous observations (e.g. Santee et al. (1999); Wespes
et al. (2009); Ronsmans et al. (2016)). In fact, we show that the columns in that band keep
increasing when the temperatures at higher latitudes start decreasing, to reach maximum values
of about 3− 3.4× 1016 molec.cm-2 in June-July; this is due to a change in the NOy partitioning
towards HNO3, itself due to less sunlight compared to the summer. Also inducing increased
concentrations during the winter at mid- and high latitudes is the diabatic descent occurring
when the temperatures decrease. This downward motion of air enriches the lower stratosphere
in HNO3 coming from higher altitude (Manney et al., 1994; Santee et al., 1999), yielding higher
column values which are, in the 55 − 65 S eqlat band, not affected by denitrification. The slow
decrease starting in August and leading to minimum values in January is related to the combined
effect of increased photodissociation and mixing with the denitrified polar air masses which are
no longer confined to the polar regions. Finally, as previously mentioned, the 40 − 55 S eqlat
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band records lower column values throughout the year (generally below 2× 1016 molec.cm-2) and
a much less pronounced seasonal cycle.

The Northern Hemisphere high latitudes usually do not experience severe denitrification, mostly
because the temperatures, while frequently showing local minima below 195 K, rarely reach the
PSC formation threshold over broad areas and for long time spans (see Figure 6.2.3 e for average
temperatures, and orange vertical areas). A few years stand out, however, with exceptionally
low stratospheric temperatures. This is especially the case of the 2011 (Manney et al., 2011),
2016 and, to some extent, 2014 Arctic winters. During these three winters, temperatures reached
values below the 195 K threshold over a broader area and stayed low during a longer period than
usual, which allowed the formation of PSCs in large amounts. Lower concentrations of HNO3
have been recorded in consequence, especially in the northernmost equivalent latitude band (see
Figure 6.2.3 a). The winter 2016 recorded in particular exceptionally low temperatures and led
to large denitrification and significant ozone depletion (Manney and Lawrence, 2016; Matthias
et al., 2016). However, the denitrification still has affected a much smaller area than generally in
the Southern Hemisphere; in particular the columns in the 65 − 70 N eqlat band do not show a
significant decrease.

Figure 6.2.4, which consists in the time series of the zonally averaged distribution of the HNO3
retrieved total columns, illustrates all these features particularly well: it highlights the low and
constant columns between -40 and 40 degrees of latitude, the marked annual cycle at mid to
high latitudes and the systematic and the occasional (2011, 2014, 2016) loss of HNO3 during the
denitrification periods in the high latitudes of the Southern and Northern hemispheres respectively;
they are highlighted by the iso-contours of potential vorticity at ± 10×10-6 K.m2.kg−1.s−1 (dark
blue).

Figure 6.2.4: Zonally averaged daily HNO3 total columns distribution over 2008 − 2017, expressed in
molec.cm−2. The lines represent potential vorticity contours at a potential temperature of 530 K (5
(black), 8 (cyan) and 10 (blue) ×10−6 K.m2.kg−1.s−1, which correspond to the equivalent latitude contours
illustrated in Figure 6.2.2, right.
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Interannual variability

In order to give further insights into the interannual variability in polar regions, Figure 6.2.5 shows
the seasonal cycle for each individual year from 2008 to 2017 for eqlat 70 − 90 in the Northern
(a) and the Southern (b) Hemispheres. July and August of 2010 stand out in the Antarctic, with
high and variable columns recorded by IASI. This is a consequence of a mid-winter (mid-July)
minor sudden stratospheric warming (SSW) event that induced a downward motion of air masses
and modified the chemical composition of the atmosphere between 10 and 50 hPa until at least
September (de Laat and van Weele, 2011; Klekociuk et al., 2011). The principal effect of the 2010
sudden stratospheric warming was to reduce the formation of PSCs (which stayed well below the
1979− 2012 average (WMO, 2014)) and hence reduce denitrification. This is shown by an initial
drop in June, as is usually observed in other years, but then by an increase in HNO3 columns when
the SSW occurred. These results confirm those previously obtained by the Aura MLS during that
winter and reported in the World Meteorological Organization (WMO) Ozone Assessment of 2014
(see Figure 7.1.2 and Figure 3-6 in WMO (2014)). This will be further discussed in Section 7.1.
Apart from these peculiarities for the year 2010, all years seem to follow a similar seasonality in
the Southern Hemisphere (bottom panel). The timing of the HNO3 steep decrease in particular
is consistent from one year to another.
The Northern Hemisphere high latitudes (a) show more interannual variability than in the south,
especially during the winter because of the unusual denitrification periods observed in 2011 (pur-
ple), 2014 (blue) and 2016 (black) in January (concentrations as low as 2 × 1016 molec.cm-2 in
2016). In contrast to the winter, the summer columns are more uniform from one year to another
with values between 2.1× 1016 to 2.8× 1016 molec.cm-2.
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Figure 6.2.5: For northern (a) and southern (b) 70 − 90 equivalent latitude bands: HNO3 total columns
time series for the years 2008 to 2017 in molec cm−2. Note that the y axis limits differ between the two
plots.
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CHAPTER 7

Denitrification and polar processes in Antarctica1

Contents
7.1 HNO3 - temperature regimes in the polar stratosphere . . . . . . . . 95

7.2 Onset of HNO3 depletion and "drop" temperature detection . . . . . 99

7.2.1 Potential vorticity time series . . . . . . . . . . . . . . . . . . . . . . . . . 99

7.2.2 Global distribution of denitrification temperatures . . . . . . . . . . . . . 102

7.2.3 Discussion . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 104

7.1 HNO3 - temperature regimes in the polar stratosphere

As was explained in Section 2.1.3 and briefly investigated in the HNO3 time evolution, the winter
polar stratosphere, particularly in the Southern Hemisphere, is a very peculiar environment, where
air masses above the pole are isolated by the vortex from the air north of 60°, approximately.
The temperatures within the polar vortex drop drastically as soon as the amount of sunlight
decreases, to reach values below 195 K from June to September. This allows the formation of
polar stratospheric clouds every year in the Southern Hemisphere, according to the same general
timing (Figure 7.1.1).

Figure 7.1.1: Time series of the volume of air where the temperatures are low enough for the formation of
PSCs. The red curve is for 2010, the blue and green curves are for 2008 and 2009, respectively, and the
black curve is the 1979 − 2009 average for comparison. The two thin black lines show the minimum and
maximum PSC area during 1979 − 2009. The dark shaded area represents the 30th and 70th percentiles,
and the light shaded area represents the 10th and 90th percentiles. Figure taken from WMO (2010).

1This chapter was the subject of further research after the submission of this manuscript. A draft of a paper in
preparation, including modifications compared to the results presented here, can be found in the appendices.
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When the vortex breaks up and solar radiation re-enters the polar region, the temperatures in-
crease again. This annual cycle of temperatures is illustrated in Figure 7.1.2 for the equivalent
latitude band 70− 90 S, with each dashed line representing the temperatures for one year, taken
at 50 hPa. From this figure, the annual cycle of temperatures is very clear, with temperatures
decreasing until they pass the threshold of 195 K (horizontal line) in June. The temperatures are
back above 195 K in October and then increase rapidly to reach values around 230 − 240 K in
December-January.
The green dotted line in Figure 7.1.2 represents the temperature at 20 hPa in 2010. It is in-
cluded to show the higher temperatures recorded during the sudden stratospheric warming in
July-August, which led to higher HNO3 columns at that time (see also Section 6.2.2). While
common in the Northern Hemisphere, sudden stratospheric warmings are rare in the South, due
to the more stable structure of the polar vortex. Other such events also occurred in 1995 and
2002. In 2002, particularly, the warming caused the vortex to break up early, with a splitting in
September, and then a quick dissipation (see also Section 2.4.2.1). In the 2010 case, the warming
originated at around 10 − 20 hPa in July, and persisted throughout the beginning of the spring,
with temperatures returning to relatively cold values from October. The warming was felt on a
quite large altitude range, and caused fewer PSCs to form throughout the winter (Figure 7.1.1).
With less PSCs in the stratosphere, the O3 depletion was also reduced, to about 40− 60 % below
the 2005 − 2009 average. An SSW event has a range of consequences on polar processes and,
in the Antarctic, these meteorological conditions are the main factor responsible for interannual
variability.
Now, considering the "normal" temperature annual variations, a few remarkable periods can be
isolated in the HNO3 annual cycle. Combining those two parameters leads us to distinguish, in
a first approach, three HNO3-temperature regimes throughout the year; these are represented in
Figure 7.1.2 by the three coloured zones A, B and C, and analyzed in the light of Figures 7.1.3
through 7.1.7.

Figure 7.1.2: Daily averaged HNO3 (solid lines) and temperatures (dashed lines) at equivalent latitudes
70− 90 S, for the years 2008− 2017. The temperatures are taken at 50 hPa, except for the green dotted
line which is the 2010 temperatures taken at 20 hPa.

Figure 7.1.3 shows first, for the years 2008− 2017, the distribution of HNO3 total columns versus
the temperature throughout the year. All years show the same pattern, with more observations
for low temperatures and low HNO3 columns, and for high temperatures and low HNO3 columns.
The rest is distributed between those two regions and in the area with average temperatures and
high HNO3 columns. From this figure and from Figure 7.1.2, the three HNO3 - temperature
regimes are discussed below.
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7.1 HNO3 - temperature regimes in the polar stratosphere

Figure 7.1.3: HNO3 total columns versus temperatures (K, taken at 50 hPa) for the years 2008− 2017 in
the southern polar latitudes. The red vertical line is the 195 K threshold. Grey areas are where there are
less than 150 observations.

In order to shed more light into the processes at play, the year 2011 was decomposed in three
periods, corresponding to the three coloured zones in Figure 7.1.2. Each HNO3 - temperature
regime is shown in Figure 7.1.4 and described hereafter.
1. Just before the start of the winter, the months of April

and May show the highest HNO3 columns (∼ 3 ×
1016 molec.cm−2), and average temperatures at 50 hPa
(∼ 200 − 210 K). While strongly decreasing during
the period, the temperatures stay well above the PSCs
formation threshold, and the already low sunlight, pre-
venting photodissociation from happening, leads to high
values of HNO3.

2. The first period is quickly followed by a strong decrease
in HNO3 columns at the start of June, due to the de-
crease in temperatures which reach values well below
195 K. PSCs form, and most of the observations are
thus found in the low HNO3 - low temperature regime.
The HNO3 column values are for the large majority be-
low 2 × 1016 molec.cm−2 and temperatures are mostly
between 180 and 190 K. This is the case for a 3 months
period lasting until the end of September.

3. The sunlight then returns and the temperatures quickly
rise above 195 K from October. Despite the warming of
the air (leading to temperatures of up to 240 K around
December), the HNO3 columns remain low at around
1.5 × 1016 molec.cm−2. As explained in Section 6.2.2,
this is due most likely to the significant denitrification
in the months before, and to the photolysis of NO3 and
HNO3 itself. This is observed very well in Figure 7.1.4
(bottom): the concentrations stay low until approxi-
mately February (see Figure 7.1.2), where they slowly
start increasing, and lead to the more significant in-
crease in April and May described in 1.

Figure 7.1.4: Same as Figure 7.1.3 but
for defined periods of 2011. Note that
the x-axes differ.
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More detailed regimes, and even monthly patterns, can also be analyzed when comparing HNO3

and temperatures in the polar stratosphere. Fine structures can be observed, particularly during
the winter, as is shown in Figure 7.1.5. We see for instance that each month (or couple of months)
is characterized in the IASI data set by a well-defined HNO3 - temperature regime. The winter
months (shown here) show clearly the evolution of the temperatures which get colder at the start
of June, leading to lower HNO3 concentrations. The temperatures then increase, extending the
temperature-HNO3 couples towards the right of the graphs, with HNO3 concentrations staying
low.

Figure 7.1.5: Same as Figure 7.1.3 but for monthly or bi-monthly periods of 2011. Note that the x-axes
differ.

While this analysis is carried out based on the temperatures at 50 hPa, other pressure levels were
also tested (namely 30 and 70 hPa) to account for the fact that PSCs form at various altitudes
between 15 and 25 km (Höpfner et al., 2006; Wang and Michelangeli, 2006; Höpfner et al., 2009).
Figure 7.1.6 shows the HNO3 columns as a function of temperature for June 2011 at 70, 50 and
30 hPa, corresponding roughly to altitudes of 17, 19 and 22 km, respectively. While the general
distribution is quite similar at all three levels, it is obvious that the temperatures are colder at
higher altitude, with the bulk of the observations located between 180 and 185 K at 30 hPa (right),
when the HNO3 columns are low, and at around 190 K at 70 hPa (left).

Figure 7.1.6: Same as Figure 7.1.3 but for 3 different pressure levels: 70 (left), 50 (middle) and 30 hPa
(right), for the month of June 2011. Note that the x-axes differ.

It is thus interesting to see that PSCs will form earlier at higher altitudes, while the conditions
necessary for the PSC formation will be present slightly later in the lower levels of the stratosphere.
To illustrate this, Figure 7.1.7 shows the vertical distribution of temperatures in the 70 − 90 S
latitude range for the months of May, June and July. From this, it is clear that cold temperatures
descend from higher altitudes, and that PSCs are thus likely to form at lower pressures first.

At 50 hPa (Figure 7.1.6, middle), most of the observations in June show temperatures around
185 K for columns around 1× 1016 molec.cm−2.
Based on these first conclusions, we try in the next sections to better identify the onset of the strong
denitrification period and its corresponding threshold temperature in the Southern Hemisphere
polar regions at 50 hPa.
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7.2 Onset of HNO3 depletion and "drop" temperature detection

Figure 7.1.7: Longitudinally averaged temperatures (K) for the months of May, June and July 2011, over
the altitude range 400 − 2 hPa. The dashed lines represent, from top to bottom, the lines of 30, 50 and
70 hPa, respectively.

7.2 Onset of HNO3 depletion and "drop" temperature detection

7.2.1 Potential vorticity time series

To identify when and at what temperature the HNO3 columns start dropping, we have chosen
to determine the moment where the decrease is strongest. In order to do that, we make use of
the second derivative of the HNO3 total column time series. The first and second derivatives are
calculated as follows, on the smoothed time series to remove the high frequency variations:

d2(HNO3)

dt2
=

d

dt

(
d(HNO3)

dt

)
, (7.2.1)

The time at which the second derivative is at its minimum (indicating a local minimum in the
function) is taken as the start of the denitrification period. While this procedure was automated,
it was verified manually to make sure that no other local minimum was found that would bias the
results.
Figure 7.2.1 shows the smoothed time series of HNO3 total columns (yellow) and of its first (blue,
top panel (a)) and second derivatives (blue, bottom panel (b)); the temperature time series is
shown in red in the bottom panel, and the horizontal red line shows the 195K threshold. It
should be noted that the HNO3 and temperature time series are averages in the areas of potential
vorticity smaller than -8 ×10−6 K.m2.kg−1.s−1, which encompasses the regions inside the polar
vortex. The time series are interrupted during the summer, as the potential vorticity values do
not reach such low levels. As a reference, the full time series based on equivalent latitudes (from
70 to 90° S) are displayed in grey. The vertical dashed lines correspond to the dates when the
second derivative is at its minimum.
Figure 7.2.2 shows a subset of the time series for two years to show more clearly the minimum of
the second derivative. Table 7.1 lists all the dates and the corresponding temperatures found with
this procedure. This method proved efficient in finding the onset of the HNO3 strong decrease
each year, as can be seen by comparing the second derivative (Figure 7.2.2, bottom panel, blue
curve) with the HNO3 time series (top panel, yellow curve). On the average for the 10 years,
we find the "drop temperature" at 194.97 ± 1.58K, with a minimum at 191.78 K in 2012 and a
maximum at 197.03 K in 2011. The dates for the drop are within less than a month between the
17th of May (2010, 2013 and 2017) and the 10th of June (2009).
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Figure 7.2.1: (a) HNO3 total columns first derivative (blue, left y-axis) and HNO3 total columns time series
(yellow, right y-axis), averaged in the areas of potential vorticity smaller than -8 ×10−6 K.m2.kg−1.s−1,
expressed in molec.cm-2. (b) HNO3 total columns second derivative (blue, left y-axis), and temperature
(red, right y-axis), in K, averaged in the areas of potential vorticity smaller than -8 ×10−6 K.m2.kg−1.s−1,.
The red horizontal line corresponds to the 195 K threshold. The vertical dashed line in both panels show
the date at which the second derivative reaches its minimum value. In grey: HNO3 total columns (a) and
temperatures (b) in the 70− 90 S eqlat band.
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Figure 7.2.2: Same as Figure 7.2.1 but for a subset of the time series (years 2011 and 2012).

Figure 7.2.3 shows zonally averaged HNO3 total columns from 2008 to 2017, and allows com-
paring the results from the derivative approach with respect to the decrease in HNO3. The
HNO3 drop each year is here further identified at each latitude by the PV isocontour of -
10 ×10−6 K.m2.kg−1.s−1. The vertical red line in Figure 7.2.3 indicates the HNO3 drop in the
southernmost latitudes. It corresponds well (within 2 to maximum 13 days) to the minima of the
second derivatives calculated in the -8 ×10−6 K.m2.kg−1.s−1 (compare solid and dotted red lines
in Figure 7.2.3 and the numbers in Table 7.1), with "drop" dates between the 22nd of May and
the 11th of June. The temperatures determined this way are, however, colder, with an average
over the years of 192.58±0.84K, compared to 194.97±1.58K from the second derivative method.
This difference is due to the fact that the second derivative method uses a latitudinally averaged
temperature time series, while the visual method uses zonally averaged temperatures.
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7.2 Onset of HNO3 depletion and "drop" temperature detection

Figure 7.2.3: Zonally averaged distributions of (a) HNO3 total columns (in molec.cm-2) and (b) temper-
atures (in K). The latitude range is from 55 to 90°south, and the isocontours are of -5 (black), -8 (cyan)
and -10 (dark blue) potential vorticity (in ×10−6 K.m2.kg−1.s−1). The vertical red solid lines identify
the day when the HNO3 total columns start dropping in the southernmost latitudes, with their corre-
sponding dates, and the vertical red dashed lines correspond to the drop observed in the second derivative
time series (see Figure 7.2.1). The temperatures given on top of (b) correspond to the temperature (K)
recorded at the time of the drop (red solid line) and averaged over the spatial range encompassed by the
-8 ×10−6 K.m2.kg−1.s−1 PV contour.

Figure 7.2.4 shows the same but for a subset of the time series, for the years 2011 and 2012.
Similar to Figure 7.2.3, the vertical red dashed lines correspond to the "drop" day found with the
second derivative method. The solid ones represent the date at which the PV contour of −10×10-6
K.m2.kg-1.s-1 appears, which corresponds well to the moment when HNO3 columns start dropping.

Figure 7.2.4: Same as Figure 7.2.3 but for a subset of the time series (years 2011 and 2012).
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CHAPTER 7. DENITRIFICATION AND POLAR PROCESSES IN ANTARCTICA

7.2.2 Global distribution of denitrification temperatures

In order to examine the spatial homogeneity of the denitrification temperatures, Figure 7.2.5
shows the hemispheric distributions (in polar views) of the temperature at which the HNO3 total
columns start dropping, for the years 2008-2017 at the fixed pressure of 50 hPa. The temperature
is the one found using the minimum of the second derivative, as described in Section 7.2.1, but
applied here on 1°× 1° grid cells individually. The values for the spatially averaged denitrification
temperatures and corresponding dates are given in Table 7.1 where they are compared to those
from the derivative and visual approaches. With the second derivative approach applied to indi-
vidual grid cells, we find that the "drop" days (not shown here) range between early June (at the
center of the vortex) and late July (in the outer vortex), and that the average "drop" days are
very consistent from one year to another, with the earliest being the 13th of June, and the latest
the 21st.

Figure 7.2.5: Spatial distribution, in the southern hemisphere (PV≤ -8 ×10−6 K.m2.kg−1.s−1), of the
temperature (K, at 50 hPa) at which the HNO3 total columns start dropping at the start of the winter,
for the years 2008-2017.

The temperatures show similar values to the ones found in the zonal averages, which could be seen
as surprising considering that the dates are different. We attribute this to the fact that, within
the vortex, the temperatures do not vary much throughout the winter. Indeed, when looking at
Figure 7.2.3, we see that once inside the −10×10-6 K.m2.kg-1.s-1 PV contour, the temperatures are
stable, with only the extent of the region affected by lower temperatures increasing. The averaged
temperatures in the vortex are generally between 190.59 K (for 2011) and 193.49 K for (2013).
It is worth pointing out, however, that there seems to be some spatial pattern discernible in the
denitrification temperature with, for most years, higher temperatures (above 195K) recorded for
the northern and north-eastern part of the vortex, while the rest stays below 195K.
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7.2 Onset of HNO3 depletion and "drop" temperature detection

In order to show this differently, Figure 7.2.6 shows histograms of the temperatures corresponding
to the moment of denitrification for each year. As expected from the PSCs formation mechanisms,
the range 185− 195 K (blue in Figure 7.2.6) is predominant in all years, with quite often a larger
occurrence of the range 190−195 K. A significant amount of of occurrences (between 12% in 2011
and 35% in 2017) are also found in the 195− 200 K bin.

Figure 7.2.6: Histograms of the "drop" temperatures found in Figure 7.2.5, for the years 2008-2017.

Table 7.1: Dates and temperatures corresponding to the onset of the drop in the total HNO3 columns
inside a −8×10-6 K.m2.kg-1.s-1 PV contour (1st column), in a 1 × 1° zonal average (2nd column), and
averaged over a −8×10-6 K.m2.kg-1.s-1 PV contour area.

Derivatives approach
on vorticity averages

Visual approach
on zonal averages

Derivatives approach
on individual grid cells

Year Date Temperature (K) Date Temperature (K) Date Temperature (K)
2008 06.06 196.32 08.06 191.08 20.06 192.49
2009 10.06 193.05 28.05 193.25 18.06 192.25
2010 17.05 195.10 22.05 193.10 16.06 192.09
2011 20.05 197.03 26.05 193.69 15.06 190.59
2012 08.06 191.78 02.06 193.61 14.06 192.05
2013 17.05 195.15 30.05 191.77 13.06 193.49
2014 23.05 196.39 28.05 192.06 13.06 192.30
2015 20.05 194.90 02.06 192.55 21.06 191.96
2016 04.06 195.50 11.06 192.43 19.06 191.81
2017 17.05 194.49 26.05 192.28 15.06 193.23
Average 194.97± 1.58 192.58± 0.84 192.23± 0.79
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7.2.3 Discussion

From the results shown in this chapter, it is fair to conclude that it is difficult to associate an
exact day and a corresponding temperature for the decline of the HNO3 columns due to the onset
of cold temperatures and the subsequent formation of PSCs. However, this is, to our knowledge,
the first attempt to determine these parameters explicitly from an observational data set (and for
this, the 10-year global measurements of stratospheric HNO3 proves invaluable). While providing
a series of conclusive results, this chapter also highlighted a few issues that deserve discussion.
First, each of the three methods have their own limitations, which prevent us from determining if
one is to be preferred to the others.

• The first approach, using the second derivative of smoothed HNO3 time series, implies averaging
the HNO3 and temperature data on latitudinal bands, according to potential vorticity fields,
thus loosing some of the spatial variability within the vortex. We verified, however, that the
results of the automated approach were consistent with the onset of HNO3 decrease.

• The second approach required averaging both the HNO3 columns and the temperatures in
the other dimension, the longitude. There too, some of the variability is lost, but the broad
denitrification pattern is preserved, and visual analysis allowed to pinpoint a day for the decrease
in HNO3 columns in the southernmost latitudes.

• The application of the second derivative approach to individual grid cells has the advantage to
avoid large-scale averaging (except to get the average values for Table 7.1), since the second
derivative is calculated on the time series for every grid cell. However, considering the quantity
of data, it was impossible to verify manually that the minimum indeed corresponded to the
strong HNO3 decline. Some faulty values of "drop" days and temperatures are likely to have
been introduced because of that.

The second point worth discussing is that of the temperatures data set itself. Indeed, reanalysis
data sets are known to feature sometimes large uncertainties, and particularly, they do not always
capture small-scale fluctuations due to their often limited spatial resolution, especially in the south
polar regions. However, the recent decades have seen a marked improvement in the reanalysis data
sets, particularly thanks to the increasing coverage by satellite instruments and to the use of global
navigation satellite system (GNSS) radio occultation (RO) (Schreiner et al., 2007; Wang and Lin,
2007; Lambert and Santee, 2018). COSMIC is one of those high accuracy and global coverage data
set, and its measurements (based on the bending of angles or refractivity) are now ingested in most
reanalysis systems, among which the ERA Interim Reanalysis used in this work. Lambert and
Santee (2018) compared various reanalysis data sets (including ERA Interim) with the COSMIC
data, and found a small warm bias, with median differences between ERA and COSMIC around
0.5 K, and reaching 0−0.25 K in the southernmost regions of the globe, in the 68−21 hPa altitude
region, which corresponds to the region of the atmosphere where PSCs form. These small biases
do not significantly change our findings but should be kept mind, particularly for wave-driven
events where comparisons of reanalysis data sets show larger differences.
Thirdly, while we have assumed that the entire winter variability was due to PSCs formation and
denitrification, this is not necessarily the case. Lambert et al. (2016) showed for instance that the
HNO3 depletion was not necessarily synchronized with the observation of PSCs in the stratosphere.
They concluded that the significant depletion of HNO3 without instrumental detection of PSCs
was attributable to a NAT population characterized by a low number density and a large radii.
They observed this for a few years, while for others, there was no time lag between the decrease in
HNO3 and the apparition of PSCs in the data, suggesting the formation of detectable NAT (high
number density with small particle radii) directly. Another source of (smaller) variability is the
sedimentation of the heavy NAT particles which, when reaching the low stratosphere, might be
in a region with lower HNO3 and/or higher temperature, which would cause evaporation rather
than growth of the particle (because of the need of supersaturation of HNO3 over NAT for NAT
formation in the first case, and because of heat in the second case), and thus an increase in the
total gas-phase HNO3.
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7.2 Onset of HNO3 depletion and "drop" temperature detection

Note finally that some studies suggest that the temperatures history, also called the Temperature
Threshold Exposure (TTE), can influence the nucleation of PSCs. It is defined as the total
integrated time an air parcel is subject to synoptic-scale temperatures below a given threshold,
and is also used as a proxy for the time elapsed since nucleation occurred (Lambert et al., 2012,
2016). While this factor was not taken into account, since we are not aiming at detecting PSCs
as such (but rather at when they occur according to the temperature pattern), it is good to
bear in mind that the moment of the formation of the PSCs can vary not only depending on the
temperature, but also on the exposure time to below 195 K temperatures (in our case). Supporting
this, various studies have found that severe denitrification occurs only if the cold events have a
long enough duration (Larsen et al., 1997; Tabazadeh et al., 2001; Jensen et al., 2002), which,
incidentally, is also what opposes the Antarctic and the Arctic.
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Understanding HNO3 and O3 variability
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CHAPTER 8

Fitting the observations with a regression model
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The previous chapters have extensively described the FORLI-HNO3 data set and have examined
thoroughly the spatial and temporal variability. The relation between polar stratospheric HNO3

and the formation of polar stratospheric clouds was studied with greater details. While the general
circulation patterns and the chemical reactions involved in the HNO3 budgets are known since a
long time, no study so far has been carried out on a large observational data set to understand
what factors drive the HNO3 variability in space and time. This Part IV of the thesis addresses
this question with first, the description of the multivariate linear regression model used to identify
and quantify the variables involved in the HNO3 cycles. The following chapter (Chapter 9) then
shows the results obtained when applying the model to the HNO3 10-year time series. The details
of the model, as well as the results of the HNO3 fits, can also be found in Ronsmans et al. (2018).
Note however that the regressions were only run until 2016 in Ronsmans et al. (2018); this work
extends them until 2017. In the last chapter (Chapter 10), the same model is applied to O3 such
as to briefly examine the similarities/differences in the O3 and HNO3 budgets and time evolutions.

8.1 Introduction

O3 distributions have been extensively analyzed, and numerous studies have been conducted to
provide a better understanding of the factors influencing the stratospheric O3 depletion processes
and to assess the efficiency of the international treaties that were put in place to reduce its extent
(e.g. Lary (1997); Solomon (1999); Morgenstern et al. (2008); Mäder et al. (2010); Knibbe et al.
(2014); Wespes et al. (2016)). Most recent studies have used multivariate regression analyses in
order to identify and quantify the main contributors to the O3 spatial and seasonal variations.
The variables included in such regression models depend on the atmospheric layer investigated
(troposphere or stratosphere) and most often include the solar cycle, the quasi-biennial oscillation
(QBO), the aerosol loading and the equivalent effective stratospheric chlorine (EESC) (e.g. Wohlt-
mann et al. (2007); Sioris et al. (2014); de Laat et al. (2015)). They often also include climate-
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related proxies for specific dynamical patterns such as El Niño Southern Oscillation (ENSO),
the North Atlantic Oscillation (NAO) or the Antarctic Oscillation (AAO) (Frossard et al., 2013;
Rieder et al., 2013). In various multivariate regression studies, an iterative selection procedure is
used to isolate the relevant variables for the concerned species (Steinbrecht, 2004; Mäder et al.,
2007; Knibbe et al., 2014; Wespes et al., 2016, 2017).
As introduced above, despite the fact that it is one of the main species influencing stratospheric
O3, HNO3 has much less been studied in terms of explanatory variables, in part because of the
lack of global, consistent and sustained measurements. Identifying the factors driving its spatial
and temporal variability could help to characterize its behaviour in the stratospheric chemistry,
and hence its interactions with O3.
It is in this perspective that the following results were obtained. The idea was to formulate a sim-
ple but efficient model that would account for most of what is known to influence HNO3 (mostly
similar to the ones applied to O3), and to determine how much of the HNO3 variability could
be understood that way. HNO3 daily time series obtained from IASI are exploited. They are
averaged on equivalent latitude bands according to an empirical delimitation (see Section 6.2.1
for further details) and these time series are adjusted by a regression model including a defined
set of explanatory variables.

8.2 Multivariate linear regression model

The analysis of the HNO3 (and, later, O3) variability is done with the use of a multivariate linear
regression model. The model features various dynamical and chemical processes known to affect
the distributions of both species, that will be detailed in Section 8.3.2. The analysis is based on
the median total columns averaged for 11 equivalent latitude bands throughout the globe, and
chosen so as to correspond to thermodynamically consistent areas with the help of PV contours.
The bands are, for the Northern and the Southern Hemispheres, 70 − 90°, 65 − 70°, 55 − 65°,
40 − 55°, 30 − 40°, and 30° N−30° S of equivalent latitude. The time series for each of these
equivalent latitude bands was fitted with the following model:

(HN)O3(t) = cst+ y1.trend+ [a1.cos(ωt) + b1.sin(ωt)] +
m∑
i=2

[yi.Y Norm,i(t)] + ε(t) (8.2.1)

t is the day in the time series, cst is a constant term, the y terms are the regression coefficients for
each variable, ω = 2π/365.25, and Y Norm,i(t) refer to the chosen explanatory variables Y, which
are normalized over the period of IASI observations (2008-2017) following:

Y Norm,i(t) = 2(Y (t)− Y median)/(Y max − Y min) (8.2.2)

with Ymax and Ymin the maximum and minimum values of the variable time series (before
subtraction of the median, Ymedian).
The terms a1 and b1 in Eq. (8.2.1) are the coefficients included for the annual variability. They
account mainly for the seasonality of the solar insolation and of the meridional Brewer-Dobson
circulation. This annual variability is described as harmonic terms because of the cyclic nature
of the BDC and the solar insolation. The use of both sine and cosine allow to account for the
different phases and intensity of the seasonality.
The regression coefficients are estimated by fitting the IASI time series over the 10 years with the
model described by Eq. (8.2.1), using a least square minimization method. The standard error
(σe) of each proxy is calculated based on the regression coefficients and is corrected in order to
take the autocorrelation uncertainty into account (Knibbe et al., 2014; Wespes et al., 2016):

σe
2 = (YTY)-1.

∑
[(HN)O3 −Yy]2

n−m .
1 + ϕ

1− ϕ (8.2.3)

where Y is the matrix of explanatory variables of size n×m, n is the number of daily measure-
ments and m the number of fitted parameters. (HN)O3 is the IASI-derived ozone (nitric acid)
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column, y the vector of regression coefficients and ϕ is the lag-1 autocorrelation of the residuals.
The autocorrelation uncertainty allows to take into account the dependence between successive
observations in a time series. Indeed, successive observations are rarely completely independent
from one another (if on day 1, the HNO3 columns were very high, day 2 will likely also show quite
high concentrations of HNO3). This dependence between successive observations is called the
autocorrelation (not to be mistaken for a trend). The inclusion of the term ϕ in the calculation
of the standard error allows to take this effect into account.

8.3 Variables used for the regression

8.3.1 Iterative selection of explanatory variables

The choice of variables included in the model is made using an iterative elimination procedure;
all variables are tested based on their importance for the regression (Mäder et al., 2010). At each
iteration, the variable with the largest p-value (and outside the confidence interval of 95%) is
removed, until there remain only the variables relevant for the regression, i.e. the ones with a
p-value smaller than 0.05. This selection algorithm is applied on each band of equivalent latitude
(or grid cell, for the global distributions shown below) and thus yields a different combination of
variables, depending on the equivalent latitude region (or grid cell) considered.

8.3.2 Description of chosen variables

Given the strong relationship between the O3 and the HNO3 chemistry and variability (Solomon,
1999; Neuman et al., 2001; Santee et al., 2005; Popp et al., 2009), and the novelty in applying
such a regression study in an HNO3 data set, we have decided to build the initial model using
the major and well known drivers of the total O3 variability, namely: a linear trend, harmonic
terms for the annual variability, and geophysical proxies for the solar cycle, the QBO, the ENSO
phenomenon and for the Arctic (AO) and Antarctic Oscillations (AAO) for the Northern and
Southern Hemispheres, respectively. In addition, a proxy for the volume of polar stratospheric
clouds is included to account for the effect of the strong denitrification process during the polar
night (cf. Chapter 7). The time series of all the proxies are shown in Figure 8.3.1 and described
with more details hereafter. The source for each proxy is also provided in Table 8.1.

Table 8.1: Proxies used for the regressions and their source

Proxy Description Source
SF Solar Flux at 10.7 cm NOAA National Center for Environmental Information

https://www.ngdc.noaa.gov/stp/solar/flux.html
QBO Quasi Biennial Oscillation

index at 10 and 30 hPa
Free University of Berlin
http://www.geo.fu-berlin.de/en/met/ag/strat/
produkte/qbo/index.html

MEI Multivariate ENSO Index NOAA Earth System Research Laboratory
http://www.esrl.noaa.gov/psd/data/climateindices/

VPSC Volume of Nitric Acid Trihydrates
formed in the stratosphere

Dr. Ingo Wohltmann at AWI
(personal communication)

AO & AAO Arctic & Antarctic
oscillation indices

NOAA Earth System Research Laboratory
http://www.esrl.noaa.gov/psd/data/climateindices/

G. Ronsmans 111



CHAPTER 8. FITTING THE OBSERVATIONS WITH A REGRESSION MODEL

-2

-1

0

1

Solar flux QBO 10hPa QBO 30hPa

-2

-1

0

1

AAO AO ENSO

Jan08 Jan09 Jan10 Jan11 Jan12 Jan13 Jan14 Jan15 Jan16 Jan17
-1

0

1

2

VPSC North VPSC South

Figure 8.3.1: Normalized proxies over the IASI observation period (2008-2017). Top panel: Solar flux
(yellow), QBO at 10 hPa (green) and QBO at 30 hPa (orange). Middle panel: Antarctic Oscillation (light
blue), Arctic oscillation (dark blue) and Multivariate ENSO Index (MEI, pink). Bottom panel: VPSC
proxy in the Northern Hemisphere (light grey) and in the Southern Hemisphere (dark grey).

8.3.2.1 Solar flux

As a proxy for the solar activity, we use the 10.7 cm solar flux (F10.7). It is a radio flux that
varies daily, and correlates to the number of sunspots on the solar disk (Covington, 1948; Tapping
and DeTracey, 1990; Tapping, 2013). The data set used here is the adjusted flux that takes the
changing Earth-Sun distance into account. The solar cycle influences directly the partitioning
between NOy (produced by the N2O+O1D reaction) and HNO3 through the quantity of sunlight
available, and is known to affect the variability of O3 in the lower stratosphere (e.g. Hood (1997);
Kodera and Kuroda (2002); Hood and Soukharev (2003); Austin et al. (2007)).

8.3.2.2 Quasi-biennial oscillation

As detailed in Section 2.1.2.4, the QBO is one of the main processes regulating the dynamics
of the tropical atmosphere. It is driven by vertically propagating gravity waves, which produce
westerlies and easterlies, oscillating over a period of 28− 29 months. The effects of the QBO are
usually most significant in the equatorial region, which is thus where we expect to find a significant
influence on the variability of HNO3 or O3. Their distribution can indeed be affected by QBO
through the influence of the latter on the Brewer-Dobson circulation, which in turn transports
species in the stratosphere. The QBO extends on a rather large altitude range (Figure 2.1.4);
monthly time series at two pressure levels (30 and 10 hPa) are included in this study in order to
take into account the differences in phase and shape of the QBO signal in the upper and lower
stratosphere. They are obtained from ground-based measurements in Singapore, which produce
a data set using the daily high-resolution vertical wind profiles.
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8.3.2.3 Multivariate ENSO index

The Multivariate ENSO index (MEI) is a metric that quantifies the strength of the El Niño-
Southern Oscillation. It is computed based on the measurement of six variables over the tropical
Pacific: sea-level pressure, zonal and meridional winds, sea surface temperature, surface air tem-
perature, and cloudiness fraction (Wolter and Timlin, 1993, 1998). As detailed in Section 2.1.2.5,
the ENSO is a tropospheric process, consisting mostly in sea-surface temperature contrasts due
to pressure anomalies. Nonetheless, it is known to affect stratospheric circulation as well, namely
through the influence on the generation of Rossby waves, which affect stratospheric transport
processes as well as the strength of the polar vortex (Trenberth et al., 1998; Newman et al., 2001;
Garfinkel et al., 2015). With an influence on stratospheric circulation, the ENSO is thus likely to
affect HNO3 and O3 variability.

8.3.2.4 Arctic and Antarctic oscillations

The AO and AAO are included in the regression in order to represent the atmospheric variability
in the Northern and Southern Hemispheres, respectively. As explained in Section 2.1.2.5, they
are constructed from the daily geopotential height anomalies in the 20 − 90° region, at 1000 mb
(for the Northern Hemisphere) and at 700 mb (for the Southern Hemisphere). Each index (AO
or AAO) is considered only in the hemisphere it is related to, while both indices are included for
equatorial latitudes. The impact of these oscillations on O3 distributions has been demonstrated
in several studies (e.g. Rieder et al., 2013; Wespes et al., 2016). We may thus expect a similar
influence on the HNO3 distributions, particularly because, even though they are tropospheric
features, their phase and intensity affect the atmospheric circulation, and in particular the BDC,
up to the stratosphere.

8.3.2.5 Volume of polar stratospheric clouds

As introduced and detailed in previous chapters, the very low winter temperatures in the polar
stratosphere inside the vortex lead to the formation of PSCs, which are composed of nitric acid di-
or trihydrates (NAD or NAT), supercooled ternary HNO3/H2SO4/H2O solutions (STS) or water
ice (H2O) (e.g Molina et al. (1993); Höpfner et al. (2006); Wang and Michelangeli (2006)). Here,
we consider for the PSCs only the NAT particles (HNO3.(H2O)3), which are ubiquitous (and often
mixed with STS) (Voigt et al., 2000; Pitts et al., 2009; Lambert et al., 2016). The other forms
of PSCs are expected to influence the variability in gas-phase HNO3 to a much lesser extent (von
König et al., 2002).
The proxy we use here for the NAT is the volume of air below TNAT (195 K), which depends
on nitric acid concentrations, water vapor and pressure (Hanson and Mauersberger, 1988; Wohlt-
mann et al., 2007). The temperatures needed to compute that quantity are based on ERA-Interim
reanalysis and the HNO3 and H2O profiles are taken north and south of 70° from an MLS cli-
matology. The proxy is calculated with a supersaturation of HNO3 over NAT of 10, roughly
corresponding to 3 K supercooling (Hoyle et al., 2013; Lambert et al., 2016; Wohltmann et al.,
2017). It should be noted that this proxy is not included in the regression outside of the polar
regions; inside (eqlat bands 65-90 north and south), it is included and subject to the selection
algorithm.

Finally, it is worth to note that, for the sake of completeness, proxies accounting for the po-
tential vorticity (PV) and for the Eliassen-Palm flux (EPflux) were also tested in order to take
into account physical proxies of the stratospheric dynamics and the Brewer-Dobson circulation.
Also, various levels for the QBO were tested. However, none of these proxies led to a significant
reduction of the residuals or to better correlation coefficients. Their contribution is embedded in
the model harmonic terms, and they will not be discussed explicitly further.
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CHAPTER 9

Multivariate regressions applied to HNO3
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9.1 HNO3 fits for equivalent latitude bands

9.1.1 Matches and mismatches

For each eqlat band, the variables retained by the selection procedure (see Section 8.3.1) are listed
in Table 9.1. Most variables are retained everywhere, except for the solar flux which is rejected
in the polar latitudes (70-90 N and S). The QBO30 is also rejected in the southern polar regions
(65-90 S) and the MEI in the northern polar regions (65-90 N). Finally, the AO and AAO are
rejected in the 65-70 N and in the 70-90 S bands, respectively.

Table 9.1: Set of variables retained by the selection algorithm for each equivalent latitude band.

70-90S 65-70S 55-65S 40-55S 30-40S 30N-30S 30-40N 40-55N 55-65N 65-70N 70-90N
SF SF SF SF SF SF SF SF SF

QBO10 QBO10 QBO10 QBO10 QBO10 QBO10 QBO10 QBO10 QBO10 QBO10 QBO10
QBO30 QBO30 QBO30 QBO30 QBO30 QBO30 QBO30 QBO30 QBO30

COS1 COS1 COS1 COS1 COS1 COS1 COS1 COS1 COS1 COS1 COS1
SIN1 SIN1 SIN1 SIN1 SIN1 SIN1 SIN1 SIN1 SIN1 SIN1 SIN1
MEI MEI MEI MEI MEI MEI MEI MEI MEI
VPSC VPSC VPSC VPSC

AAO AAO AAO AAO AO/AAO AO AO AO AO

The results from the multivariate regression applied on the 10-year HNO3 columns are presented
in Figure 9.1.1 for each band of equivalent latitude. The model reproduces well the measurements,
with correlation coefficients between 0.81 (in the 30 − 40 N and the 40 − 55 N eqlat band) and
0.94 (in the 70 − 90 S eqlat bands). The major features (seasonal and interannual variabilities)
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are reproduced by the regression model, as testified by the small residuals, which are below
2.5 × 1015 Root Mean Square Error (RMSE), with better results for the 30N-30S equivalent
latitude band (RMSE of 2.38×1014 molec.cm-2) and worse fits for the 65− 70 S band (RMSE of
2.40×1015 molec.cm-2). From the fits, several features can be highlighted:
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Figure 9.1.1: IASI HNO3 total columns (red dots) for each equivalent latitude bands and the associated
fitted model (black curves). The residuals are in blue, and the horizontal black line represents the zero
residual line. For each equivalent latitude band, the correlation coefficient (R) between the observations
and the model fit is given in the top left corner, and the root mean square error (RMSE) in the top right
corner.
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9.1 HNO3 fits for equivalent latitude bands

• The high daily variability in the retrieved columns during winter in the polar regions is not
captured very well by the regression fits. Indeed, we find that the residuals are largest in
this period, especially in the Southern Hemisphere during the denitrification period of each
year (from June until September approximately), mostly because of the high variability of
the vortex itself. When considering these 4-month periods only, we find an average RMSE of
1.50×1016 molec.cm-2, as opposed to a mean value of 8.36×1015 molec.cm-2 for the periods
between the denitrification months. In the Northern Hemisphere, the day-to-day variability
is largest during winter as well, when the vortex builds up, and this causes larger residuals
for the corresponding months (see December through March of each year, top left panel of
Figure 9.1.1, with an average RMSE of 7.85×1015 molec.cm-2 to be compared to 7.32×1015
molec.cm-2 for the other months). It is important to stress that these larger residuals are
obtained in the polar regions despite the fact that a VPSC proxy was used. In Figure 9.1.2
we show, however, that the regression model would perform a lot worse in polar regions if
that proxy is neglected, as also discussed below.

• The high maxima seen in the IASI time series outside the tropics, mostly from mid-April
through the end of May in the Southern Hemisphere, and from mid-December through early
February in the Northern Hemisphere, are not reproduced by the regression model. In fact,
the model fails to capture the highest columns during the winters of each hemisphere. In the
same way, a few pronounced lows recorded by IASI, especially those in the Northern polar
regions (e.g. mid-June to early October 2014 and 2016) are not captured by the model.

9.1.2 Focus on the polar regions and the influence of VPSC

Even though the high variability measured during the denitrification periods in the Southern polar
region is not reproduced perfectly by the regression, the amplitude of the decrease in HNO3 is
captured by the model. This is illustrated in Figure 9.1.2, which shows a zoom of Figure 9.1.1;
the regression was tested without (a-b) and with (c-d) the VPSC proxy, for the 70-90 N (left
panels) and the 70-90 S (right panels) eqlat bands. The steep slope observed at the start of the
low temperatures is captured by the model when the proxy for the VPSC is included, and the
correlation coefficients are improved for both hemispheres (from 0.80 to 0.84 in the 70− 90 N and
from 0.83 to 0.94 in the 70− 90 S eqlat band). The improvement is noticeable especially for the
Southern Hemisphere, where the fit including the VPSC proxy matches very well the IASI HNO3

observations for these two example years. In the Northern Hemisphere, while the inclusion of the
VPSC proxy also helps, it seems that the fitted columns increase too quickly after the VPSC proxy
is back at zero; the observations show that the HNO3 columns actually stay low for a prolonged
period of around 3 months.
Although not shown here, similar results are found for the winters of 2011 and 2014 in the Arctic,
where the conditions also led to exceptional denitrification. This is most likely due to the fact
that there is no factor in the model that accounts for the sedimentation of the PSCs. Once the
VPSC proxy is zero, it is thus the annual contribution that takes over, going back to a harmonic
pattern where the fit increases to then decrease in April with the return of sunlight (and hence
an increased photodissociation). This effect is not appearing in the Southern Hemisphere because
the period during which PSCs are formed extends throughout the Austral spring; the annual
contribution in the model takes over the VPSC proxy only from December, when the harmonic
pattern is at its minimum, which matches the minimum IASI columns.
In the 65-70 S eqlat band (f), the model is not well adapted. Indeed, as previously described in
Section 6.2.2, the HNO3 columns continue to increase after the formation of PSCs has started in
the 70-90 S eqlat band (where the VPSC proxy is valid). This translates to a lag between the
observations in the 65-70 S eqlat band and the fit. In the latter, the drop of HNO3 comes too soon,
and is furthermore not as sharp as in the IASI time series. These misfits induce a low correlation
coefficient (0.87) and high RMSE (2.40×1015 molec.cm-2). A proxy adapted to this eqlat band
should be used in further studies in order to represent the conditions in that particular region of
the vortex.
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Figure 9.1.2: Subset of the time series in Figure 9.1.1, zooming on 2 years (October 2014 through October
2016 for the Northern Hemisphere, and March 2014 through March 2016 for the Southern Hemisphere)
with denitrification at both poles. Total columns (in 1016 molec.cm-2) of IASI observations (red), the
regression fit (black), and the residuals (blue) are depicted for: (a-b) 70 − 90° N and S, respectively,
without the VPSC proxy, (c-d) 70 − 90° N and S, respectively, with the VPSC proxy, and (e-f) 65 − 70°
N and S, respectively, with the VPSC proxy. The correlation coefficients between the fit and the IASI
data (R) are displayed, as well as the root mean square error (RMSE). (g-h) Normalized VPSC proxy in
the Northern and the Southern Hemispheres. Note the different time and range of values between the two
hemispheres.
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9.2 Global model assessment with regard to the HNO3 variability

Figure 9.1.3 shows the regression coefficients of each variable in each equivalent latitude band
(a). The two bottom panels (b and c) show the signal of the fitted proxies in the time series,
calculated by multiplying the proxy by its regression coefficient. Only the variables retained by
the selection algorithm are shown and discussed. From the top panel of Figure 9.1.3, it can be seen
that all proxies are significant, with errors (error bars in the Figure) smaller than the coefficients
for all eqlat bands. It is clear that the annual variability (black curve) is predominant at all
latitudes, except at polar latitudes where the VPSC proxy becomes predominant, particularly
in the Southern Hemisphere. From the two bottom panels, we also see the large influence of
the VPSC in the regression for the polar regions. Their signal is, as expected, larger in the
Southern Hemisphere where it reaches -1.3×1016 molec.cm-2, which is to be compared to maximum
values around -0.4×1016 molec.cm-2 in the Northern Hemisphere. A noteworthy exception in the
Arctic is found for the year 2016 where the VPSC signal reached -0.7×1016 molec.cm-2 during the
exceptionally cold (stratospheric) winter. While the PSCs have significantly affected the HNO3
distributions in the winters 2011, 2014 and 2016 in the Arctic, their influence during other years
may (wrongly) account for some of the variability in the observations (see first highlighted feature
above). The other proxies that show relatively large signals will be discussed further in Section 9.3.
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Figure 9.1.3: Top panel: Regression coefficients (x i) and their standard error (σe, error bars, calculated
by Eq. 8.2.3) for the selected variables in each equivalent latitude band (each data point is located in the
middle of its corresponding eqlat band). Bottom panels: Fitted signal of the proxies in the eqlat bands
70-90 north (middle) and south (bottom) for the selected variables. They are calculated as [x i.X i] with
X i the normalized proxy and x i the regression coefficient calculated by the regression model.

9.2 Global model assessment with regard to the HNO3 variability

The model ability to reproduce the measurements on spatial scales is evidenced by the top panel of
Figure 9.2.1, which shows the percentage of the HNO3 variability seen by IASI that is explained by
the regression model. The fraction is calculated as the difference between the standard deviation of
the fit and of the observations

[
σ(HNO3

fit)/σ(HNO3
IASI)× 100

]
and is expressed as a percentage.

We find that much of the observed variability can be explained by the model in the Southern
Hemisphere (generally between 50 and 80 %). The southern mid-latitudes and the polar regions
are in particular well modeled (70-80 %), except above the ice shelves. Similarly, the Northern

G. Ronsmans 119



CHAPTER 9. MULTIVARIATE REGRESSIONS APPLIED TO HNO3

Hemisphere HNO3 variability is reasonably well explained by the model, particularly above 40°
of latitude, with percentages ranging between 50 and 80 %, although some continental areas
(Northern part of inner Eurasia above Kazakhstan and the west Siberian plains) stand out with
percentages below 40 %. The region with the largest unexplained fraction of variability is the
intertropical band extending as far as 40° North. There, the fraction of HNO3 variability explained
by the model reaches values as low as 20 %. As we will show in Section 9.4, these regions of low
explained variability coincide well with those of intense lightning activity. Lightning produces large
amount of NOx in the upper troposphere (Labrador et al., 2004; Sauvage et al., 2007; Cooper et al.,
2014), which could partly explain why the model is missing some of the variability recorded in
the observational data. Another cause for the discrepancies between the observations and the
model could be unaccounted sinks of HNO3, such as deposition in the liquid or solid phase and
scavenging by rain. It should be noted that a small area of high explained variability is observed
in Africa, just south of the equator. The variability in this region is unexpectedly high in the IASI
time series and we suggest that it could be influenced by biomass burning emissions of NO2. This
aspect will also be discussed further in Section 9.4.
The bottom panel of Figure 9.2.1 depicts the global distribution of the RMSE of the regression fit
expressed as a percentage. The errors are small everywhere (between 10 and 20 %) except in the
Southern Hemisphere above Antarctica, and particularly above the ice shelves (mainly the Ross
and Ronne ice shelves). We also find higher RMSE values above the desert areas (the Sahara,
the Arabian, the Turkestan and the Australian deserts) as well as off the west coasts of south
Africa and South America where persistent low clouds occur. Regions of low clouds or those
characterized by emissivity features that are sharp (e.g. deserts) or seasonally varying (e.g. ice
shelves) are known to cause problems for the retrieval of HNO3 using the IASI spectra (Hurtmans
et al., 2012; Ronsmans et al., 2016) and the reason for the poor regression fits is there most likely
to be related to the observational time series.

Figure 9.2.1: Top: Fraction (%) of the HNO3 variability in the IASI observations explained by the regression
model, and calculated as

[
σ(HNO3

fit)/σ(HNO3
IASI)× 100

]
. Bottom: Root Mean Square Error (RMSE)

calculated for each grid cell as

[√∑
(fit-IASI)2

n

]
and expressed in %.
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9.3 Global patterns of fitted parameters

Figure 9.3.1 shows the global distributions of the regression coefficients obtained after fitting,
expressed in molec.cm-2. All the variables are shown, with the areas where the proxy was not re-
tained left blank. Complementary to Figure 9.3.1, Figure 9.3.2 shows the percentage of variability
in HNO3 explained by each of the proxies. It is calculated as the difference between the standard
deviation of the proxy and the standard deviation of the IASI HNO3 data, and is expressed in %.

Figure 9.3.1: Global distributions (2.5°×2.5° grid) of the regression coefficients after fitting the IASI HNO3

data set, expressed in 1015 molec.cm-2. The gray crosses are the cells where the proxy is not significant
when accounting for autocorrelation (see Eq.(8.2.3)). They were omitted for the trend determination (see
text for details). The white cells are where the proxy was not retained and the black cells represent a
coefficient of 0. Note the different scales. The y-axes are latitudes.

The annual cycle

The terms a1 and b1, accounting for the annual cycle, show large regression coefficients (Fig-
ure 9.3.1) and hold the largest part of the variability globally (up to 70% in the northern and
southern mid- to high latitudes, see Figure 9.3.2). While the Brewer-Dobson circulation, which is
embedded in these harmonic terms, influences to some extent the HNO3 variability (through its
influence on the conversion of N2O to NOy in the tropics and through the transport of NOy-rich
air masses towards the polar regions and subsequent transformation into HNO3), the influence
of the seasonality of the solar insolation is also likely to largely influence the seasonality. Also
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related to the annual cycle are the increasing columns recorded during the winter in both polar
regions. They can be explained by the combination of three processes, namely:

1. At low temperatures, HNO3 is formed by heterogeneous reactions, namely the rapid forma-
tion of N2O5 which is then hydrolyzed to form HNO3 (R7). Other heterogeneous reactions
occurring at low temperatures can also induce the production of HNO3, such as the hydrol-
ysis of ClONO2 or its reaction with hydrogen chloride particles through:

ClONO2 + H2Oaerosol HOCl + HNO3 (R29)
ClONO2 + HClaerosol Cl2 + HNO3. (R30)

Among these three low temperature reactions, the first (R7) has the largest reaction proba-
bility (∼ 0.1). However, at temperatures below 200 K, (R30) becomes increasingly important
(McDonald et al., 2000).

2. While the chemical sources of HNO3 are still active, the loss reactions (HNO3 photolysis
and oxidation by OH) are significantly slowed down during the winter, due to the need of
sunlight for these to occur (Austin et al., 1986; McDonald et al., 2000; Santee et al., 2004).

3. As is mentioned is Section 6.2.2, with the decrease of the temperatures in the polar strato-
sphere, the winds inside the polar vortex gain intensity and induce a strong diabatic down-
ward motion of air with little latitudinal mixing across the vortex boundary. This descend-
ing air from the upper stratosphere enriches the lower stratosphere in HNO3 (Schoeberl and
Hartmann, 1991; Manney et al., 1994; Santee et al., 1999).

The solar cycle, MEI and AO/AAO

The solar flux, ENSO index and Arctic and Antarctic Oscillations all have a similar influence in
terms of magnitude (between -2.5×1015 and 2.5×1015 molec.cm-2), although with different spatial
patterns (Figure 9.3.1). The influence of the solar flux is positive in the northern polar latitudes
and in the tropical and southern mid-latitudes. It is close to zero or negative elsewhere. While
previous studies found a positive signal globally in the low stratosphere for the response of O3 to
the solar cycle (Hood, 1997; Soukharev and Hood, 2006), our results for HNO3 at mid- to high
northern latitudes suggest opposite behaviour (negative signal). The positive contribution of the
solar cycle on the HNO3 variation in the tropical and southern mid-latitude stratosphere on the
contrary is in line with the O3 response (Soukharev and Hood, 2006; McCormack et al., 2007;
Frossard et al., 2013; Maycock et al., 2016). Note also that the negative contribution calculated
for the solar flux above the ice shelves of western Antarctica is an artifact caused by imperfect
IASI HNO3 columns as discussed before. For this reason, the regression coefficients in this area
will not be discussed further.

The MEI shows a negative signal above the northern polar regions and in the eastern parts of the
Pacific and Atlantic (especially west of South Africa) Oceans. A positive signal is found above
Australia and above the southern polar regions. Overall, the MEI influence is quite small, which
is not surprising considering that it affects mostly the tropospheric circulation, where IASI is less
sensitive. Its contribution is nonetheless visible and significant in the eastern Pacific (Figure 9.3.2),
where it contributes to up to 30% of the HNO3 variability, and in the mid-latitudes of the Northern
Hemisphere. The east-west gradient is in good agreement with chemical and dynamical effects of
El Niño on O3, and with previous studies that showed the same patterns for the influence of the
MEI on O3 (Hood et al., 2010; Rieder et al., 2013; Wespes et al., 2017).

The arctic oscillation (AO) signal is stronger, especially above the Atlantic Ocean, with a positive
signal above eastern Canada and Greenland and between the north of eastern Africa and Florida.
Except for those two regions, the AO shows at mid- to high latitudes of the Northern Hemisphere
a negative signal, which contributes for 10 − 20% to the HNO3 variability. The corresponding
proxy for the Southern Hemisphere (AAO) is also significant, with a strong positive signal above
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the vortex rim and a negative signal above Antarctica. These results are in agreement with studies
for O3 which showed that both the Arctic and Antarctic oscillations (also called “annular modes”)
are leading modes of variation in the extratropical atmosphere (Weiss et al., 2001; Frossard et al.,
2013; de Laat et al., 2015; Wespes et al., 2017). They strongly influence the circulation up to the
lower stratosphere and contribute, particularly in the Southern Hemisphere, to the fluctuations
in the strength of the polar vortex (Thompson and Wallace, 2000; Jones and Widmann, 2004;
van den Broeke and van Lipzig, 2004).

The QBO

The QBO has a generally small influence on the distributions with, however, some contribution
(up to 30%) in the equatorial band as expected (Baldwin et al., 2001; Solomon et al., 2014). As
previously mentioned, several tests have been performed (not shown here) with the QBO taken
at other pressure levels in the atmosphere (namely 20 and 50 hPa), and similar results have been
obtained. Even though the QBO is a tropical phenomenon, its effects extend as far as the polar
latitudes through the modulation of the planetary Rossby waves (e.g. Holton and Tan (1980);
Baldwin et al. (2001)). Because there are more topographical features in the Northern Hemisphere
than in the Southern Hemisphere, these waves have a larger amplitude and can influence the Arctic
stratospheric temperatures and hence the vortex formation. While the exact mechanism for the
extratropical influence of the QBO is not totally understood (Garfinkel et al., 2012; Solomon
et al., 2014), it seems that the large positive and negative signals observed in the northern high
latitudes in Figure 9.3.1 for the HNO3 distribution can indeed be attributed to this modulation
of the Rossby waves by the oscillation in the meridional circulation. This was also observed for
O3 by e.g. Wespes et al. (2017).

The trend

No significant trend could be detected for HNO3 over the 10 years of IASI observation (all data
points in Figures 9.3.1 and 9.3.2 for this term are non-significant but the grey crosses have not
been plotted for clarity). This might be due to the short length of the time series, or simply to
the fact that there is no trend observable. In order to put this in context, it is interesting to note,
as will be detailed in Section 10.4, that the 10 years of measurements are sufficient to detect a
trend in the O3 time series.

The VPSC

The annual cycle, which is the dominant factor for HNO3 variability at all latitudes and can
explain the build-up of concentrations during the winter, is interrupted in the southern polar
regions, particularly in the 70-90 S eqlat band (see also Figure 9.1.3), by the condensation and
subsequent sedimentation of PSCs. The VPSC proxy, reflecting the volume of air below TNAT,
has, as expected, a strong anti-correlated effect on HNO3 columns (Figure 9.3.1), which decrease
(negative values) with increasing VPSC (e.g. Wang and Michelangeli (2006); Lowe and MacKenzie
(2008); Kirner et al. (2015)). The signal of the VPSC proxy is negative everywhere in the polar
regions, with values around -6×1015 molec.cm-2. When looking at their contribution (Figure 9.3.2),
we find that the PSCs account for a very large part of the HNO3 variability (40 − 60%) in the
Southern Hemisphere, where denitrification is indeed more important, compared to the Northern
Hemisphere (maxima of 40%), as discussed in Section 6.2.2 with the analysis of Figure 6.2.3. Note
that the regions with a positive signal from VPSC are all non-significant (grey crosses in the two
Figures).
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Figure 9.3.2: Contribution of each proxy to the HNO3 variability, calculated for each grid cell as[
σ(Xi)/σ(HNOIASI

3 )× 100
]
, with Xi the explanatory variable, and HNOIASI

3 the IASI observations
time series. It is expressed in %

.

9.4 What could explain the remainder of HNO3 variability?

As was noted in Figure 9.2.1 and introduced in Section 9.2, the regression model used in this study
does not allow reproducing the entire variability of HNO3 columns throughout the globe. Partic-
ularly, the intertropical regions show a large part of still unexplained variability. We hypothesize
therefore that some other processes must be at play in these regions. One possible reason could
be that processes happening in the troposphere play a role as, in this part of the globe, IASI is
somewhat more sensitive to this layer. To test this hypothesis, we use the tropospheric excess
method (TEM), which was developed by Richter and Burrows (2002) and Martin et al. (2002)
for the retrieval of NO2 tropospheric columns from the GOME instrument. It is based on the
assumptions that the stratospheric NO2 layer is longitudinally invariant and that the tropospheric
NO2 is negligible over regions less exposed to NOx emissions and transport. These assumptions
can be considered true only in the tropics, since the longitudinal variations of the stratospheric
columns at mid- and high latitudes are large. We have applied this method to HNO3 to isolate
a possible tropospheric contribution in the tropics. Specifically, we have calculated the HNO3

tropospheric excess HNOTE
3 (Figure 9.4.1) by averaging, for each latitude, the HNO3 total column

over a narrow region above the Pacific Ocean (see blue rectangles in Figure 9.4.1), far from source
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regions. This value is then subtracted from each individual column:

HNOTE
3i = HNO3i −HNO3 rect. (9.4.1)

HNO3i is the HNO3 total column value in each cell i, and HNO3 rect is the average value of all
the total columns, by latitude, within the blue rectangle.
The distribution of the tropospheric excess is given in Figure 9.4.1. The months of June, July and
August were chosen because they show the largest and most significant excesses. The regions of
large positive tropospheric excess (up to 4× 1015 molec.cm−2) are located mostly around Central
America, above the Atlantic Ocean, above most of the western parts of Africa, and above Australia.
These regions coincide quite well with the regions of low explained variability shown in blue in
Figure 9.2.1, with the exception of southeast Asia, where only a low fraction of the variability
is explained by the model, and where the tropospheric excess is rather low. Note that negative
values of the tropospheric excess are found mostly between −20 and −30° of latitude above the
Atlantic and the Indian oceans, as well as above India, where we obviously overestimate of the
"stratospheric columns".

Figure 9.4.1: HNO3 tropospheric excess in the 30° S−30° N latitude region, for the months of June, July
and August, from 2008 to 2017. The blue rectangle on each map shows the area chosen for the calculation
of the background stratospheric column and, from there, the tropospheric excess (Eq. 9.4.1).
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The following sections discuss two possible origins for the tropospheric excess in HNO3, which
could contribute to part of the low explained variability in the tropics: the effect of lightning, and
of the vegetation fires. These processes release indeed large amounts of NOx in the (sometimes
high) troposphere, which can in turn be converted to HNO3 and be detected by IASI.

9.4.1 Lightning activity

Lightning flashes are an important source of upper tropospheric NOx (NO and NO2, with NO
accounting for 75 − 95% of the total). In the upper troposphere, the NOx have a longer lifetime
than close to the surface, and thus influence tropospheric O3 and HNO3 on larger scales. To
evaluate if lightning contributes to the tropospheric excess, we use two data sets: the first is
obtained from the TRMM Lightning Imaging Sensor (LIS) which provides the distribution and
variability of total lightning occurring in the Earth’s tropical and subtropical regions. The spatial
resolution is 3 − 6 km and the sampling frequency is of 1 second (Christian et al., 1992). The
second data set is from the ECCAD-Global Emission Inventory Activity (GEIA) data base, and
consists in the 1983 − 1990 average of the global NOx flux due to lightning, including cloud-to-
ground and intra-cloud flashes (Price et al., 1997).
Figure 9.4.2 shows, for June, July and August 2011, the tropospheric excess (a) with the flash
occurrences recorded by LIS/TRMM (b) and compared with the ECCAD inventory (c). We
can observe that the tropospheric excess is often seen surrounding the areas of intense lightning,
particularly in Central America in July and August, and in Africa, north of the equator. The
large plume observed over the Atlantic Ocean north of the equator could possibly result from the
transport of these NOx-rich air masses towards the West. This is however not confirmed in other
places. In particular, the lightning hotspot in south and southeast Asia (seen by both the LIS
instrument and the ECCAD inventory) does not correspond to a particular tropospheric excess
of HNO3. At this point, it is unlikely that lightning alone can explain the observed tropospheric
excess.

Figure 9.4.2: HNO3 tropospheric excess in comparison with superimposed lightning occurrences. (a)
HNO3 tropospheric excess, (b) HNO3 tropospheric excess with lightning (grey) from LIS/TRMM mea-
surements. (c) Average lightning NOx fluxes over 1983-1990 from the ECCAD-GEIA data base, expressed
in kg.m−2.s−1.
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9.4.2 Vegetation fires

Vegetation fires also emit NOx and pyroconvection sometimes bring fire plume directly in the
upper troposphere. The areas of known recurring vegetation fires in the tropics are in South
America, Africa, southeast Asia and Australia. Figure 9.4.3 shows their occurrence for the year
2011 in June, July and August (pink dots in panel (b)). Most of them are south of the equator,
and they are more numerous in July and August. Data for the fire occurrences are obtained from
the Moderate Resolution Imaging Spectrometer (MODIS) instrument onboard Aqua and Terra
(Justice et al., 2002; Giglio et al., 2006).
Because we are looking for a link between the tropospheric excess and the low explained variability
by the model (see Figure 9.2.1 a), we will focus only on those areas where the tropospheric excess
coincides with the location of fires, that is mostly Africa. There, fires occur mostly just south of
the equator.

Figure 9.4.3: HNO3 tropospheric excess in comparison with fires. (a) HNO3 tropospheric excess, (b) HNO3

tropospheric excess with fires (pink) from MODIS measurements.

These large vegetation fires in Africa occur every year around July and emit the largest amounts
of NOx, compared to fires in South America, Australia and southeast Asia. The emitted NOx
is partly oxidized and transported higher in the troposphere to HNO3. Trusting our results
(Figure 9.4.4), this would occur within 2 months (Scholes et al., 1996; Barbosa et al., 1999;
Schreier et al., 2014).
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Figure 9.4.4: Time evolution of IASI HNO3 total columns (red) and GOME-2 NO2 (green) from 2008
to 2015 for Africa south of the equator (5-20°S, 10-40°E). Both HNO3 and NO2 columns are expressed
in molec.cm-2. The NO2 data are tropospheric columns (Valks et al., 2011) and are obtained from ftp:
//atmos.caf.dlr.de/. Note that the ranges differ between the two y-axes.

When looking at the variability of HNO3 in the tropics, outside of Africa and away from any
potential source of NOx (i.e. above the Pacific Ocean), an annual cycle is also present, but with
a lesser amplitude (Figure 9.4.5, blue). This means that, rather than being an unaccounted

G. Ronsmans 127



CHAPTER 9. MULTIVARIATE REGRESSIONS APPLIED TO HNO3

source of variability, the seasonality of the fires actually coincides with the annual cycle regulating
stratospheric HNO3 distributions, and that their occurrence amplifies the annual cycle of the total
columns. This is particularly visible in the years 2013 to 2016 where HNO3 columns are much
larger above Africa (red) than above the Pacific Ocean (blue) where the tropospheric contribution
is believed to be negligible. As the regression model does not include tropospheric sources, the
influence of the fires thus likely induces an over-representation of the annual term (up to -2×1015
molec.cm-2) in the fitted model (although not clearly visible in Figure 9.3.1 because of the color
scale chosen).
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Figure 9.4.5: Time evolution of IASI HNO3: in red, above Africa south of the equator, between −20° and
−5° of latitude, and −10° and 40° of longitude. In blue, above the Pacific Ocean south of the equator,
between −20° and −5° of latitude, and −170° and −140° of longitude

In summary, we have found some evidence that tropospheric sources could contribute to the
measured seasonality in the HNO3 total columns in the tropics where IASI is more sensitive.
Obviously, as these tropospheric sources are not included in the regression model, they would
cause the latter to perform moderately well, and this would support the findings of Figure 9.2.1.
However, there remain too many open questions to be firmly conclusive as to the contribution
of fires or lightning to the tropospheric excess. Further work is definitively needed to asses this
better.
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CHAPTER 10

Multivariate regressions applied to O3
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10.1 O3 time series

Ozone is subject, just like HNO3, to transport and chemistry in the stratosphere, dictating its tem-
poral and spatial distributions. The most noteworthy feature of its temporal evolution is of course
the strong yearly depletion observed in the Southern Hemisphere around September-October. The
factors responsible for the ozone hole were already exposed in Section 2.4. Figure 10.1.1 shows the
time series of the O3 total columns obtained from the IASI measurements that illustrate this par-
ticular polar feature in the equivalent latitude time series, as well as the general annual variability
at mid- and tropical latitudes. The data for the Northern Hemisphere are depicted in green, and
show a normal annual cycle, with minimum total O3 in early autumn (September-October), and
an increase in winter when O3-richer air descends from higher altitudes during the formation and
intensification of the vortex. This seasonal cycle observed in the Northern high latitudes is due to
the high variability in the Arctic vortex, which differs from that in the Antarctic. Indeed, the more
intense wave activity leads to stratospheric warmings, and air mixing into the mid-latitude surf
zone. This causes enhancements in O3 mixing ratios, and prevents PSCs to form. As mentioned
in the previous chapters, there were 3 exceptions in the period of IASI observations: chronologi-
cally, the first is the winter of 2010/2011, where exceptionally cold temperatures occurred in the
Arctic, leading to the rare formation of PSCs and hence, to the destruction of O3 (by activated
chlorine species) in the 70 − 90 N eqlat band. Typical ozone columns during Arctic ozone de-
pletion are around 9 × 1018 molec.cm−2 from January to June (compared to the more elevated
values around 12× 1018 molec.cm−2 usually found). During the 2010/2011 winter,the 65− 70 N
region was barely affected, but still shows slightly lower columns than usual. The winter 2014 also
showed unusually low Arctic temperatures and an O3 depletion event, though not as pronounced
as during the winter 2010/2011 (column values around 10× 1018 molec.cm−2). And finally, PSCs
formation was also enhanced in 2016, which induced a large destruction of Arctic O3 during the
winter 2015/2016. Other than these exceptions, O3 concentrations in the Northern Hemisphere
generally range between 8 and 13× 1018 molec.cm−2 throughout the whole latitude range shown
here, with slightly lower concentrations in the 40− 55 S eqlat band.

129



CHAPTER 10. MULTIVARIATE REGRESSIONS APPLIED TO O3

In the Southern Hemisphere, values are lower, due to a weaker Brewer-Dobson circulation, trans-
porting less O3 to the southernmost regions. Total columns are around 8 × 1018 molec.cm−2

throughout the whole latitude range, except in times of O3 depletion where concentrations drop
drastically during spring. In this hemisphere, the strong depletion observed every year has an
impact up to the 65− 70 S equivalent latitude band each time. The depletion thus concerns the
whole area located within the vortex, and reaches very low O3 levels, with total columns dropping
to as low as 4 × 1018 molec.cm−2. The concentrations stay low as long as the temperatures are
below the PSCs formation threshold (∼ 195 K), but as soon as they increase (around Novem-
ber), the vortex breaks up and the air masses mix again. Active radicals are then converted back
to reservoir species, and O3 is replenished by O3-rich air coming from mid-latitudes, increasing
rapidly back to levels around 8× 1018 molec.cm−2.

Figure 10.1.1: (a-d) O3 total columns time series for the years 2008− 2017, for equivalent latitude bands
70 − 90°, 65 − 70°, 55 − 65° and 40 − 55°, North (green) and South (blue). Vertical shaded areas are the
periods during which the average temperatures are below TNAT in the North (orange) and South (blue)
70− 90° band, and in the south (purple) 65− 70° band. Note that the large period without data in 2010
is when there was a low amount of data distributed by EUMETSAT (see Section 4.3.1). (e) Daily average
temperature time series (in K) taken at the altitude of 50 hPa for the equivalent latitude bands 70 − 90°
N (green) and South (blue) and 65 − 70° S (purple). The horizontal black line represents TNAT, i.e. the
195 K line.

Figure 10.1.2 illustrates these features, in the longitudinally averaged time series of O3 total
columns from 2008 to 2017. Potential vorticity contours are also depicted, as was done for HNO3

in Section 6.2.2. From this figure, it is clear that the Northern Hemisphere experiences a much
more pronounced seasonal cycle than the Southern Hemisphere (outside ozone hole periods),
particularly at high latitudes. The sharp O3 depletion is obvious in the Southern Hemisphere,
with columns dropping to 4 − 5 × 1018 molec.cm−2 each spring. The interannual variability is
also visible with, for example, the Antarctic ozone hole in 2008, 2009 and 2015 being stronger
and longer (in time) than in other years. The exceptional depletion episodes in the Northern
Hemisphere are also visible, particularly for the northern spring of 2011. The episodes of 2014
and 2016 are less apparent on this figure.
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Figure 10.1.2: Zonally averaged daily O3 total columns distribution over 2008 − 2017, expressed in
molec.cm−2. The lines represent potential vorticity contours at a potential temperature of 530 K (5
(black), 8 (cyan) and 10 (blue) ×10−6 K.m2.kg−1.s−1, which correspond to the equivalent latitude con-
tours illustrated in Figure 6.2.1, right.

Figure 10.1.3 shows the interannual variability of O3 total columns for the northernmost (top) and
the southernmost (bottom) latitudes, from 2008 to 2017. As for HNO3, the interannual variability
in the Southern Hemisphere is quite limited, except for a few years that stand out, as for example
the year 2015 that shows a longer O3 depletion with low values until the beginning of December.
In the Northern Hemisphere, the total column time series are more variable from one year to
another. The spring and summer are more constant, but the winter shows a high interannual
variability, particularly from January to April. We notice particularly well the years 2011, 2014
and 2016 which show much lower O3 columns, in agreement with the lower temperatures that led
to more PSCs being formed (hence to less HNO3, as shown in Figure 6.2.5). The year 2016 shows
particularly low values, ranging between 7.5 and 9× 1018 molec.cm−2, as opposed to usual values
around 10− 11× 1018 molec.cm−2.
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Figure 10.1.3: For northern (a) and southern (b) 70− 90° equivalent latitude bands: O3 total column time
series for the years 2008 to 2017 in molec.cm−2. Note that the y-axes differ between the two plots.
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10.2 O3 fits for equivalent latitude bands

As mentioned earlier, O3 has been extensively studied in terms of explanatory variables. A lot of
focus from the scientific community has been devoted to the factors affecting its distribution in the
stratosphere. While a lot is already known, we chose to apply the model described in Chapter 8
to the IASI O3 time series in order to see how it performs compared to HNO3. The same method
and variables as those described in Chapter 8 were used, with the only difference being the proxy
for the volume of polar stratospheric clouds. Indeed, while the VPSC is chemically linked to the
HNO3 concentrations, it affects O3 in an indirect way. More precisely, the effects of VPSC on O3

are seen with a delay of several weeks as compared to HNO3, since O3 depletion starts only once
the ozone depleting substances have been activated (on the PSCs) and once the sunlight returns.
As a first approximation, we used in the regression model the VPSC proxy lagged by 10 weeks
(∼ 2.5 months) to account for this. Figure 10.2.1 shows the proxy used for the HNO3 regression
(solid lines) and the one used for O3, which is similar but lagged by 10 weeks (dashed lines).
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0
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1

1.5

2

2.5

VPSC North VPSC North (lagged) VPSC South VPSC South (lagged)

Figure 10.2.1: Normalized time series of the VPSC proxy for the Northern (light grey) and the Southern
Hemispheres (dark grey), for the normal (solid) and the lagged by 10 weeks (dashed lines) data sets.

As a reminder, the model, described in Chapter 8, is as follows:

O3(t) = cst+ y1.trend+ [a1.cos(ωt) + b1.sin(ωt)] +

m∑
i=2

[yi.Y Norm,i(t)] + ε(t) (10.2.1)

with t the day in the time series, cst a constant term, and the y terms the regression coefficients
for each variable. ω = 2π/365.25, and Y Norm,i(t) refer to the chosen explanatory variables Y
normalized according to Eq. (8.2.2).

As for HNO3, the variables are tested according to their significance for the regression in each
equivalent latitude band, and the least significant ones are removed from the model. The results
of this iterative selection method for the O3 time series are presented in Table 10.1 for each eqlat
band. As was also the case for HNO3, most proxies are retained everywhere, but the solar flux is
rejected in the 70−90 N eqlat band, as well as the AO. The QBO10 is rejected in the Tropics and
in the northern mid-latitudes. And finally, the MEI is removed from the regression in the whole
Northern Hemisphere, except at the polar latitudes. It should be kept in mind that the VPSC
proxy is included only at the polar latitudes (from 65° N and S), where it is also subject to the
iterative selection procedure.
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Table 10.1: Set of variables retained by the selection algorithm for each equivalent latitude band.

70-90S 65-70S 55-65S 40-55S 30-40S 30N-30S 30-40N 40-55N 55-65N 65-70N 70-90N
SF SF SF SF SF SF SF SF SF SF
QBO10 QBO10 QBO10 QBO10 QBO10 QBO10 QBO10 QBO10
QBO30 QBO30 QBO30 QBO30 QBO30 QBO30 QBO30 QBO30 QBO30 QBO30 QBO30
COS1 COS1 COS1 COS1 COS1 COS1 COS1 COS1 COS1 COS1 COS1
SIN1 SIN1 SIN1 SIN1 SIN1 SIN1 SIN1 SIN1 SIN1 SIN1 SIN1
MEI MEI MEI MEI MEI MEI MEI
VPSC VPSC VPSC VPSC
AAO AAO AAO AAO AAO AO/AAO AO AO AO AO

The results of the multivariate regressions applied to O3 time series from 2008 to 2017 are shown
in Figure 10.2.2 for each equivalent latitude band. The fits (black) agree generally well with the
observations (red), and the correlation coefficients range between 0.82 and 0.92. The 55 − 65 S
eqlat band stands out, however, with a very low correlation coefficient of 0.56 and an obviously
much poorer agreement between the fit and the IASI observations. This band is characterized
by the absence of a seasonal cycle and the occurrence in the time series of several highs and
lows without recurring patterns; the residuals (blue) are reasonable (3.00 × 1017 molec.cm−2),
but the model clearly cannot account for these mostly random features. At other latitudes, the
agreement is much better, particularly in the southern high latitudes. The lagged VPSC proxy
performs reasonably well for the springtime O3 depletion, and the residuals are of 4.95× 1017 and
4.33× 1017 molec.cm−2 for the inner and outer vortex, respectively. It is interesting to point out
that, contrary to HNO3, the VPSC proxy works well for both the inner and outer vortex. This
can be explained by the lag in the HNO3 loss between the two bands (Section 9.1.2) as winter
progresses. That is not relevant for the O3 hole, which appears much later in an homogenized
vortex. We note, however, that for some years, in particular 2012 and 2013, the VPSC causes a
too long O3 hole in the outer vortex.

At all other latitudes, the regression model yields good fits, with the residuals (RMSE) ranging
from 1.25× 1017 molec.cm−2 to 6.51× 1017 molec.cm−2. However, as for HNO3, the pronounced
lows and highs, mostly visible at mid-latitudes, are not reproduced by the model. Also not
reproduced are the exceptional O3 depletion episodes in the Northern Hemisphere, in the 70−90 N
eqlat band. Indeed, the model does not seem to adjust correctly during the springs of 2011, 2014
and 2016, even though the VPSC proxy does show higher values for these years (see dashed grey
lines in Figure 10.2.1). This disagreement, along with numerous strong highs not reproduced by
the model, result in the highest residuals (6.51×1017 molec.cm−2) and a low correlation coefficient
(0.83) for the 70− 90 N eqlat band.
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Figure 10.2.2: IASI O3 total columns (red dots) for each equivalent latitude bands and the associated
fitted model (black curves). The residuals are in blue, and the horizontal black line represents the zero
residual line. For each equivalent latitude band, the correlation coefficient (R) between the observations
and the model fit is given in the top left corner, and the root mean square error (RMSE) in the top right
corner.

Figure 10.2.3 shows the regression coefficients of each proxy (panel a). We see that all coefficients
are significant, except the MEI in the 70− 90 S and the QBO10 in the 30− 40 S eqlat band, for
which the error bars are larger than their corresponding value. Generally, the annual cycle (black),
as for HNO3, drives the O3 variability at all latitudes, except in the southern polar regions where
the lagged VPSC proxy (blue) dominates. This is shown also by the fitted proxies in panels (b) and
(c) of the same figure. Particularly, the fitted VPSC proxy in the Southern Hemisphere (panel c)
shows its predominance, compared to the Northern Hemisphere (panel b) where the annual cycle
remains the main driver of O3 variability. The influence of the other variables, significant for the
most, albeit having a smaller impact on O3 distributions, is detailed in Section 10.4.
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Figure 10.2.3: Top panel: Regression coefficients (x i) and their standard error (σe, error bars, calculated
by Eq. 8.2.3) for the selected variables in each equivalent latitude band (each data point is located in the
middle of its corresponding eqlat band). Bottom panels: Fitted signal of the proxies in the eqlat bands
70-90 north (middle) and south (bottom) for the variables selected. They are calculated as [x i.X i] with
X i the normalized proxy and x i the regression coefficient calculated by the regression model.

10.3 Global model assessment with regard to the O3 variability

As for HNO3, the accuracy of the model can be assessed by looking at the portion of O3 variability
that it explains, and at the root mean square errors. These are shown in Figure 10.3.1 (a) and (b).
The percentage of variability explained by the model (a) shows high values everywhere on the globe
(∼ 60− 90%), indicating that the model manages to reproduce the O3 variability relatively well.
The region of the polar vortex rim is very poorly reproduced, with only around 30% explained
by the regression model. This agrees with the previous conclusions drawn from Figure 10.2.2
that showed a very low correlation coefficient between the observations and the model in that
particular region of the Southern Hemisphere (the 55 − 65 S eqlat band). A detailed analysis of
this is outside the scope of the thesis but we suspect it is due to the unique dynamics of the vortex
edge, which results in daily-changing O3, that the model can logically not reproduce. A visible
example is for the year 2015 (Figure 10.2.2) where the O3 hole has obviously extended further
towards mid-latitudes. Other patches of lower explained variability are also found above north
Africa, some regions of the middle East and above the Indian Ocean.
Following the above, the RMSE (b) show particularly low values all over the globe (with values
around 10% globally), with however slightly higher values at higher latitudes. This is due to the
polar processes which lead to generally more variability, and the approximative character of the
model which is forced by a 10-week lagged proxy for the VPSC. Note that above Antarctica, we
observe the highest values of RMSE (reaching 30−40%), which are most likely caused by retrieval
errors above ice.
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Figure 10.3.1: Top: Fraction (%) of the O3 variability in the IASI observations explained by the regres-
sion model, and calculated as

[
σ(O3

fit)/σ(O3
IASI)× 100

]
. Bottom: Root Mean Square Error (RMSE)

calculated for each grid cell as

[√∑
(fit-IASI)2

n

]
and expressed in %.

10.4 Global patterns of fitted parameters

Figure 10.4.1 shows the global distributions of the regression coefficients obtained after the mul-
tivariate regression, expressed in molec.cm-2. All the variables are shown, with the areas where
the proxy was not retained left blank. The contribution of each proxy to the O3 variability was
also calculated for each grid cell as

[
σ(Xi)/σ(O3

IASI)× 100
]
with X i referring to each of the i

explanatory variables X, and expressed in %. These results are provided in Figure 10.4.2 for each
proxy.

The annual cycle

As revealed already from Figure 10.2.3, the annual cycle is the predominant proxy responsible for
the O3 variability for most of the globe. We find (Figure 10.4.1) that the values of the coefficients
a1 and b1 reach 10 × 1017 molec.cm−2, particularly in the northern high latitudes, and slightly
less in the southern high latitudes.
On a relative basis, up to 70% of the variability of O3 is explained by the annual cycle (see
Figure 10.4.2), except in the southernmost latitudes, where it explains only about 10−20% of the
variability, with little significance altogether. This is again due to the more pronounced seasonality
in the Northern Hemisphere, compared to the Southern Hemisphere, where the variability is mostly
associated to the development of the ozone hole.

The solar cycle, MEI and AO/AAO

The solar flux, ENSO index and Arctic and Antarctic Oscillation (Figure 10.4.1) all have a similar
influence in terms of magnitude (between -2.5×1017 and 2.5×1017 molec.cm-2), although with
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different spatial patterns. The influence of the solar flux is positive everywhere on the globe
(values are between 2 and 5 × 1017 molec.cm−2), except at the northernmost latitudes, where
the regression coefficient is around −5× 1017 molec.cm−2. Everywhere else, the positive signal is
in agreement with the O3 response previously reported (Soukharev and Hood, 2006; McCormack
et al., 2007; Frossard et al., 2013; Maycock et al., 2016). Note that the study carried out by Wespes
et al. (2017) showed a negative signal of the solar flux for most of the globe, but that only relates
to the tropospheric O3 (here we focus on the total columns). The solar flux explains a significant
part of O3 variability, especially in the tropics (up to 20%), but less so in the extratropics.

The MEI shows a negative signal above the northern polar regions and above Asia. The signal
is positive everywhere else, with values up to 4 × 1017 molec.cm−2 for the regression coefficient.
Here also, its influence is rather small, which is expected as it is mostly a tropospheric process; its
signature is visible and Figure 10.4.2 shows that it accounts for up to 20% of O3 variability above
the Pacific Ocean, and extending above South America. These findings surprisingly disagree with
previous studies by e.g. Hood et al. (2010); Rieder et al. (2013) on total and stratospheric ozone.

The arctic oscillation (AO) signal shows essentially the same pattern as it did for HNO3, especially
above the Atlantic Ocean. There, the signal is strong and corresponds to the annular modes that
influence strongly the circulation in the lower stratosphere and the polar vortex (Thompson and
Wallace, 2000; Jones and Widmann, 2004; van den Broeke and van Lipzig, 2004). It accounts for
a small portion of the O3 variability (around 10− 15%) but is nonetheless significant. The AAO,
on the other hand, shows a negative signal everywhere in the Southern Hemisphere, of a generally
smaller amplitude than the AO. Its contribution is however similar in terms of magnitude (see
Figure 10.4.2).

The QBO

The QBO shows a much stronger signal than it did for HNO3. While mostly a tropical phe-
nomenon, the effects of the QBO, as previously explained, extend all the way to the polar lati-
tudes, and modulate the Rossby waves. The QBO clearly contributes to the O3 variability, with
the QBO10 showing a positive signal above the equator, and a negative signal in the Tropics. The
QBO30 has an even stronger signature, with a large positive signal above the equator (between 1
and 3 × 1017 molec.cm−2). Both the QBO10 and the QBO30 account for a large part of the O3

variability in the Tropics (Figure 10.4.2), with a joint contribution amounting approximately 30%
of it explained by these 2 proxies.

The trend

The O3 trend, very interestingly and contrary to that of HNO3, is significant in most places.
We find a negative regression coefficient over most of the globe, with values between -3 and
−1 × 1014 molec.cm−2. Only above the southern polar latitudes are the regression coefficients
positive, between 0.5 and 2 × 1014 molec.cm−2. This should however be interpreted with care,
since the determination of trends on a short time series is difficult. In many places of the southern
polar region, we in fact calculate trends that are not statistically significant (identified by grey
crosses in the two Figures). Nevertheless this is an interesting result, and for the significant values,
we confirm several studies that have indeed shown a positive trend in the Southern Hemisphere,
suggesting that O3 was starting its recovery towards pre-depletion levels (e.g. Angell and Free,
2009; Moreira et al., 2015). Again, this is still debated and it has recently been shown that O3

trends can be quite different (including in sign) between various layers of the atmosphere. Par-
ticularly, Ball et al. (2018) showed that lower stratospheric O3 is actually continuously declining,
and that the little change or the slight positive trend observed by models is actually due to an
increase in tropospheric O3.
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The VPSC

While the annual cycle explains most of the variability of O3 in the northern high latitudes, it
explains only part in the Southern Hemisphere. As mentioned above, the variability in the O3

total columns around the Antarctic is essentially due to the strong depletion occurring in spring.
The VPSC proxy, lagged by 10 weeks to account for the delay between their formation and their
actual (indirect) impact on O3, accounts for most of the variability in that region. The coefficient
for that proxy reaches values of −12 × 1017 molec.cm−2, making it one of the largest coefficient
in the southern polar latitudes (up to 60% on a relative basis).
In the Northern Hemisphere, however, even though the VPSC proxy is significant for the 3 par-
ticular years where O3 experienced an unusual decline, the proxy does not explain the observed
variability. Its signal is even surprisingly positive, which suggests that it compensates some vari-
ability in the time series, that is unrelated to the formation of PSCs.

Figure 10.4.1: Global distributions (2.5° × 2.5° grid) of the regression coefficients expressed in 1017
molec.cm-2. The grey crosses are the cells where the proxy is not significant when accounting for au-
tocorrelation (see Eq.(8.2.3)). The white cells are where the proxy was not retained and the black cells
represent a coefficient of 0. Note the different scales. The y-axes are latitudes.
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Figure 10.4.2: Contribution of each proxy to the O3 variability, calculated for each grid cell as[
σ(Xi)/σ(OIASI

3 )× 100
]
, with Xi each of the explanatory variables. It is expressed in %.
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Conclusions and perspectives

The composition and dynamics of the stratosphere have been experiencing changes in the past few
decades, and the issue of the ozone depletion, in particular, is of great concern for the scientific
community. The ozone hole has been identified in the late 1970s, and a lot has been understood
since then about what caused this recurrent depletion every spring. Yet, there is still uncertainty
about the future of the ozone layer, and many factors that interfere with its recovery are being
discovered. While several recent studies have reported a positive trend in the stratospheric O3

time series, others have found contradictory results, showing that the ozone in the lower strato-
sphere is actually continuously decreasing, and that the positive trend could be related to an
increase in tropospheric ozone, which offsets the decrease in the stratosphere. In this context
of large uncertainty, it is of the utmost importance to continuously monitor and understand the
processes regulating ozone and the species that contribute to its depletion in the stratosphere. In
this perspective, HNO3, which largely influences stratospheric O3 as a reservoir species of NOx
but also as a precursor for the formation of polar stratospheric clouds, is a central species. Its
general seasonality has been described in other studies, but its variability in the stratosphere and
particularly in the polar regions has not yet been studied in terms of explanatory variables. The
present work has addressed a series of important questions in relation to the spatial and temporal
(seasonal to interannual) variability of stratospheric HNO3 using a unique 10-year observational
data set from the Infrared Atmospheric Sounding Interferometer (IASI) satellite sounder. The
main findings are summarized here below and the interest of the HNO3 data set in combination
to that of O3 jointly obtained by IASI is highlighted at the end.

Nitric acid is found both in the troposphere and in the stratosphere, and the IASI instrument,
onboard the Metop satellite, allows measuring it twice a day over the entire globe. With the use
of the FORLI retrieval algorithm, vertically resolved HNO3 profiles are retrieved from the IASI
measurements in near-real-time, using the optimal estimation method. A data set of HNO3 verti-
cal profiles covering at the end of this thesis the period from 2008 to 2017 has been exploited and
studied. The first step (Chapter 5) has consisted in characterizing the data set in terms of vertical
sensitivity and errors, and in its validation. This was done on the vertical profiles retrieved by
FORLI in 41 layers from the ground to 40 km. Using the diagnostic of the optimal estimation
method, we have demonstrated the ability to derive HNO3 vertical profiles at all latitudes and
in all time periods, with however very limited vertical information. The averaging kernels are
similar for all measurements and are characterized by a single broad feature extending from the
free troposphere (∼ 5 km) to the middle stratosphere (∼ 30 km) and peaking at around 20 km,
where the HNO3 concentration is largest. The sensitivity below 5 km and above 35 km is ex-
tremely weak and the information there is almost solely driven by the a priori. The sensitivity,
expressed as the fraction of the retrieval that comes from the measurement rather than from the
a priori, showed similarly that the lower stratosphere is the region where most of the retrieved
profile comes from the measurement, when below and above, the contribution of the a priori be-
comes increasingly large. The sensitivity also revealed a slight overestimation of the IASI HNO3
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retrieval in the lower stratosphere, which could be overcompensating for the lack of information
in other layers of the profiles. Overall we have shown that the IASI measurements carry only one
single independent information on the HNO3 vertical distribution (degrees of freedom for signal
of ∼ 1 for all locations and seasons). This led us to consider the 5− 35 km partial column or the
total column in all further analyses.
The data set was also characterized in terms of errors. The total error on the total column was
found being around 10%. We showed that the main contributor to the total retrieval error on
the vertical profile is the smoothing error, that is the error due to the smoothing of the retrieved
profile compared to the real one because of the lower vertical resolution of the instrument. It
accounts for virtually all of the total error, while the measurement error accounts for a small part
of it. In agreement with the sensitivity analysis, the total error is largest in the troposphere, where
it is almost equal to the a priori uncertainty, and decreases upwards, to reach its smallest value
between 10 and 25 km altitude. Looking at global distributions of total errors, we found that
it is largest in the tropics due to the interference with water vapor. The errors are smallest at
polar latitudes, which is where most of the critical processes related to O3 and HNO3 occur. The
errors above the Antarctic continental surface, however, are large as well and we have interpreted
this as the misrepresentation in FORLI of the ice-emissivity combined to a pretty low radiance
signal in the cold regions. Having a more reliable ice-emissivity information would surely improve
the HNO3 retrievals (among others) and generally improve the geophysical analyses made in the
southernmost part of the stratosphere. Note, however, that the comparison with other instruments
and data sets did not suggest any larger inconsistencies in this part of the globe, as compared to
others, which was important for the analysis of polar processes.

The FORLI-HNO3 data set has indeed been validated for the profiles and the 5− 35 km columns
against ground-based measurements from 6 Fourier-Transform Infrared (FTIR) stations of the
Network for the Detection of Atmospheric Composition Change network. The stations were cho-
sen so as to represent a large range of latitudes, and are thus spread across the globe in Greenland
(Thule), Sweden (Kiruna), Switzerland (Jungfraujoch), the Canary Islands (Izaña), New Zealand
(Lauder) and Antarctica (Arrival Heights). The IASI and FTIR measurements have been first
co-located by accounting for the varying sensitivity on the line of sight of the FTIR instrument,
and using the maximum-sensitivity point as the reference point for co-location with the IASI mea-
surements. After regridding and smoothing of the FTIR profiles by the IASI averaging kernels,
the vertical profiles were shown to agree within 50% at all altitudes. The maximum differences
were observed in the upper troposphere/lower stratosphere, around 13 km altitude, where the
differences were lowest for the high latitudes (below 20%) and higher for Lauder and Izaña. For
all stations, the differences between the IASI and the FTIR measurements revealed an overes-
timation of the HNO3 lower stratospheric profile from IASI. The partial columns (5 − 35 km)
were further compared for all 6 stations over the year 2011, and led us to conclude on a very
good general agreement: the FTIR columns indeed agree with the IASI ones within the total
retrieval error range, and we found a correlation coefficient of 0.93 when considering all stations
together. The biases were small and non-significant for most stations, and the smoothing showed
a real improvement for the FTIR-IASI comparison, especially at some stations (e.g. Izaña). An
interesting side result of the validation experiment was to highlight the added value of the IASI
measurements for probing the polar stratosphere during the winter, when FTIR do not measure
due to the lack of light. While sufficient IASI-FTIR pairs of measurements were available for
the validation in other periods, it is a pity that the polar dynamics observed by IASI cannot be
compared to these ground-based measurements. Should another validation effort be undertaken,
it will be worth considering reference measurements, or performing an intercomparison with MLS
for example, for which data are obtained up until 82° of latitude north and south.

With the validation exercise that proved conclusive, we pushed the comparisons further to eval-
uate the HNO3 simulated by atmospheric models (Section 5.3). Models are used widely in the
atmosphere research scientific community as they allow to represent the chemistry and dynamics
processes in an all-inclusive computational environment that is designed to reproduce the current
state of the atmosphere, its past evolution and its future trends.
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The first model evaluated is the NIWA-UKCA, a chemistry-climate model that features an at-
mospheric model complemented by a gas-phase chemistry module. The model has very different
features from the IASI instrument, among which its vertical resolution and temporal sampling.
The IASI and NIWA data were co-located in time and space, and the NIWA profiles have been
smoothed by the IASI averaging kernels to allow meaningful comparison. Raw profiles obtained
from the MLS and the CLAES instruments were also included in the comparison. We found that
the NIWA model vastly underestimates the HNO3 vertical distributions, and this when compared
to all instruments, for the raw and the smoothed profiles. The comparison of the IASI and NIWA
total columns further confirmed this: the raw (not smoothed) NIWA total column values were
calculated being up to 30% smaller than those obtained with IASI. Surprisingly, we found the
smoothing procedure to lead to inconsistencies in the seasonal cycles, which encouraged us to
consider the raw columns for the remaining of the analysis. The seasonal cycle seen in the IASI
time series was reasonably well represented by the model.
The poor representation of HNO3 in models is a recurrent and not well understood issue in many
models. In this thesis, we have exploited the impact of changing the photolysis scheme in the
model, with no luck. Our expertise on the subject was however quickly limited, and with the little
time at our disposal, we can now only leave this issue as an open question. Further research is
still ongoing at NIWA (Wellington, New Zealand) to establish if something can be done in order
to reconciliate observations and model output.
The second model to which the IASI data set has been compared is the BASCOE model. Contrary
to the NIWA-UKCA model, BASCOE is a data-assimilated model, which means that it is forced
by an observational data set (in this case, obtained from MLS). The comparison yielded better
results than with the NIWA model. The results show that IASI is slightly high-biased compared
to BASCOE, with profiles showing generally larger concentrations at most altitudes, and total
column time series being 15% higher. One noteworthy exception was found for the columns in
the 70− 90 S latitude band during the summer: there, the BASCOE columns are systematically
larger then the IASI columns, which we attributed to a likely misrepresentation of the HNO3

recovery after the denitrification in the model. The global distributions also showed conclusive
comparisons, with similar HNO3 distributions between IASI and BASCOE, and similar seasonal
cycles. Generally, the comparison with the data-assimilated model thus yielded much better re-
sults than with the NIWA-UKCA model. As we did not attempt to compare the IASI data to
the BASCOE free-run simulations, it is difficult to draw strong conclusions on the current model
deficiencies. However the identified model shortcomings for the stratospheric HNO3 simulations
are troubling. At a time where a lot is being done to simulate the future state of the stratosphere
and its response to external forcings and feedbacks, it would seem of utmost importance to more
accurately describe all sensitive chemistry cycles, including those involving HNO3.

Once the IASI data were validated and evaluated, geophysical analyses could be carried out.
This was done in Parts III and IV of the manuscript. First, the 10-year data set of IASI HNO3

was analyzed to highlight the HNO3 spatial distribution and its time evolution and seasonality.
The global distributions confirmed that there exists a strong stratospheric concentration gradi-
ent across the globe, with increasing HNO3 columns from the tropical regions towards the polar
latitudes. This is attributable to the global atmospheric circulation that tends to redistribute air
masses from the equator towards the polar regions. The Northern Hemisphere also records larger
values for HNO3 total columns than the Southern Hemisphere, as expected due to the difference
in the continental masses between the two hemispheres, which in turn influences the gravity wave
activity, and hence the transport towards the polar regions. More specifically, the Northern Hemi-
sphere, having more topographical features than the South, undergoes a stronger wave activity
and hence the Brewer-Dobson circulation is enhanced, leading to larger HNO3 concentrations in
the northern polar regions. These large-scale features are captured well by IASI.
The time series were analyzed, on the basis of equivalent latitudes to discriminate thermodynam-
ically consistent areas of the global atmosphere. Superimposing the equivalent latitude contours
on the HNO3 global distributions, 11 equivalent latitude bands were chosen for the time series
analyses. Our analyses have focused mostly on the mid- and high latitudes, and on the pro-
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cesses occurring during the polar winter and spring (Chapter 6). The 55 − 65°, 65 − 70° and
70 − 90° equivalent latitude bands were shown to contain useful information on dynamics and
chemistry of the polar vortex during the winter, particularly in the Southern Hemisphere. The
relation between the HNO3 total columns, the formation of polar stratospheric clouds during the
cold period of the winter pole and the denitrification of the stratosphere is especially well seen.
In this respect, we showed that the denitrification of the polar stratosphere starts within a few
days of the temperatures reaching the 195 K threshold in the 70 − 90 S eqlat band (the inner
vortex), where it is also the most efficient, while the HNO3 decrease starts only about 1 month
later in the 65 − 70 S eqlat band (the outer vortex). The distinction between these two regions
of the vortex is important in order to apprehend future changes, especially considering that the
outer vortex is not yet saturated in polar stratospheric clouds (PSCs), and that the cooling that
the stratosphere will be experiencing in a warmer tropospheric planet could lead to an enhanced
formation of PSCs, and thus to a further destruction of ozone. In the IASI data, the 55 − 65 S
eqlat band was shown not to be affected by the denitrification, and to follow a "normal" annual
cycle with high concentrations during the winter, due to the lower photodissociation of HNO3

(because of the limited sunlight). These features were found to be much less pronounced in the
Northern Hemisphere. However, while the northern polar stratosphere does not undergo a strong
denitrification every winter, we confirmed with the IASI observations that some years have expe-
rienced exceptionally cold temperatures which led to the unusual formation of PSCs, and hence
to a denitrification. The interannual variability is generally larger in the Northern Hemisphere,
particularly because of the frequent sudden stratospheric warmings that perturb the polar vortex
and prevent the formation of a strongly isolated environment. While the Southern Hemisphere is
known to rarely experience sudden stratospheric warmings, and hence shows a weak interannual
variability in the IASI time series as expected, we have shown that when they occur, as in 2010,
they strongly affect the distribution of HNO3 columns (abnormally high) during the winter.

Following the analyses of the time series and of the dynamics between the HNO3 columns and
the evolution of temperatures, the question of the temperature threshold for the formation of the
polar stratospheric clouds was raised in this thesis (Chapter 7). While many studies have worked
on the matter, whether in laboratories, with the use of models, or from satellite observations,
the question of how real the threshold of 195 K is is still debated. Relying on the exceptional
sampling of IASI, we have attempted to pinpoint the link between temperatures and HNO3, and
denitrification in particular. We identified in the data set three regimes of HNO3-temperature
that correspond to the months of April-May (high HNO3 columns and average temperatures),
June-September (low HNO3 columns and below 195 K temperatures), and October-March (low
HNO3 columns with however high temperatures). This allowed to separate three phases in the
HNO3 seasonality with regard to temperatures, and particularly to highlight the fact that HNO3

columns stay low in the polar stratosphere even after the return of high temperatures. We have
also calculated a denitrification temperature (as we called it, to represent the temperature at
which the strongest decrease in HNO3 columns is observed) using three different approaches. The
first approach consisted in finding the second derivatives of the smoothed HNO3 time series over
the 2008 − 2017 time range; the minimum of the second derivative indicated then the moment
when HNO3 concentrations started decreasing most abruptly each year. The second approach
consisted in a visual observation of the moment HNO3 columns started decreasing in zonally av-
eraged distributions. And the third approach used the second derivative but on separate grid cells
over the area of the South Pole. All three methods gave temperature values within a reasonably
small range (between 192.23 ± 0.79 and 194.97 ± 1.58 K for averages across the years), but the
variability from one year to another, and from one method to another is far from negligible, and
showed us that a fixed threshold (such as TNAT=195 K) oversimplifies reality. Further work would
certainly be worthwhile to extend this study, particularly with regard to the different pressure
levels at which the analysis is being conducted. Also, the necessity of averaging in either one of
the two dimensions (latitude or longitude) prevented us from figuring out if one method was more
reliable than the other; in future steps, it might be worth settling on one of these approaches to
extend the analysis to longer time series and/or to a larger range of pressure levels.
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The analysis of the HNO3 seasonality beyond just the polar regions was carried out in Chap-
ters 8 and 9. A multivariate regression model was elaborated to identify and quantify, for the
first time for HNO3, the factors contributing to the observed variability in the stratosphere. A
series of variables were considered in the model to include most of the factors known to influ-
ence the distribution of chemical species, namely ozone. Specifically, a trend and two harmonic
terms were included to account for the potential long-term trend and for the annual variability
which displays a cyclic pattern. Along with that, geophysical proxies were included to represent
key drivers; the solar flux, the quasi-biennial oscillation, the multivariate ENSO index, and the
Arctic and Antarctic oscillation indices. The novelty of this study also resided in the inclusion
of a proxy for the volume of polar stratospheric clouds to account for the strong denitrification
during the winter (and thus accounting for the impact of the temperatures summarized in the
previous paragraph). The variables were selected according to the output of a selection algorithm
and only the significant variables were retained for the time series at hand. The results showed
very conclusive with, however, the high variability periods in the HNO3 columns observed by IASI
as well as a few highs and lows not reproduced by the model. The volume of polar stratospheric
clouds (VPSC) proxy proved adequate for reproducing the particular processes at play within the
vortex. However, while evidently improving the fits, it only addresses part of the chemistry and
we see at the end of this work possibility of a few improvements. Indeed, the VPSC proxy used
here only accounts for the nitric acid trihydrates particles, while it is known that other forms of
PSCs (such as ice or supercooled ternary solutions) also form at cold temperatures. A more in
depth analysis could thus focus on the impact of these PSCs too, even though it is accepted that
NAT are most likely the largest contributor to denitrification. Also, the VPSC proxy does not
account for sedimentation of the clouds, which showed its limitations in our analysis, particularly
in the Northern Hemisphere. It would be interesting to see if there is a way of implementing the
sedimentation process in the regression model (in the proxy itself, or in any other way) to better
fit the observations. Furthermore, the VPSC proxy is based on the temperature polewards of 70°,
which made it less efficient in the 65−70 S eqlat band. In order to account for the month of delay
observed in the HNO3 decrease in the outer vortex, we tried to introduce a lag in the proxy, but
we found that the slope of the decrease is different and does not allow the model to reproduce
the observations well. Despite these shortcomings, the inclusion of the VPSC proxy did largely
improve the fit in both the Northern and the Southern Hemispheres. The global distributions
of regression coefficients and percentage of explained variability showed that the model explains
a large portion of the HNO3 variability recorded by IASI, with the main contributors being the
annual cycle and the VPSC proxy, particularly at higher latitudes. The only regions where the
model was less convincing was the intertropical regions, where only up to 40% of the HNO3

variability was accounted for by the regression model. The hypothesis of tropospheric processes
influencing the total column variability was tested (seeing as how the contribution of the tropo-
sphere is larger at these latitudes). Using the method of the tropospheric excess, two tropospheric
processes were studied: lightning activity and vegetation fires. Lightning activity was shown to be
a potential candidate to explain the lower explained variability, particularly above Africa (north of
the equator) and Central America. The region with the most recorded flashes, however, is above
southeast Asia, which did not show in the derived tropospheric excess. The results tended to rule
out a contribution from vegetation fires, which seem to be accounted for by an overrepresentation
of the annual cycle. The question of how and how much the tropospheric HNO3 concentrations
influence the total columns retrieved from IASI and hence, the multivariable regression model
set-up, has only briefly been approached here. We see the analysis of the tropospheric excess as
one interesting perspective of this work.

After having applied our multivariate regression model on nitric acid, the ozone total column time
series from IASI were briefly described and analyzed with the same regression model, except that
the VPSC proxy was lagged there by 2.5 months (Chapter 10). The time series, looked at on the
same equivalent latitude bands as for HNO3, showed a strong contrast between the Northern and
the Southern Hemispheres, due to a difference in wave activity and thus in the Brewer-Dobson Cir-
culation. This leads to a marked annual cycle in the Northern Hemisphere, and to more constant
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columns in the Southern Hemisphere. The Northern Hemisphere time series show the exceptional
ozone depletion in the springs of 2011, 2014 and 2016, while the analysis of the 70 − 90 S eqlat
band expectedly shows the pronounced O3 depletion every spring, which actually extends to the
outer vortex with the same intensity. The appearance of the ozone hole when sunlight returns,
and its disappearance within one month of the return to normal temperatures, are well seen in
the IASI data set.
As for the multivariate regressions, we found that there was a very good agreement between the
fit and the observations, and that the lagged VPSC proxy proved to be particularly efficient for
both the 70− 90 S and the 65− 70 S eqlat bands. Looking at the coefficient of each variable, it is
without surprise that we observed the annual cycle to be the predominant contributor to the O3

variability. The VPSC proxy has a very strong contribution in the southern polar latitudes. The
model was shown to account for most of the O3 variability, except in the 55 − 65 S eqlat band.
By contrast with HNO3, the question of trends was relevant for O3, and the regression coefficient
was significant in most places, showing a negative signal everywhere on the globe, except in the
southernmost regions, where a positive signal was recorded. This, however, is the result of a rather
simplistic model, considering O3 total columns. From the IASI measurements, O3 vertical profiles
can be separated in 3 to 4 independent partial columns. While the results for most proxies are
reliable even on the total column, it has recently been shown that the trends can vary depending
on the latitude and altitude. The application of the regression model on the lower-middle and
upper stratospheric O3 columns would be a logical follow-up of this first analysis.

As a concluding story, Figures 12.1 and 12.2 retrace the respective spatial and temporal behaviour
of HNO3 and O3, particularly with regard to the similarities/differences in the polar Southern
Hemisphere. Figure 12.1 combines the time series of HNO3 (blue) and O3 (red) total columns
retrieved from IASI measurements over the years 2008 − 2017. As previously, the latitude range
covered is 40 − 90° of equivalent latitude in each hemisphere, and the periods where the polar
temperatures drop below 195 K are highlighted in green. Figure 12.2 shows the global distribu-
tions of monthly means HNO3 and O3 total columns, as well as of the temperatures at 50 hPa,
also averaged monthly, over the years 2008− 2017, in the Southern Hemisphere.
Taken together, these two figures put in perspective the annual cycle of both these species, their
relationship with stratospheric temperatures, and with each other particularly well. Figure 12.1
highlights the fact that each year shows roughly the same pattern, albeit with some variations,
particularly in the Northern Hemisphere. The most remarkable feature observable when compar-
ing HNO3 and O3 in the Southern Hemisphere is how much faster O3 recovers after its depletion
than HNO3 after the denitrification. This is due to the mixing of air masses when the vortex
breaks up, replenishing O3 as early as December. HNO3 stays low until March because of the
very low amounts remaining after the sedimentation, and because the return of sunlight enhances
its photodissociation.
Also visible from the time series (Figure 12.1) is the clear contrast between the Northern and the
Southern Hemispheres in terms of columns for both species. Due to the enhanced wave activity
in the Northern Hemisphere, concentrations of HNO3 and O3 are higher there than they are in
the Southern Hemisphere.

This work has thus shown the potential of IASI data to contribute to thorough analyses of the
stratosphere, and has allowed extensive investigation to be carried out on 10 years worth of
measurements. HNO3 and O3 have a strong relationship, which can be seen and monitored
particularly well with an instrument such as IASI. The long-term time series that is available
from IASI and that will extend in the future with follow-up instruments on EPS-SG is a reference
that will allow monitoring the state of the stratosphere and its response to protocols and/or
climate change.
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Figure 12.2: Spatial distributions over the southern polar regions of HNO3, O3 and temperature (at
50 hPa), averaged monthly over the years 2008-2017. HNO3 and O3 total columns are expressed in
molec.cm−2 and temperatures are expressed in K.
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Abstract
In this study, we examine the correlation between HNO3 and temperature in the
stratosphere with a special focus on the denitrification process in polar regions. To
that end, we use the HNO3 total columns data set retrieved from the first 10 years of
IASI satellite measurements (2008 − 2017) that provide a unique coverage and sam-
pling of the polar stratosphere. The measurements cover the entire range of polar
latitudes, and the exceptional spatial and temporal resolutions allow a thorough mon-
itoring of these regions. We identify three specific regimes in the HNO3-temperature
correlation patterns: 1. low-medium HNO3/high temperature in spring-summer; 2.
high HNO3/medium temperature in fall; 3. low HNO3/low temperature in winter.
The first characterizes the severe removal of gas-phase HNO3 following polar strato-
spheric cloud (PSC) formation at low temperatures within the winter polar vortex
of the Southern Hemisphere. This regime is investigated in detail by identifying in
the 10-year time series the onset of the drastic HNO3 drop and its associated tem-
perature (based on ERA-Interim, “drop temperature”) for each year. The time series
are analyzed first using spatial averages on regions delimited by potential vorticity
contours, and show a drop temperature of 194 ± 2 K occurring between mid-May and
early-June. Spatial distributions of the drop temperature are then used to visualize
the spatial variability of the denitrification temperatures. The results show the strong
capabilities of IASI to monitor in detail the polar processes, the correlation between
HNO3 and the temperatures, and particularly the strong HNO3 decrease occurring
every year in the Southern Hemisphere.

1 Introduction

The cold and isolated air masses found within the polar vortex during the winter
are favorable to the formation of polar stratospheric clouds (PSCs), composed of nitric
acid (HNO3), sulphuric acid (H2SO4) and water ice (H2O) [e.g. Voigt et al., 2000; von
König et al., 2002]. These clouds act as surfaces for the heterogeneous activation of
chlorine and bromine compounds, in turn leading to enhanced ozone (O3) destruc-
tion [e.g. Solomon, 1999; Wang and Michelangeli , 2006; Harris et al., 2010; Wegner
et al., 2012]. There is only a few instruments that are capable to measure PSCs and
to monitor their formation processes [e.g. Schreiner et al., 2003; Spang et al., 2004;
Höpfner et al., 2006, 2009; Hoyle et al., 2013; Nakajima et al., 2016]. Models and lab-
oratory studies have therefore addressed the question of PSCs formation extensively
[e.g. Toon et al., 1986; Hanson and Mauersberger , 1988; Tabazadeh et al., 1997; Zhu
et al., 2009; Drdla and Müller , 2010]. It has been shown that there exist two types
of PSCs: type I (divided in type Ia and type Ib, for nitric acid di- and trihydrates
(NAD(T), HNO3· (H2O)

2(3)
), and supercooled ternary HNO3/H2SO4/H2O solutions

(STS), respectively), and type II (ice clouds) [Peter , 1997; Wang and Michelangeli ,
2006]. From available observational data sets, the strong and systematic decrease in
HNO3 total columns observed each year due to the formation of type I PSCs has
been shown to occur as soon as (or a few days after) the temperatures reach the
195 K threshold [Gobbi et al., 1991; Santee et al., 1999; Urban et al., 2009; Ronsmans
et al., 2018]. To provide a more extensive picture of the timing and distribution of
denitrification and its relation to temperatures, this study makes use of 10-year IASI
measurements of HNO3 total columns: we examine the various regimes in the HNO3-
temperature relationship (Section 3) and, determine the temperature corresponding to
the onset of the strong decrease in HNO3 records in winter (here referred to as “drop
temperature”) (Section 4).
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2 Data

The HNO3 data used in the present study were obtained from measurements by
the Infrared Atmospheric Sounding Interferometer (IASI) embarked on the Metop A
satellite. IASI measures the Earth’s and atmosphere’s radiation in the spectral range
645−2760 cm−1. The measurements are taken globally twice per day, with a 0.5 cm−1

apodized resolution and a low radiometric noise [Clerbaux et al., 2009; Hilton et al.,
2012]. Measuring in the infrared spectral region, the IASI instrument has the major
advantage of providing data all year round for the entire globe. The extensive coverage
and sampling in the polar regions during the winters is key to this study of the polar
processes.

The HNO3 profiles and columns are retrieved in near-real-time at the Université
libre de Bruxelles (ULB) by the Fast Optimal Retrieval on Layers for IASI (FORLI)
software, using the optimal estimation method [Rodgers, 2000]. Detailed information
on the FORLI algorithm and retrieval parameters specific to HNO3 can be found
in Hurtmans et al. [2012] and Ronsmans et al. [2016]. For this study, only the total
columns are used, considering the low vertical sensitivity of the measurements in the
troposphere and the fact that the stratosphere contributes to the largest part of the
total column [Ronsmans et al., 2016].

Temperature and potential vorticity (PV) fields at 50 hPa (corresponding to the
IASI HNO3 maximum vertical sensitivity during the winter in the Southern Hemi-
sphere, Ronsmans et al. [2016]) are both taken from the ECMWF ERA Interim Re-
analysis data set. Uncertainties in ERA-Interim temperatures will be discussed below.
The potential vorticity is used to define dynamically consistent areas of the polar re-
gions. In what follows, we use equivalent latitudes (eqlat) to generally characterize the
relationship between HNO3 and temperatures (Section 3), but restrict the analyses of
polar processes to regions characterized by a PV lower than -10×10-6 K.m2.kg-1.s-1,
which defines the inner vortex (Section 4).

3 Annual cycle of HNO3 vs temperatures

Figure 1a shows the HNO3 time series (solid lines) in the southernmost equivalent
latitudes (70 − 90◦ S) along with the temperature taken at 50 hPa (dashed lines), for
the years 2008 − 2017. Also shown is the temperature time series at 20 hPa for the
year 2010 (green dotted line) to underline the sudden stratospheric warming that year
which yielded higher HNO3 total columns (see green solid line in July and August)
[de Laat and van Weele, 2011; Klekociuk et al., 2011; WMO , 2014; Ronsmans et al.,
2018]. Figure 1b shows the HNO3 total columns as a function of temperature, for each
year over 2008 − 2017 and in the same equivalent latitudinal region (70 − 90◦ S). The
red vertical line represents the 195 K threshold which is the temperature commonly
accepted for the formation of type I PSCs [e.g. Geer et al., 2006; Drdla and Müller ,
2010]. Looking at these two panels (a and b), various regimes of temperature vs
HNO3 total columns can be identified throughout the year and from one year to
another. More specifically, we were able to separate three main regimes (illustrated
by the shaded areas in (a) and highlighted by colored boxes in (b)), that are depicted
in panel c of Figure 1 for the year 2010, and are detailed hereafter:

R1. Just before the start of the winter, the months of April and May show the
highest total HNO3 columns (∼ 3 × 1016 molec.cm−2, R1 in Figure 1), and av-
erage temperatures (∼ 200 − 210 K). Temperatures are decreasing, but remain
above the PSCs formation threshold. Low sunlight, preventing photodissocia-
tion, along with the heterogeneous hydrolysis of N2O5, lead to high values of
HNO3 [Santee et al., 1999; Urban et al., 2009; de Zafra and Smyshlyaev , 2001].

R2. The period extending from June to September marks another regime (regime
R2) characterized by a strong decrease in HNO3 columns at the start of June,
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Figure 1. (a) Daily averaged HNO3 (solid lines) and temperatures (dashed lines) at equiv-

alent latitudes 70 − 90◦ S, for the years 2008 − 2017. The temperatures are taken at 50 hPa,

except for the green dotted line which represents the 2010 temperatures at 20 hPa. (b) HNO3

total columns versus temperatures (at 50 hPa) for the years 2008-2017. (c) HNO3 total columns

versus temperatures (at 50 hPa) for the 3 regimes (R1 - R3) depicted in (b) for the year 2010.

Also shown is a summary (S in panel c) depicting the position of the maximum number of obser-

vations as a function of date, for the years 2008 − 2017. The labels indicate the 15th of the month

(except for June-August which are grouped).
–4–



Confidential manuscript submitted to Geophysical Research Letters

due to the temperatures falling below 195 K. The IASI derived HNO3 column
values average below 2 × 1016 molec.cm−2 and temperatures range mostly be-
tween 180 and 190 K. This regime lasts until the end of September.

R3. The last regime starts when sunlight returns and the temperatures rise above
195 K from October. Despite the warmer air (leading to temperatures of up to
240 K around December), the HNO3 columns stay quite low at around 1.5 ×
1016 molec.cm−2, due most likely to the permanent denitrification linked to
PSCs sedimentation and to the photolysis of NO3 and HNO3 itself [Ronsmans
et al., 2018]. The HNO3 columns stay low until approximately February, where
they slowly start increasing, until reaching the April-May maximum.

The three identified regimes occur each year with, however, some interannual
variations. The summary (S.) in panel c of Figure 1 shows, for the years 2008 − 2017,
the evolution of the HNO3/temperature relationship across the different years. The
curves depict the position of the maximum observations on each day, according to a
moving average over 7 days (3 days before and after the day at hand). It clearly shows
the slow increase of HNO3 columns as the temperatures decrease (January to May),
the strong decrease in June, the stagnation in the low HNO3/low temperature area
throughout the winter, and the still low HNO3 columns in the spring, with the increas-
ing temperatures. The summary also illustrates the interannual variability particularly
during the summer and fall, and the strong consistency in the start of the decrease
each year (see right after May, to the left of the red vertical line). An animation of
Figures R1-R3 for an average over the ten years can be found in the Supplementary
material.

It should also be noted that this analysis is based on the temperatures at 50 hPa.
Other pressure levels were also tested (namely 30 and 70 hPa) to account for the fact
that PSCs form at various altitudes between 15 and 25 km [Höpfner et al., 2006; Wang
and Michelangeli , 2006; Höpfner et al., 2009]. The results (not shown here) exhibit
a similar general pattern at the three levels, but the bulk of the low HNO3 columns
was found between 180 and 185 K at 30 hPa, and at around 190 K at 70 hPa. This
suggests that PSCs will form at higher altitudes first, where the colder temperatures
are reached earlier.

4 Onset of HNO3 depletion and drop temperature detection

To go beyond this integrated view and identify the spatial and temporal vari-
ability of the denitrification, we exploit the daily time evolution of HNO3 during the
10 years of IASI with the temperatures at 50 hPa. Specifically, we have calculated the
second derivative of HNO3 with respect to time to identify a day - and through that,
a temperature - for the onset of the HNO3 strong decrease. The minimum of the sec-
ond derivative then corresponds to the maximum acceleration of the PSCs formation
process, i.e. the strongest rate of decrease in the HNO3 time series.

4.1 HNO3 vs temperature in PV time series

Figure 2 shows the second derivative of HNO3 (blue) and the temperature time
series (red). The horizontal red line shows the 195 K threshold. It should be noted
that the derivative is calculated based on a smoothed HNO3 time series, and that the
HNO3 and temperature time series are averaged in the areas of potential vorticity
smaller than -10×10-6 K.m2.kg-1.s-1, which encompasses the regions inside the inner
polar vortex. This explains that the time series are interrupted during the summer,
when the potential vorticity values do not reach such low levels. As a reference, the
full time series based on equivalent latitudes (from 70 to 90◦ S) are displayed in gray.
The strongest rate of decrease (i.e. the second derivative minimum) is found each year
between 4 and 23 days after the identified HNO3 maximum, with dates between the
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17th of May (2010, 2013 and 2017) and the 10th of June (2009). The corresponding
drop temperature (displayed in Figure 2) are between 190.56 K (2012) and 197.59 K
(2017), with an average for the ten years of 194 ± 2 K (1σ standard deviation).
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Figure 2. HNO3 total columns second derivative (blue, left y-axis), and tempera-

ture (red, right y-axis), in K, averaged in the areas of potential vorticity smaller than -

10 ×10−6 K.m2.kg−1.s−1. The red horizontal line corresponds to the 195 K temperature. The

vertical dashed lines and corresponding dates show the date at which the second derivative

reaches its minimum value. Also shown are the temperatures corresponding to the second deriva-

tive minima. In grey: complete temperatures time series in the 70 − 90◦ S eqlat band.

To illustrate the onset of the HNO3 decrease by latitude, we show in Figure 3 the
1◦ × 1◦ zonally averaged total HNO3 columns over 2008− 2017 with three isocontours
of potential vorticity (-10, -8 and -5×10-6 K.m2.kg-1.s-1) superimposed. The drop in
the retrieved columns each year is best seen at each latitude by the PV isocontour of
-10×10-6 K.m2.kg-1.s-1. The red vertical dashed lines in Figure 3 are the same as in
Figure 2; they clearly show the good correspondence between the drop days identified
thanks to the second derivative minima and the observed HNO3 depletion in zonally
averaged distributions.
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Figure 3. Zonally averaged distributions of (a) HNO3 total columns (in molec.cm-2) from

IASI and (b) temperatures at 50 hPa from ERA Interim (in K), averaged over the years

2008 − 2017. The latitude range is from 55 to 90◦south, and the isocontours are PVs of -5

(black), -8 (cyan) and -10 (blue) (in ×10-6 K.m2.kg-1.s-1). The vertical red dashed line corre-

sponds to the averaged second derivative minima found in Figure 2, in the area delimited by a

-10 ×10-6 K.m2.kg-1.s-1 PV contour. The pink line (cells) is the 195 K contour (cells at 195 K).

4.2 Global distribution of drop temperatures

To visualize the spatial variability of the denitrification temperatures inside the
vortex, we show in Figure 4 the distributions of the drop temperature taken at 50 hPa
of the HNO3 time series in individual 1◦ × 1◦ grid cells, per year, in the period
2008 − 2017. The minimum of the second derivative is thus identified for the time
series in each individual cell. Although the denitrification temperatures within the
-8 ×10-6 K.m2.kg-1.s-1 PV contour are shown, we will consider only the area within
the -10 ×10-6 K.m2.kg-1.s-1 PV contour (red line) for the discussion. The dates for
the onset of the HNO3 depletion in each of these individual cells (not shown here)
range between mid-May and early-July. The values for the temperatures, henceforth,
also vary significantly, with drop temperatures between ∼ 180 and ∼ 210 K. These
extremes should be taken with caution as we did not verify that the minimum of the
second derivative indeed corresponds to the HNO3 strong decrease (as was done for
the latitudinally averaged time series in Section 4.1). Also, the time series in indi-
vidual grid cells are inevitably noisier, which could also lead to some errors. Despite
this, it is interesting to note that there are some spatial patterns discernible with, for
most years, higher temperatures (above 195 K) for the HNO3 decrease recorded for
the northern and the north-eastern part of the vortex.
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Figure 4. Spatial distribution (1◦ × 1◦), in the Southern Hemisphere

(PV≤ −8× 10−6 K.m2.kg−1.s−1), of the temperature (K, at 50 hPa) at which the HNO3 to-

tal columns start dropping at the start of the winter, for the years 2008-2017. The red lines

depict the average −10×10-6 K.m2.kg-1.s-1 PV contour over the period 15.05-15.10 of each year,

in which the temperature ranges are calculated.

5 Discussion and conclusions

In this paper we have investigated the correlation patterns between stratospheric
temperatures and the HNO3 total columns retrieved from an exceptionally dense data
set of IASI observations in the polar regions of the Southern Hemisphere. We used
the daily averaged HNO3 total columns retrieved from the IASI measurements and
the daily averaged temperatures at 50 hPa taken from the ECMWF ERA Interim
Reanalysis over a full decade (2008−2017) to assess the variability in the moment and
temperature of the onset of the severe HNO3 depletion.

The first part of this work focused on identifying various regimes of HNO3-
temperature patterns along the annual cycle observed in the time series. Three main
recurrent HNO3-temperature regimes were identified. The first is at play during April
and May, where average temperatures and decreasing sunlight allow large amounts of
HNO3 to accumulate in the vortex. The second, observed from June until October,
starts with the decrease of temperatures, falling below 195 K values, which induces the
condensation of PSCs, their likely sedimentation, and hence a strong denitrification of
the stratosphere. The third regime covers a period from November until March of the
next year, when the nitric acid columns stay low despite the return of sunlight and
heat. Processes occurring on shorter time scales, which also show larger interannual
variability, have not been investigated here but obviously drive the observed time
evolution on top of these three regimes.
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From the time evolution, we extracted for each year a day and a corresponding
temperature at which the strong HNO3 depletion occurred. We found that the use
of the second derivative of the HNO3 column versus time was an excellent marker for
the start of the HNO3 condensation to PSCs. We have calculated an average drop
temperature over the ten years of 194± 2 K, reflecting some interannual variability (a
colder temperature was calculated for 2012 at 190.56 K, and a hotter value for 2017 at
197.59 K). We also looked at the 1◦ × 1◦ spatial distribution of the drop temperatures
in the southernmost latitudes, and found some consistent patterns from year to year,
especially higher drop temperatures in the northern and north-eastern parts of the
domain. While the analysis of the data set provided conclusive results in terms of
spatial and interannual variability of the HNO3-temperature couple, there are a few
issues that deserve attention.

The first point worth discussing is that of the temperatures data set itself. In-
deed, reanalysis data sets are known to feature sometimes large uncertainties, and
particularly, they do not always capture small-scale fluctuations due to the limited
spatial resolution, especially in the south polar regions. The uncertainties are however
reduced since several years, particularly thanks to the increasing coverage by satellite
instruments and to the use of global navigation satellite system (GNSS) radio occul-
tation (RO) [Schreiner et al., 2007; Wang and Lin, 2007; Lambert and Santee, 2018].
COSMIC is one of those high accuracy and global coverage data set, and its mea-
surements (namely the bending of angles or refractivity) are now ingested in most
reanalysis systems, among which the ERA Interim Reanalysis used in this work. Lam-
bert and Santee [2018] compared various reanalysis data sets (including ERA Interim)
with the COSMIC data, and found a small warm bias, with median differences be-
tween ERA and COSMIC around 0.5 K, and reaching 0− 0.25 K in the southernmost
regions of the globe, in the 68−21 hPa altitude region, where PSCs form. These small
differences do not change the main results of the paper, but it is important to keep in
mind, however, that a small bias may exist, particularly for wave-driven events where
comparisons of reanalysis data sets show larger differences.

And second, some studies suggest that the temperature history, also called the
Temperature Threshold Exposure (TTE), influences the nucleation of PCSs. The
TTE is defined as the total integrated time an air parcel is subject to synoptic-scale
temperatures below a given threshold, and is also used as a proxy for the time elapsed
since nucleation occurred [Lambert et al., 2012, 2016]. Various studies have suggested
that severe denitrification occurs only if the cold events have a long enough duration
[Larsen et al., 1997; Tabazadeh et al., 2001; Jensen et al., 2002], which, incidentally, is
also what opposes the Antarctic and the Arctic. The TTE effect has not been taken
into account here.

To our knowledge, this is the first time that such a large observational data set
of stratospheric HNO3 concentrations is exploited to reveal the correlation of HNO3

and temperatures. The IASI measurements will cover more than 15 years with three
successive instruments (IASI-A was launched in 2006 and is still operating, IASI-B in
2012, and IASI-C in 2018). With the help of longer time series, further work could
thus investigate the monthly and interannual variabilities that were mentioned here,
and make use of this unique data set to investigate the relation between HNO3, O3,
and meteorology in the changing climate.
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Höpfner, M., B. P. Luo, P. Massoli, F. Cairo, R. Spang, M. Snels, G. Di Donfrancesco,
G. Stiller, T. von Clarmann, H. Fischer, and U. Biermann (2006), Spectroscopic
evidence for NAT , STS , and ice in MIPAS infrared limb emission measurements
of polar stratospheric clouds, Atmospheric Chemistry and Physics, 6, 1201–1219,
doi:10.5194/acp-6-1201-2006.
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